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ABSTRACT

VOLCANIC ERUPTIONS AND CLIMATE
A MODEL AND DATA INTERCOMPARISON
FEBRUARY 2002
CASPAR M. AMMANN,
M.S.. UNIVERSITY OF BERN. SWITZERLAND
Ph.D.. UNIVERSITY OF MASSACHUSETTS AMHERST

Directed by: Professor Raviond S. Bradley

Explosive volcanism can release large amounts of particles and gases into the atmosphere. Sulfuric
acid «Jroplets in the lower stratosphere are the primary substance interacting with the radiative
fluxes over manyv months and possibly vears. Because of their sub-micron size. thev are more
efficient at scattering incoming shortwave radiation from the sun back into space than absorbing
and trapping longwave radiation from the earth. This results in a negative impact on the earth
energy halance causing a general cooling below the aerosol laver. The magnitude of the cooling
depends mostly on the amount of radiatively active aerosol particles as well as the duration of
the perturbation. The cooling signal is largest in the upper troposphere through feedbacks with
a slowed hydrologic cvele. At the surface, heat release. mostly from the oceans. can buffer some
of the cooling.

A combined approach using both observations, proxy data and a state-of-the-art coupled

General Circulation Mode!l (GCM) to analvze the volcanic effects on climate can help in our

viil



understanding of the possible range of responses. Here. the most recent large eruption of Mt.
Pinatubo {June 1991) was used to verify the implementation of the aerosol parameterization in
the radiation code of the GCM. From there. an analysis of the volcanic contribution since 1870
A.D. was performed. A simple way of describing the spatial aerosol distribution is presented. In
general. only a handful of eruptions were found large enough to significantly perturb the radiative
balance of the earth. These few events caused a global climate signal. which is clearly detectable
against the background noise of internal variability of the climate system. Next to the influence
of isolated events. model simulations confirm earlier suggestions that temporally closely spaced
large events can cause a further cooling in climate before the system can recover. Thus. explosive
volcanism must be regarded as an important plaver in decadal to multi-decadal natural climate
variations. In case of the 20**-Century. volcanic cooling in the last decades could have offset
any possible warming due to increased solar irradiation. The potential volcanic role in other
important time perious in the past must be studied. including the cooling in decades generally
solely attributed to the sun. Proxy records. in particular tree rings. point to a potentially large
role of explosive volcanism in the past.

Additionally to the radiative effects. increased atmospheric fiow at high latitudes. particularly
in winter. 15 the result of dynamical responses to changes in meridional temperature gradients in
the lower stratosphere through heating in the aerosol laver. This effect helps to orchestrate the
spatial distribution of the climate signal for several vears after the eruption. Currently. no clear
intluence on other internal modes of vanability, such as El Nifo. could be unanimously confirmed
in both observations, proxy reconstructions and the model simulations. But more work is needed.

as better proxv climate data for earlier large events get available.

ix
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Chapter 1

INTRODUCTION

1.1 Explosive volcanism - Hazard and Life line

Voleanic eruptions are somne of the most spectacular and powerful natural events on our pianet.
They range in size from the smallest eruption. which produced a little more than one cubic
meter of lava (accidently initiated during a hyvdrothermal drilling attempt Decker and Decker.
1991). to volumes of several thousand cubic kilometers of material for some of the largest events
known ( Rampino and Self. 1992). These events are generally concentrated along tectonic plate
houndaries (for example the Ring of Fire around the Pacific) and at a number of isolated places
over mantle plumes. so called hot spots, with Hawaii as its most famous example. Eruptions have
long captured the mnterest of man and their enormous power has been honored in many cultures.
Dangers and gains from volcanoes have balanced each other to the extent that the presence of
volcanoes does not prevent humans from settling. even in closest proximity to continuously active
volcanoes.

The spectacular exhibits of earthly power can come with a high price. The impact of big
eruptions can be very devastating. depending on the character of the eruption and on the distance

of humans and their property to the eruption itself. Pressure waves in the air (and extended in



D £ Total fatalities (n = 233,262)
3 Fatal events (n=274)

Percent

Hours Days Weeks "Months ' Years Decades

Time between eruption start and fatalities
Figure 1.1: Estimates of total number of fatalities directly associated with voleanic eruptions
and their distribution over time lightly shaded bars). The frequency of eruption events with

fatalities with thetr temporal distribution. Source: Simkan et al. (2001).

water bodies as tsunamis). pyroclastic tlows. volcanic bombs. ash falls (causing roof collapse).
mud Hows. and even gas emissions can be deadly in the immediate surroundings and. when
channeled tn vallevs. also at great distances. Lava tlows usually cause no fatalities. because they
move too sfowly, but can. on the other hand. cause large property damage and complete loss.
While the direct impact of violent volcanic eruptions on humans can be devastating. indirect
past-eruptive effects can be at least as damaging and the total number of fatalities long after
eruptions actuallv surpasses the ones sutfered from the immediate tmpact. Figure 1.1 from Sunkin
vt al. (2001) shows that only about 157 of total fatalities are caused in the first hours after an
eruption. Most deaths occur months and vears after a handful of big events. Most fatalities
are the result of famines caused by the destruction of fields through ash deposition. starvation
though loss of cattle or pollution of drinking water from volcanic deposits.

These numbers demonstrate the potential for volcanic effects to last bevond the eruption
itself. [f one would also include long distance etfects caused by climatic perturbations with
its related fatalities. the numbers would rise even higher. One such event occurred with the
eruption of Tambora in the vear 1315. It caused about 92.000 deaths ( Simhkin and Siebert. 1994)

in the vicinity of the eruption. most in the following vears through starvation on neighboring



islands where all crops were destroved by the falling ash. The eruption in 18135 was followed
by the so-called Year without ¢ Summer (Stommel and Stommel, 1933; Harington. 1992). whose
effects appeared most significantly in eastern North America and Western Europe. The climatic
perturbations in the vear 1316 caused the western world to suffer its "last great subsistence crisis”
{ Post. 1977). with large economic and political fluctuations lasting for several vears. While
some links can be implied. a clear cause and effect relationship is difficult to establish. Even
farther reaching interpretations are proposed by Keys (1999) for a volcanic event in the vear
336. Although there are good indications for a large volcanic eruption at that time. evidence for
the volcanically caused impacts with subsequent *domino-etfect’ like events continuing for several
centuries seems questionable. Other natural climate variations. such as strong El Nifo events. can
also cause contemporal perturbations around the globe ( Phuander. 1990. Fugan, 1999). [n any
case. these examples illustrate both the potential for significant impacts from volcanic eruptions
on climate and society and the problems for identifving a volcanic signal against other factors of
variability and the climate noise.

Volcanoes are not only destructive forces. Thev provide ample nutrients to generate very
fertile soils which are famous for providing the very best ground to grow coffee or grapes for
wine production. The vertical extension of volcanoes also cause a local increase in precipitation.
providing a more stable water resource. Volcanaces also play a crucial role in large scale building
and recveling of crustal material. Recent suggestions even see volcanoes as a potential source for
oxvgen in the early atmosphere (Aump et al.. 2001), and some suggest life might have originated
in hot volcanic vents (Holm. 1992). Heat from the earth interior is also used for geothermal
energy in a number of volcanically active regions such as [celand and [taly.

The focus of this study is the relation between large explosive eruptions and their impact on
climate. Due to short records. of both volcanic forcing and climate time series. the determina-
tion of a cause and effect relationship has been difficult. New reconstructions covering the last

millennium increase the number of large events and increase the signal to noise ratio.



1.2 Data overview

1.2.1 Volcanologic data

Explosive volcanism releases substantial amounts of ash and gases into the troposphere and
stratosphere ( Bluth et al.. 1993). In order to influence climate, these particles have to remain
aloft in large quantities for many months and vears ( Wigley. 1991). To describe these volcanic
perturbations, we are primarily concerned with small aerosol particles that were either directly
injected into the stratosphere or formed there out of the gas phase. Large particles on the
order of several microns (um) or more generally fall out of the atmosphere veryv quickly (Kasten.
1963). and only a small percentage of the large particles can get transported over long distances.
Although this mizht have been the case in some unusual events (see Chapter 6.3). the general
understanding is that such long distance transport and subsequent fall out of large particles long
after the eruption is not very common.

Measurements of aerosol by balloon- or airplane-based filtering reveals that small liquid par-
ticles represent the highest number concentrations in aerosol clouds (Junge et al.. 1961: Mossop.
1963. 196-1). In fact. this had already been suggested in the last century by the Krakatau Commit-
tee Symons (1388). Thev suggested that the main constituents of the stratospheric volcanic dust
after Krakatau might have been composed of “condensed gaseous products of the eruption (other
than water) such as sulphurous acid or hydrochloric acid™ (Symons. 1388, p. 443). Although
these small droplets also form the majority of particles in the background aerosol. their number
and size is strongly increased after large volcanic eruptions ({ Castlemnan et al.. 1971). They form
in the stratosphere from the gaseous volcanic emissions. primarily from SO, and HaS (Junge
et al.. 1961). This transformation usually takes up to a few months. extending the duration of
huildup of the aerosol cloud. The decay of SO2 gas forming new sulfuric acid aerosol is illustrated
in Figure 1.2 for the Pinatubo cloud. The e-folding time (time to decrease the concentration to

a value of 1 ¢} of SO» in the stratosphere is roughly one month ( Bluth et al.. 1992: Read et al..



1993: Grant et al.. 1996). The liquid aerosol on the other hand can stay around longer, decaying
with an e-folding time of about one year. Because these particles often undergo further changes
in size and particle concentrations { Hofmann and Rosen, 1984c: Russell et al.. 1993). the volcanic
forcing as the sum of all radiative perturbations is difficult to capture in an exact manner.

Given the various steps from the particle and gas injection to their removal over time, it is
the challenge of Chapter 2 and 3 to describe qualitatively and quantitatively the evolution of
the climate forcing from explosive volcanic eruptions, at least since the earliest measurements of
atmospheric transmission in the early 1880s. Additionally. some inferences about earlier eruptions
are presented.

Chapter 2 gives a description of the numerous direct and indirect data sources of volcanic
eruptions and introduces their strength and limitations. The goal is to document how well one
can reconstruct the volcanic forcing over time. as well as build some understanding on the data

sets” limitations.

1.2.2 Forcing Data

Global climate change experiments using various climate models are often run over the instru-
mental time period. from the middle or late 19*"-Century to present. While many of these
experiments focus on the increasing greenhouse gas composition of the atmosphere. the external
components of solar and volcanic forcing can contribute significantly to the climate variability
{ Baldwtn et al.. 1976: Gdliland and Schneuwder. 1981 Hansen and Lacis. 1990:. Rind and Overpeck.
1993: Lean and Rind. 1994: Mann et al.. 1998: Lean and Rind. 1999: Tett et al.. 1999: Crowley.
2000: Stott et al., 2001). Here. only the volcanic forcing is of concern. Chapter 3 addresses this
in two main sections. First. a new volcanic forcing data set that can be used in climate modeling
simulations from 1870 to present is developed. Building on the detailed information retrieved
from the recent eruption of Pinatubo. this data set includes the temporal and spatial evolution

of the volcanic aerosol clouds on monthly time steps using a simple seasonal parameterization
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Figure 1.2: Buildup and decay of the sulfuric aerosol cloud from Pinatubo. Top: SO, concen-
tration from different instruments and in-situ measurements after Read et al. (1993) showing a
peak SO» mass of 18-20 Tg (=Mt). Bottom: presents the buildup of the sulfate aerosol (H,SO;,
and HyO) mass in Tg (=Mt) from SAGE [I. with a peak mass of about 30 Tg in December 1991
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for transport. Second. one single archive - ice cores - is used to capture a record of explosive
volcanic eruption occurrences in the tropics over the last 600 vears. A new statistical technique
will be applied to investigate the long term fluctuations in the occurrences of the large events.
The conclusion will show that explosive volcanism is a non-stationary process in time and has

the potential to influence climate on multi-decadal time scales.

1.2.3 Impact signals in proxy data

Impact studies of volcanic eruptions on climate are usually thwarted by both the small number
of events for which data is available and large climate variability. New high resolution climate
reconstructions significantly extend the time frame for such studies and allow investigations of
an increased number of very large events in historic times. for which the signal to noise ratio is
better. Depending on the tvpe of reconstruction. different aspects of potential climate impacts
can be investigated. For the mterpretation of a signal. one has to remember the spatial and
temporal resolution, as well as representation of the proxy data. Chapter 1 will make use of
the global annual temperature reconstruction of Mann et al. (1998). which allows the study of
the climate impact of large events going back to the vear 1400. The twenty largest events are
chosen from ice core and other records and their impact is analvzed. The general cooling and
the pattern of the climate signals are compared with modes of natural climate variabilitv. Short

term effects and long term climate trends potentially influenced by the eruptions are discussed.

1.3 Modeling

More than 70 of the global surface is covered by oceans. for which high resolution climate
information is extremely difficult to find. This adds to the difficulties of identifving climate signals
from volcanic eruptions in instrumental and proxy time series. To circumvent this particular

problem and to study mechanisms of signal propagation in detail. coupled ocean-atmosphere



climate models can be used. With the models. the spatial extent of data is no longer a problem.
but the reliability of the representation of real world processes has to be evaluated. Since all
approaches carry their own advantages and disadvantages. a combined approach would seem
appropriate.

Therefore. a second approach to identifving the volcanic impact on climate. this study applies
a state-of-the-art general circulation model (GCMI). First. the voleanic aerosol physics are buiit
nto the radiation code. and the radiative forcing is evaluated. Second. the global climate response
15 studied for single and multiple events. The advantage of the climate model is to further enhance
signal to noise ratio by running ensembles (i.e. using the same forcing but starting from different
initial conditions). This allows us to isolate mechanisms of the climate response. be it in the
direct radiative budget or the dvnamic response to it in all parts of the svstem (atmosphere.
ocean. land surface and sea-ice}. Thev can be investigated in great detail in order to gain a more
complete view of the highly complex coupled earth svstem response. The climate model also
helps to put proxy data in a spatial perspective. At the same time. proxy data helps to test the
models ability to represent certain climate responses. although the problem of local effects and
random noise have to be taken into account. This leads to an iterative process. which is both
needed and problematic. The need comes from the lack of detailed knowledge of the forcing.
which can include total amount or duration of stratospheric aerasol. its compaosition. its size. its
transport. all aspects the climate model will respond more or less sensitive to. On the other hand.
the climate model also has the ability to identifv where something is missing in our knowledge
about a certain event. One particular event studied here (Krakatau) represents this case of cross-
evaluation. In general. the cross-evaluation is of advantage for all disciplines invoived. although

it can sometimes be hard to reach a clear consensus:
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Volcanoes. like the man in the fable.
can blow hot and blow cold with the same breath.
but that shall not provoke us to wrath.

(Humphreys, 1937}

Voleanic aerosol influence on climate has been modeled with almost all types of climate
models. ranging from simple energy balance codes to the most sophisticated 3-D coupled ocean-
atmosphere-sea ice General Circulation Models. Some models were used to study the transport
of the voleanic dust (Cadle et al.. 1976; Capone et al.. 1983. Borille et al.. 1991). others prescribe
the volcanic forcing as a reduction in net radiation {Crowley and Kim. 1999. Andronova and
Schlesinger. 2000). Since the actual forcing is dependent on the aerosol mass, its composition and
size. as well as the underlving albedo. comprehensive solutions including two stream radiative
transfer computations (one downward and one upward) with multiple scattering (allowing for
direct beam and ditfuse light treatment) and absorption will lead to the most accurate treatment
of the direct etfects | Bohren and Huffman, 19383). More difficult to evaluate are indirect effects
which include the intluence on stratospheric chemistry such as ozone ( Hofmann, 1989: Fahey et al..
1993: Turco et al.. 1993: Solomon et al.. 1996: Solomon, 1999) and the influence on tropospheric
cloud formation cloud droplet - ice crvstal properties  Humphreys. 1940: Wezler. 1956: Jensen and
Toon. 1992 Sassen. 1992; Minmis et al.. 1993). A nice summary of manyv applications can be

found in Kondratyer and Galindo (1997).

1.3.1 Implementation

For this study. the phvsics of volcanic aerosol influence on the solar and terrestrial radiation were
implemented in the National Center for Atmospheric Research - Climate Syvstem Model (NCAR-
CSM). a state-of-the-art General Circulation Model. This allows the detailed study of what

parameters of volcanic aerosols play important roles in influencing the global radiation budget



and climate. Chapter 5 describes in detail how the aerusol is treated in the climate model. what
assumptions are used for its representation of the real world conditions and what limitations need
to be kept in mind. Using the detailed knowledge of the aerosol produced by the 1991 eruption of
Mount Pinatubo. the implementation is tested in a stand-alone version of the atmospheric GCM.
The model is forced by a prescribed aerosol mass distribution in the stratosphere and observed
sea surface temperatures over the oceans. Large emphasis is put on the radiative effects. which
15 at the core of the volcanic impact. Comparisons with observations will be used to evaluate the
success of the simulation.

In order to use the clunate model for eruptions prior to the period with detailed instrument
meastrements. a simplification of the aerosol characteristics 15 evaluated that should allow a gen-
eralized treatment swtable for all large explosive eruptions in the past. The primary parameter
should be one that can be reconstructed from proxy archives. such as the sulfate mass from ice
cores. Again, the radiative impact and subsequently. the climate perturbation are analyzed and
compared with observations. Results show that for the Pinatubo event. a replacement of the
detatled aerosol information with a simplified aerosol does not significantly change the impact.

and hence. the method can be used in applications of other past eruptions.

1.3.2 Volcanic Impact during the 20**-Century

This conclusion is then put to the test in Chapter 6. where the 20'®-Century volcanic impact is
wvestigated. The forcing data (column integrated visible optical depth) described in Chapter
3.5 is used with the simplified aerosol characteristics. The GCM. now coupled to a dyvnamic
ocean and sea ice model. is run keeping everv other parameter constant at 1870 atmospheric
conditions. The impact of the large explosive volcanic eruptions is described and analvzed for
short and long term influences as compared to the control experiment with no volcanic influence.
The climate impact from the Krakatau eruption is further analvzed in more detail and some

general assumptions of the volcanic forcing implementation are evaluated and discussed.
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1.4 Challenges

Despite a major improvement in measurement techniques and spatial coverage. fundamental un-
certainties on general aerosol characteristics and their influence on the giobal radiative balance
persist. This 1s not only true for the troposphere (Charlson et al.. 1992: Hansen et al.. 2000).
but also for the stratosphere (Russell et al.. 1996). This problem is even more significant when
eruptions prior to the beginning of the satellite period in 1979 are analyzed. The tinal Chapter
T retterates the main aspects of the proxy data and model simulations by evaluating the repre-
sentation and confidence in each. The fundamental assumptions are also revisited and successful
and less successful aspects of the simulations and our present knowledge about the impact of
volcanic eruptions on climate are put against each other. Since only the direct forcing is included
in the simulations, a brief discussion of possible indirect effects are also presented. Then. the
contribution of voleanic aerosol in a GCMs simulation of short term and long term climate thuc-
tuations over the recent past is discussed. Both single events and changes in temporal spacing
between eruptions are found to be of importance for the real world climate. despite remaiming
limitations i our knowledge of the forcing and climate response.

Finally. a crucial property of the climate svstem. be it in the real world or in models. is
discussed: the climate sensitivity. The question of what the large. but short lived. forcing and
subsequent climate response from volcanic eruptions can tell us about the speed and magnitude
of adjustments in the climate svstem 1s of high interest for a number of reasons. First. the climate
models ability to represent past climates with vears and decades of large climate variations bevond
the background variations of the models internal climate variabilitv. This aspect cannot be
evaluated in a absolute sense. since the climate variations in the real world are only approximated
by the reconstructions. often using proxies that are calibrated during the instrumental period.
Both magnitude and spatial patterns of the climate response to the same forcing can change over

time. a limitation that is suill calling for caution in the interpretation of causes and effects of
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past climates. Second. the climate sensitivity is important for the discussion and evaluation of
global warming. as it will determine how fast and how strong the response to increased COa is
zoing to he. [f there is such a property as the climate sensitivity. which as a general property
would be unchanged over time. then a more accurate estimate of the future warming given an
atmospheric forcing from greenhouse gases could be achieved. This would also imply that given

global changes in the past. the forcing to reach these states could be estimated.
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Chapter 2

RECORDS OF VOLCANIC

FORCING

2.1 Overview

Explosive volcanism releases large amounts of ash and gases into the atmosphere. Today. there
are several wavs to measure the mass and chemical composition. as well as the horizontal and
the vertical location of these clouds remotely from the ground. from space. or directly in the air.
Atutomatic observation platforms on satellites, together with volcanologic monitoring installations
on and around selected volcanoes. are able to identifv large activity and can immediately register
perturbations in the atmosphere. Despite these available tools. only 20 vears ago. just prior to the
large eruption of El Chichdn. these systems were initially not capable of identifving the source of
an aerosol cloud that showed up unexpectedly | DeLuzst et al.. 1983: Evans and Rerr. 1933). Only
after reanalvsis of satellite data. the so-called "Mystery Cloud™ was later linked to an eruption
of Nvamuragira in East Africa ( Arueger et al.. 1993). In the past. much stronger ‘mysterious

hazes™ have been reported repeatedly. but the link to volcanoes was probably done only in the
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late 18*P-Century. and instrumental data to directly analvze the volcanic forcing only starts in
the late 19*"-Century. Indirect techniques have to be applied for the earlier times. It is the task
of this section to give an overview of the sources of direct and indirect information can be used
for the reconstruction of past volcanic perturbations of the atmosphere. The brief description is
organized to cover the data sources from today’s most sophisticated satellite techniques backwards
in time to early documentary data and indirect proxy archives. Different techniques or proxy
records are shown to passess both advantages and disadvantages (see also Bradley. 1988: Brudley

end Jones, 1993b). A successful reconstruction will have to combine as many archives as possible.

2.1.1 Background aerosol: Junge layer

Before discussing volcanic aerosal, a short note on background aerosol in the lower stratosphere is
needed. [n situ measurements of atmospheric particles from balloons in the late 1950s led to the
discovery of a laver with. at that time. surprisingly high numbers of very small (i.e. < G.1um).
mostly liquid particles with a dominantly sulfuric composition ( Junge et al.. 1961). They tend to
occur in a relatuively limited laver above the tropopause. later called the Junge Laver. Because no
large volcanic eruption preceded these observations. the particles in this laver were regarded as a
background aerosol. primarily fed by sulfur uxes from the troposphere ( Crutzen. 1976. Charlson
et al., 1987 Andreae and Crutzen, 1997). The particle concentration in the Junge Laver can vary
over time. with explosive volcanism having the most effective impact on it over short time scales.
The aerosol burden in the .Junge laver can quickly change by a factor of 10 and more. Between
1979 and 1992 it changed twice by a factor of at least 30 (McCormick and Veiga. 1992). Only
few vears are recognized to represent true background’ conditions: the measurement period of
Junge et al. (1961} '1959-60° and pre-El Chichon times '1978-79] ( Hofmann and Rosen. 1981).
Because of the verv short timeseries of observational evidence. it is currently unclear if major
long term Huctuations other than the volcanically generated ones exist. If this were the case.

small to modest modifications of the radiative budget of the earth would be possible.
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2.1.2 Direct versus indirect forcing

The sum of perturbations to the solar {incoming) and thermal (outgoing) radiative budget due
to volcanic ejecta form the volcanic forcing. The more accurate one can capture the changes
throughout the spectrum. the better one can describe the forcing. In this Chapter. emphasis will
only be given to this direct forcing. The indirect radiative effect. which primarily includes impact
on stratospheric chemistry and changes in cloud characteristics in the upper troposphere. is very
complex and only poorly understood. While the indirect effect could modify the volcanic forcing.
due to the much lower humidity it is not likely to carry the same weight in the stratosphere as
was recently presented for the troposphere ( Charlson et al.. 1992: Riehl et al.. 2000: Satheesh

and Ramanathan. 2000). For a brief discussion on cloud {eedback. see Chapter 7 1.2.

2.1.3 Optical depth

A common quantity describing the aerosol perturbation of the atmosphere is the aerosol optical
depth. It is usually given at one or several selected wavelengths. The optical depth. or r.
describes the integrated change in energy transmission (extinction. =) through an incremental

atmospheric laver (dz):

n:/ a\dz (2.1)
<
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where c0s©.dS,, is the incremental distance along the solar beam. dS,. scaled by the cosine of
the solar zenith angle. ©,. Due to changing interactions (in form of scattering and absorption)
of aerosol with different wavelengths. the optical depth is dependent on the wavelength A. Given
an aerosol size distribution. shape and composition. the optical depth can be regarded as a mass-
scaled extinction over a certain path. or is often integrated throughout the atmospheric column.

Under the assumption that the aerosol size distribution is the same after different eruptions.



the optical depth at different times can be inferred from the aerosol mass (and vice versa. But
without knowledge of the aerosol properties. the optical depth at one specific narrow wavelength
is not enough for solar or infrared energy budget calculations. since the wavelength-dependent
extinction varies widely for different aerosol sizes. It will be shown below that once a specific
aerosol size distribution and composition are selected. all the optical properties can be evaluated.
For homogeneous distributions of spherical particles. the Mie approximation can be used to
determine all parameters needed.

Often. optical depth is referred to as optical depth in the visible band. The human eve is
sensitive to energy in the wavelengths from 0.38 to 0.75 pm (visible spectrum). which is generally
approximated by 0.5 pm. This will be the wavelength of choice in the following chapters. when
aerosol optical depth 15 prescribed for the climate model. Perturbations in this wavelength
from ground based or space borne instruments can be compared with visual observations of
atmospheric hazes. sunsets. etc.. at least in a qualitative wav. One needs to keep in mind.
however, that the optical depth at visible wavelength is interchangeable with = at any other
wavelength. as long as there is an aerosol zeometry and composition selected. Satellite sensors
often measure at multiple wavelengths. manyv of which very ditferent from 0.5 um. Therefore.

direct comparisons of the values of = cannot be doune easily.

2.2 Instrumental Records of Volcanic Aerosol

2.2.1 Satellite Data

Currently. a series of satellites with a host of different sensors are in earth orbit constantly
monitoring composition. transmission and temperature of the atmosphere (see Kidder and Von-
der Huar. 1995: Harrres. 1995). For detecting volcanic aerosol in the atmospheric column. two
different strategies are used. First. there are the limb scanners. These devices measure the dimin-

ishing light (occultation) as the sun {and moon for SAGE III) rises or sets behind the earth. With
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this technique. vertical cross-sections through most of the atmosphere can be retrieved. Type.
concentration and altitude of particles and gases can then be computed using specific algorithms
based on known optical properties or assumed size distributions for the specific electromagnetic
bands covered by the instruments. Some of the retrievals can turn out to be very sensitive to
underlying assumptions such as aerosol size. which can bias the results. Common error estimates
are around -/- 30% (Arueger et al.. 1995).

The second commonly used technique measures reflection and scattering characteristics and
monitors certain absorption and emission bands of specific gases below the satellite’s path (so
called nadir observation). Because this scanning technique can measure large areas. they can
he used to track spreading clouds in much detail. The large spatial coverage is a big advantage
for early recognition and monitoring of volcanic gas and particles immediately after an eruption
and therefore also widely used by air tratfic controllers to divert air planes. Several instruments
can measure sulfur dioxide. the climatically most important gas of volcanic origin ( Pollack et al..
1976: Rampino and Self. 193-) since it is one of the major sources for the formation of sulfuric
acid after injection into the stratosphere ( Castlernan et al., 1974 Barth et al.. 1983). The initial
mass of injected SO, gas can give a good estimate on how much sulfuric acid droplets can be
expected during the next months and vears (see Figure 1.2). As mentioned above. it is important
to measure the emissions early after the eruption. because SO, starts to diminish relatively
quickly as the result of reactions with OH and H.O ( Robock. 2000). Because the sensors measure
the integrated signal throughout the atmospheric column. there is no direct vertical resolution

possible.

Stratospheric Aerosol and Gas Experiment (SAGE) : Figure 2.1 shows the compiled
stratospheric sulfate optical depth at lum from the two limb-scanning instruments SAM [I { Mc-
Cormuck et al.. 1979. 1981) and SAGE II ( Patrick and Wang. 1987: McCormick and Veiga, 1992;

Rind and Liao. 1997) for the period of 1979 to 1997. While SAM [I. on-board of Nimbus-7. is ob-
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serving the earth in a sun-synchronous orbit and therefore covers only the polar areas (6-1°-80°N
and S). SAGE [I was put on-board of ERBS (see below). covering the low and mid-latitudes, to
complement the geographic pattern of SAM [I (McCormick et al.. 1979. 1993). Two especially
large volcanic eruptions occurred in this time: El Chichén in March and April 1982 and Pinatubo
in June 1991. Sulfuric acid formation resulting from the eruptions can be readily recognized by
strongly rising optical depth. Unfortunately. the sensors of SAM II were too sensitive to the
strong aerosol injection from El Chichén. This deficiency in capturing large volcanic perturba-
tions was fixed in SAGE Il. so that the even larger Pinatubo cloud could be measured more
accurately in 1991. The data collected by SAM and SAGE satellites is published in Rind and
Liao (1997).

With the launch of SAGE III instrumentation in 2001, a significant further development
will help capture the aerosol and gaseous species (e.g.. Oy, water vapor) more readily. Eight
different bands will be available for the aerosol retrieval. This will allow much more detailed
spectral studies of the aerosol attenuation and will therefore reveal many more details regarding

the particles’ properties (size, shape. concentration. composition).

Earth Radiation Budget Experiment (ERBE) : Next to measurements directed towards
the particle concentrations and mass in the atmosphere. energy budget instrumentation can
evaluate the overall effect of the perturbation. The ERBE on board the Earth Radiation Budget
Satellite (ERBS) offered an excellent way to verify the aerosol measurements during the Pinatubo
aerosol perturbation (Minnis et al.. 1993). ERBE measured shortwave reflection integrated over
a band of 0.2 - 5.0 pm (short wave length. SW) and total outgoing radiation from 0.2 - 50.0 um
{long wave length. LW). It showed that the increased SW reflection dominated over decreased
outgoing LW radiation. especially in areas with low underlying albedo. This caused the earth

system to lose energy and cool.
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Figure 2.1: Column optical depth at 1 um. compiled from SAM II. SAGE I and SAGE II
( Thomason et al.. 1997). data published in (Rind and Liao. 1997). The black area is caused by
failure of SAGE I. unfortunately just prior to the El Chichdén perturbation. Data resumes in the
low latitudes in October 1984 with SAGE II. Not indicated are saturation effects that happened
to during the El Chichdn and. to a lesser degree. also for Pinatubo (see Thomason et al.. 1997).

Times and latitudes of significant volcanic eruptions are indicated by symbols.
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2.2.2 Lidar

Lidar (standing for light detection and ranging). a combination of laser and radar makes use of
the reflective characteristics of aerosols detected by laser pulsing at very specific wavelengths.
The Lidar instruments measure the time delay of backscatter and its strength to compute the
altitude of the reflector and its properties above a specific location.

From a number of long surface observation series. one can infer the spread of aerosol after a
large eruption. Lidar not only records the timing of aerosol spread over a certain location. but it
also captures the temporal evolution of laver altitude and a list of aerosol characteristics (DeLuist
et al., 1983; Thomas et al.. 1983b: Reuter et al.. 1983: Jdger et al.. 1931, 1991: Clemesha and
Simonich, 1954). Figure 2.2 shows the backscattering profiles during the El Chichén perturbation
with the inferred visible optical depth from Jiger et ol (1934). The ratio of extinction-to-
backscattering can be used to infer absorption protiles in the atmosphere ( Bohren and Huffrman,
1983). Brock et al. (1993) show a comparison of lidar with tn situ measurements from aircraft
demonstrating that lidar backscatter 15 a good predictor for aerosol volume and mass. whereas
satellite extinction measurements in the visible and near-infrared (NIR) can capture the aerosol
surface area very well.

Lidar measurements. like all remotely sensed data. suffer from a number of uncertainties in
underlving assumptions (see Bohren and Huffman. 1933, p. 412-413). For example. the aerosol
size distribution-dependent reflection can be ditficult to disentangle from concentration changes
(Hofmann et al.. 1983). Through combinations of ditferent wavelengths. the problems can be
reduced to estimate physical properties. Under idealized conditions. the lidars can provide very
accurate results and allow for 2-lh measurements since they are not dependent on the sun. Long-
term series are available at different locations (e.g. Mauna Loa. Hofmann and Rosen. 1982:

Hofmann et al.. 1983: Dutton and Bodhaine. 2001. see also Figure 2.3).
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Figure 2.2: Top: Lidar profiles from Garmisch-Partenkirchen (Germany) during the El Chichén
volcanic disturbance where elevated scattering clearly picks up sharp or massive aerosol layers.
Note the changing scale between the different plots. Bottom: Plot of the inferred optical depth

at mid-visible wavelength {0.5 pum) (Jager et al.. 1934).



Apparent [ransinission

Figure 2.3: Atmospheric Transmission at Hawaii since early 1933 with a relatively small per-
turbation after Agung (1963) as only little mass was dispersed in the northern hemisphere. but
much larger clouds are detected after the eruptions of El Chichdn (direct ash cloud drifted aver

Hawaii!) and Pinatubo in 1991 (Robock. 2000).

2.2.3 Balloon- and Airplane-borne techniques

The best way of capturing aerosol properties is through in situ measurements from balloons
or airplanes. Bohren and Huffman (1983. p. 439-440) describe techniques used to measure
the critical values of backscattering with nephelometers and photo-acoustical measurements of
absorption.

Another method is to actually sample the aerosol by collecting the particles. instead of using
remote techniques. After large volcanic eruptions. filters and impact samplers captured large
numbers of fluid particles (primarily sulfuric acids) in addition to the expected ash (Mossop.
1963. 1964). Rosen (1971). in an ingenious experiment. derived the concentrations of sulfate
in water by heating the aerosol at the intake and comparing the temperatures of the boiling
aerosol with the empirically calculated boiling points for different concentrations of sulfuric acid
concentrations in water. He found that the aerosol was 75 wgt% sulfuric acid (H,SO,) and 25%

water. This concentration also seemed to occur at other times and is now generally assumed to
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be characteristic of all eruptions ( Toon and Pollack. 1973: Castleman et al.. 1971: Hofmann and
Rosen. 1984b: Self et al.. 1997a).

The evolution of the El Chichdén cloud has been analvzed with in situ techniques. and the
aerosol concentration and size variations have been shown in space (both vertically and hori-
zontally) and time (McCormuck et al.. 1983. Hofmann and Rosen. 1984a.c). although the spatial
representation is loaded with uncertainties. Aerosol clouds. at least initially. spread in large elon-
sated laminae instead of nicely diffusively mixed clouds. This can cause very large noise when
sampling the aerosol during a Hight. Later. the aerosol tends to be more evenly distributed.
Particle counters and samplers were also applied to the Pinatubo cloud (Deshler et al.. 1997:
Pueschel and Kinne. 1993; Goodman et al.. 199) confirming remotely estimated chemical com-
position and size distributions. Figure 2.1 shows the evolution of the stratospheric aerosol size
distribution as measured from an airplane with wire-impactors { Goodman et al.. 1991). [nitially,
only pre- volcanic aerosols of a sinall size tabout U.08 um) were found. After the June 16 eruption
of Pinatubo. slowly a larger mode {> 0.1 um) developed. This large mode accounted for around
30-40% of the total aerosol particles. but in terms of mass concentration the volcanic aerosol
caused an increase of one to two orders of magnitudes (from initial vaiues of about 0.03 yg/m?).
This bimodal size distribution dominated for more than two vears. until the volcanic large mode

disappeared.

2.2.4 Solar Radiometers and Pyrheliometers

A good source of data that reaches back into the past century is pvrheliometer measurements.
The first long time series started around 1382 with observations in Montpelier. France and Berlin.
Germany (Stothers. 1996b. and references therein). The French series is more widely in used.
due to its better quality. The original goal of these instruments was to capture changes in the
solar constant. not necessarily atmospheric particles. But verv quickly. strong perturbations of

the direct solar beam were recognized as having been caused by volcanoes (e.g.. Abbot. 1902).
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Figure 2.1: Aerosol size distribution from pre- to post-Pinatubo conditions from western North
America. The growth of a large aerosol mode is clearly visible and continues into 1993 ( Goodman

et al.. 1994).



By the beginning of the 20°®-Century. the first multi-spectral { spectrobolometric’) measure-
ments were performed. allowing a look into the optical properties of the volcanic aerosol ( Abbot.
1903: Abbot et al.. 1922: Rimball. 1924: Ralitin, 1926: Abbot et al.. 1932 Kalitin. 1938: 1ol
1973a: Stothers, 1997). Figure 2.5 shows the different atmospheric transmissions for 10 different
wavelengths measured at Mount Wilson. California. during the strong perturbation from the
1912 Katmai-Novarupta eruption in Alaska. A particle perturbs the solar beam differently in
each wavelength. The ratio of scattering efficiency (in Figure 2.5 the perturbation to normal
transnussion) between different wavelength can be used to compute the size distribution. This
can be done using an assumption about the particles’ composition (through refractive indices,
here sulfuric acid in water solution is assumed) and tvpe (liquid sphere) ( Stothers. 1997. p. 61.16).
The measured scattering efficiency is then solely a function of the size parameter as shown by
Hansen and Traves (1974). From these data Stothers (1997) concluded that the average size
distribution stared around 0.3 gm for at least two vears. This is a slightly ditferent behavior of
the size distribution compared to Pinatubo. where the sizes grew to 0.5 um and decaved later.

Long time series. up to the present day. allow for analvsis of the evolution of transmission at
a particular place. although careful correction of daily and seasonal cycles have to be performed.
In addition. changing humidity and anthropogenic aerosols can perturb the picture. Examples
of such series can be found in Rimball (1924). Hand (1937). Pueschel et al. (1972). Hoyt (1979),

Dutton and Delust 1983). Dutton and Bodhaine 12001) and others.

2.2.5 Sky polarization

Skyv polarization is very sensitive to perturbations by volcanic particles { Vol 1969). A linear
relationship between the amount of decrease of the sky polarization and optical depth values over
the mid-latitudes after the Krakatau eruption was recorded by Cornu (1883) and is described in

more detatl in Stothers (1996b)
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2.2.6 Lunar eclipse and stellar luminosity Observations

Although initiallv perhaps less intuitive. lunar eclipse observations. nonetheless. can provide reli-
able information regarding the global stratospheric loading of volcanic aerosol. R'een (1933. 1997)
demonstrated that, for the interval 1960 to present. accurate measurements of the brightness of
the eclipsed moon could be linked to the global optical depth as the solar radiation is refracted
in the atmosphere into the earth shadow. but gets perturbed by the aerosol. This had already
been proposed by (RAepler. 1604, p. 267-284). Detailed astronomical observations of the lunar
brightness has been shown to be related to the global aerosol optical depth ( Matsushima et al..
1966 Aeen. 1983. 1997). and is presented for the last 40 vears in Figure 2.6. Since lunar eclipses
are well documented. Fisher (1921) listed a number of these in relation to volcanic eruptions.
covering the late 19th and early 20**-Century. including dark eclipses after Krakatau. [883. Since
about 1963. the 5 point Danjon Scale (a former Director of the Paris Observatory) measuring
the amount of detail visible on the lunar disk with different sized telescopes (which turns out to
be closely linked with the brightness of the moon) has been applied to observations from around
the world. The results are commonly published in the Magazine Sky and Telescope. so that a
continuous update will be available.

Since lunar eclipse events are rather unusual. lunar brightness anomalies have a good chance
of being recorded in old diaries or logs. This is even particularly true when the moon almost
disappears. as after large eruptions. A short list of particularly dark lunar eclipses is provided by
Hedervar: (1980) and Leink (1961) : 1601, 1620. 1761 and 1816. The first can clearly be attributed
to the large eruption of Huavnaputina. Peru in 1600 (de Suva and Zielinskz. 1998). and the 1761
dark moon might have been caused by an eruption of Michoacan. Mexico in late November
of 1739 and, or Makian. Indonesia in September 1760. The source of the 1620 perturbation is
unknown. Although ice cores (see below) actually pick up a volcanic spike in 1619 in Greenland

and in Antarctica. suggesting a large tropical eruption. the lunar eclipse in December 1619 was
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Figure 2.6: Global optical depth derived from the brightness of lunar eclipses ( Aeen. 1997)

reported as rather undisturbed (Link. 1961). The 1316 disappearance of the moon during the
eclipse of June 10th can easily be attributed to the large eruption of Tambora in 1815, But there
are also ‘negative’ results: the eclipse of 1783 was apparently not disturbed at all. despite the
large aerosol mass ejected by the Laki eruption in [celand. This could be explained by the large
tropospheric and not stratospheric portion of the aerosol cloud (Link. 1961). One should also
verify the path of the moon. which can favor perturbations in specific hemispheres.

Another technique is to directly measure the brightness of the stars. Lockwood and Thompson
11936) show stellar extinction for the periods after Agung (1963) and El Chichén (19832) in good

agreement with other techniques.

2.2.7 Combined Indices

Compilations of data sets of measured or instrumentally-derived atmospheric optical depth are
presented by Suto et al (1993) and Stothers (1996b. 2001). A short summary is given here as

they are a good basis for the derivation of a forcing data set for modeling purposes.



Sato et al. 1993 : Most widely used is the data set by Sato et al. (1993). They provide visible
optical depth in a monthly resolution for ditferent latitudinal bands from 1850 to 1990 (and up-
dated to present: data available from GISS web page http://www. giss.nasa.gov/data/strataer/).
Due to inhomogeneous source data over the whole time period. they separate the sequence into
1 periods.

The first. from 1350 to 1882, is not vet based on instrumental data. but is extrapolated
from the relationship of derived optical depth during the subsequent instrumental period (1882
onwards) to the erupted volumes estimated in Mitchell (1970). Only a small number of eruptions
are documented as important in this time interval. The largest is attributed to Cotopaxi. Ecuador
in 1835-1856. although no modern records (see below: VEI and [VI) confirm this event. The dust
veil reported in Lamb is probably from two rather large eruptions in far East Asia: Chikurachki.
Kurile Islands (1833) and Sheveluch. Kamchatka (1854). both carrv a VEI of 5 (Stmkin and
Siwebert, 199.1).

The second period of Sato et al. (1883-1959) includes the increasing record from pyrhelio-
metric measurements with more reliable data since 1882, Although measurements in Arequipa.
Peru. started already in 1912 ( Volz. 1973a). the data are very discontinuous and difficult to use.
Starting in 1920. the first good quality Southern Hemisphere station data are available for Mt.
Montezuma. Chile. allowing for an extended spatial coverage. Previously. global extrapolations
were done from the few series in the northern hemisphere. Especially for Krakatau the direct
time series from the measurements at {4{°N are used all over the globe (see Figure 3.3). The
information about the 1895 Thompson I[sland eruption is not as stated in Sato et al. from Dyer
{197-1). but originally from Lamb (1967). where it is derived from temperatures at Punta Arenas
alone. Since there is neither optical nor any ice core evidence (see below for description of ice
core proxies) for this eruption. it seems rather uncertain.

The period 1960-1978 is then based mainly on extinction measurements from Dyer and Hicks

{1968) and lunar eclipse data (A'een. 1983). The dominant eruption is clearly the relatively small.
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but verv sulfur rich eruption of Agung in 1963 ( Rampino and Self. 1982). Sato et al. (1993) use
the data provided by Dyer and Hicks {1968). although the eruption signal exhibits a rather
unusual double peak. with actually largest optical depth in 1964. In the original publication.
Dyer and Hicks (19638) comment on this strange phenomenon and attribute it to the very limited
data in the tropics. No other single eruption is known to exhibit a double peak like this. Provided
that no unknown eruption augmented the aerosol cloud. a more smoothed buildup and decay is
more probable. The remainder of the 1960s is characterized by small but continuous loading.
The main contributions probabiy resulted from Taal {1963). Awu (1966) and Fernandina (1968}
with a remarkable caldera collapse very much in the styvle of Krakatau (Simkin and Howard.
1970). During the 1970s. the atmospheric perturbations originated mainly from Fuego (1974).
as derived from Aeen (1983).

Finallv. the satellite period from 1979-1990 (later updated to present) contains excellent
spatial and temporal coverage on a near global basis from SAM and SAGE instruments (see
abovei, filled in with lidar and airplane-borne instruments. The limitation of these data is given
by the saturation problems of the sensors by the strong perturbations from El Chichon (1932) and
Pinatubo (1991). The values in Sato are calculated down to a level of 2 km above the tropopause
and might therefore be closer to minimum optical perturbations rather than maximum. See also

Stenchikeor et al. (1998) and Andronova et al. (1999).

Stothers 1996b - The second period of Sato et al. {1993) (1883-1939) has been reevaluated
in more detail by Stothers (1996b). Re-calibrating and comparing different data sources. the
Stothers optical depth values exhibit significantly higher peak optical depth than the ones pre-
sented in Sato et al. (1993). Cross evaluation with sulfate mass from ice cores or in situ mea-
surements was favorable. Additionally. the values are very homogeneous through time. Again. a
good example for the differences can be seen for the Krakatau (1883) aerosol cloud (Figure 3.5).

In a recent paper Stothers i2001) reevaluated also the pre-satellite time period from 1961
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to 1978. While qualitatively confirming the Sato et al. (1993) perturbations. he updated the
temporal evolution of Agung significantly since Dyer and Hicks (1968). Yet. as in Sato. the
Agung eruption is extraordinary in the way that the Southern Hemisphere saw about 4 times
more aerosol optical depth than the Northern Hemisphere. Another change concerns the larger
relative size of the well documented Fuego eruption (1974) (Murrow et al.. 1980: Hofmann and
Rosen. 1977, 1980: Volz, 1973b: Mewnel and Memnel. 1975: Grus and Laby. 1979: Cadle et al.. 1976:
Sedlacek et al.. 1933) compared with the eruption of Fernandina ( Simkin et al.. 1981; Keen, 1983).

Sato et al. (1993) and Stothers (1996b. 2001) are probably the most comprehensive data sets
making use of available data. Major changes in the type and quality of the input data used
by Sato et al. (1993) potentially introduce an artificial multi-decadal variation. This problem is
already significantly reduced in Stothers (1996b. 2001). but limitations in the spatial coverage
remain. To circumvent these issues of incoherent data coverage and to introduce the seasonal

cvele. a simple model will be suggested below {see Chapter 3.3).
p 28 p

2.3 Documentary Data

Documentary data of volcanic aerosol clouds come in many forms. Some of earliest documents
are discussed in Stothers and Rampino (1983). Stothers (1984b). Rampino et al. (1983) and Self
and Rampino 11983). Of course. the most obvious sources are reports of the eruptions themselves.
of complete darkness and of long-lasting strange drv hazes high up in the atmosphere (Lamb.
1970 Stothers. 1934b). More difficult to interpret are reports of colored sunsets. although the
significant increase of such reports following large eruptions is well known (Symons. 1388; Volz.

1968: Lamb. 1970). Here. a few examples are presented to illustrate these data sources.
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2.3.1 Times of Darkness

I[n the immediate vicinity of verv large volcanic eruptions. it is a common observation that the
sunlight is completely blocked. In fact. the larger the erupted mass. the larger the area that can
encounter complete darkness over several days. Reports from Indonesia after the large Tambora
eruption range from 19 to 72 hours of complete darkness { Veumann van Padang. 1971. cited in
Blong. 1932). Figure 2.7 depicts the spreading ash cloud of Pinatubo in June 1991. Below the
cloud. the sunlight was completely blocked. and ash rain caused tremendous damage. Because of
the very strong impact of the ash on buildings and vegetation. such events have a good chance
of getting recorded. Historical documents can help to date such events. and even oral histories
can put some hracketing dates and estimates on big eruptions. A good example of the latter
15 demonstrated in Blong (1932), where oral histories of a “time of darkness” were studied to
estimate the large eruption of Long Island. a volcano off the eastern coast of New Guinea. some
time in the mid-17*""-Century. Another example is the reference in the Book of Ancient Kings
(Reys. 1999, p. 2531f.). probably about an earlier eruption of Krakatau. though the exact date is
unclear. Kevs interprets it as corresponding to the vear 536. responsible for the ~Mystery Cloud”.

although the literal translation of the documented history would put it at least 100 vears earlier.

2.3.2 Dry Fogs and Dust Veils

With increasing distance from the volcano. the aerosol cloud spreads out and large particles.
mainly ash. fall out. If the cloud is still quite dense and contains a significant amount of large
particles rather than a lot of small ones ( Pau! and Jones. 1951). the sun can appear in a strange
blue or greenish color (though. according to Bohkren and Huffman (1983). the optical effects are
quite dependent on the actual size distribution). Blue sun and moon observations were very
frequent after the large Krakatau eruption {Symons. 1888) which illustrates the density of the

cloud and might additionally provide hints about the number of large particles. More attention



Figure 2.7: GMIS visible satellite image roughly 16.-10 local time on June 15, 1991. only a few
hours after the paroxysmal Pinatubo eruption showing the spread of ash cloud quickly expanding

bevond 100 km (Self et al.. 1997a}.

33



to this will be given in Chapter 6.3.

The longer the time after the eruption. the more large and heavy ash will have been removed
through sedimentation. Sulfuric acid droplets will start to dominate in the lower stratosphere.
A whitish haze reducing the sunlight is commented on repeatedly in the past. and many of the
hazes can actually be related to volcanic eruptions (Symons. 1838 Lamb. 1970). During the day.

the skv can not reach its clear blue color. and sometimes the veil is so thick that

“the sun was dark and its darkness lasted for eighteen month: each day it shone for
about four hours. and still this light was only a feeble shadow...the fruits did not ripen
and the wine tasted like sour grapes” (probably John of Ephesus. cited in Stothers.

198.4b).

[t 15 well known that. although the direct solar beam can be strongly perturbed. the indirect
{or diffuse} skylight increases substantially due to the multiple scattering ( Dyer and Hicks. 1968:
Baker et al.. 198:5: Minnus et al., 1993). This effect is described in more detail below (Figure 5.12
and corresponding text).

The literature often credits Benjamin Franklin and his comments in May 17814 as the first to
link the “drv fogs™ and subsequent climatic anomalies with a volcanic eruption ( Franklin, 1785).

He noted:

“During several of the summer months of the vear 1783. when the effect of the sun’s
rays to heat the earth in these northern regions should have been greater. there existed
a constant fog over all Europe. and great part of North America. This fog was of
a permanent nature: it was drv. and the rayvs of the sun seemed to have little effect
towards dissipating it. as they easily do a moist fog. arising from water. They were
indeed rendered so faint in passing through it. that when collected in the focus of a

burning glass thev would scarce kindle brown paper.” ( Frunklin. 1783)
This passage relates to the large Laki-Grimsvotn eruption on Iceland. The eruption ejected
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roughly 122 Mt of SOa, or about 230 Mt of HaSOj,. over a period from June 38 to the end of
November 1783 { Thordarson et al.. 1996). Others estimate the emissions to be somewhat lower
(Devine et al.. 1984 Clausen and Hammer, 1988; Fiucco et al.. 1994; Stothers, 1996a). Franklin
then linked the effects of the fog to the unusually frigid winter of 1783-34.

Still of unknown origin is the above mentioned "Mystery Cloud’ of 336 A.D. (Stothers. 198.4b;
Rampeno et al.. 1988: Baillie. 1994: Cole-Dai et al.. 2000). although Keys (1999) hypothesizes
an eruption of Krakatau, in the Sunda Strait. The dating of the large Krakatau eruption. which
Kevs envisions to be responsible for the haze and that formed a massive caldera of 7 km diameter
bevond the 1383 rim. is too poor to be conclusive. A more probable source is an eruption of

Rabaul, New Britain (VEI=6), radiocarbon dated at 340 AD.

Dust Veil Index (DVI) A large collection of reports of eruptions. dust veils and related
phenomena were compiled by H.H. Lamb to generate an index. the Dust Veud Index (DVI) ( Lamb.
1970, 1977, 1983). [n his landmark paper (Lamb. 1970). he made use of earlier collections of
information (e.g. R. Russell in Syrmons, 13838 Sapper. 1927, and others). and weighted the events
according to their estimated volume erupted into the atmosphere, the depletion of the direct
solar radiation. and the impact on surface temperature. The temperature criterion generated
criticisin because it caused circular argumentation. But Robock (1981) showed that when the
events purely based on temperature perturbations were removed. the overall picture did not
change significantly. In Figure 2.3. the DVI since 1500 shows the major volcanic events scaled to
a DVT of 1000 over 1 vears for the eruption of Krakatau. As can be seen in this plot. there are
periods of higher activity and others with significantly less. The first half of the 20**-Century
(after 1912) is almost without eruptions. but is followed by a rather active phase beginning
with Agung in 1963. In the late 1960s and 70s. the link from volcanic eruptions to climate was
quite popular. as intermittent glacial advances signaled an episode of cooling. Since the volcanic

activity increased at the same time. the influence of volcanoes on climate was studied intensively
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Figure 2.3: The Lamb (1970, 1977, 1933) Dust Veil Index modified for decay of aerosol loading

over | vears ( Brudley and Jones. 1993b)

(Schnewder and Mass, 1975; Baldutn et al.. 1976; Oliver. 1976: Pollack et al.. 1976: Bray. 1976:
Relly. 1977 Robock. 1978: Brudley and England. 1978a.b: Robock. 1979: Porter. 1986) (see also
remarks in Kelly et al. (1998) on the circumstances prior to Lambs’ publication). Subsequently.
other volcanic timeseries. some quite similar to Lamb’s. were generated (Mitchell. 1970: Olwer.

1976: Schonuese and Cress. 1988).

2.3.3 'Fire in the Sky’ : Colored Sunsets and Purple Skylight

Wheun volcanic particles are small compared to the visible wavelength. thev enhance the extinction
of the blue part of the spectrum. increasing the ‘reddening’ of the remaining light. This is
especially the case for low solar angles. causing brilliant red and orange sunsets. After some
volcanic eruptions. the sunsets can get so intense that the sky appears on fire. After the eruption
of Krakatau in 1333. Hazen (1381) reports that on October 30th. the sunset colors were so

unusually spectacular and brilliant that “fire engines were summoned at Poughkeepsie [New
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Yorkl and New Haven {Connecticut] to quench the burning skies™. Some of these impressions
can be seen in the famous paintings of Krakatau sunsets of late 18383 by Ashcroft.

After several month to a vear. these sulfuric acid clouds can become very smoothly spread
over the globe and be diminished so that they are barely recognizable from the ground. Only
during very low solar angles is the reflection (and sometimes some fine structure in the aerosol
laver) visible. Very impressive red sunsets are a common phenomenon after large eruptions. and
pink to purple skies can be seen long after sunset (Symons. 1888: Volz and Goody. 1962).

If one looks at the distribution of unusually increased sunset colorings during the early 19*h-
Century with perturbation of an unknown volcano during 1809/10 and then especially Tambora
during 1316 (see Table 2.1). it appears that colored sunsets can also be suppressed if the aerosol
loading s too high. This was described by Stothers (1996b) and put at an optical depth level of
0.16 or (.17, Other examples of this phenomenon are Laki (1783). Krakatau (1333). and maybe
Santa Maria (1902), and Katmai (1912) (Stothers. 1996b). although in the latter two cases. the
seasonal variation of the aerosol concentration in the mid-latitudes might have played a role. as

the colored sunsets disappeared (see below).

1815 24

Table 2.1: Number of days per vear where red sunsets. luminous

twilights were noted by Howard. in (Symons, 1388, p. 102)



2.3.4 ’'Crows and Eggs in the Sun’ : Bare eye sighted sunspots

There are repeated bare eve observations of sunspots in the rising or setting sun when large
volcanic perturbations were present (Stommel and Stommel. 1983). Deirmendjian (1973) esti-
mates that the minimum visible optical depth required for this is about 0.63. which is substantial
and should therefore only apply to very large eruptions and potentially even only these with a
significant amount of ash involved. These observations can. therefore. not help as an index of
volcanic perturbation. but help to bracket the aerosol properties or magnitude. A long list of

Chinese records exist. Here are three excerpts:

42 BC. Mayv 3 7 Jun 3 (China) : ~The sun was whitish blue in color and cast no
shadows. Right at its center. there were frequently shadows and no brilliance. That

summer was cold until the 9th month. when the sun regained its brilliance.”

188 AD. Feb 15 ; Mar 15 (China): ~The sun was reddish-vellow (orange) in color.
and on it there was a black vapor like a iving magpie. After some months it gradually

faded away™.

1258 AD. SEP 15 (Korea): “Within the sun there was a black spot as large as a hen's
egg. The next day (Sep 16) there was another one shaped like a man™. { Yau and

Stephenson, 1938)

Although these reports are almost randomly recording sunspot sightings. and don’t include
information about the zenith angle of the sun (below 3°over the horizon. no large perturbation
is needed to make sunspots visible. Stothers. 1984a). their numbers can increase dramatically
when the atmosphere is disturbed by a strong haze. as after volcanic eruptions. All observations

shown above might have been supported by well known volcanic perturbations.
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2.3.5 Other indicators

Other phenomena related to high level hazes and dust are Bishop rings ( Bishop. 1884). These
reddish to brownish rings surrounding a bright patch. with the sun at the center. were first de-
scribed in detail after the eruption of Krakatau (Symons, 1888; Detrmendpian. 1973). They have
since also been documented after eruptions in 1890. 1902. 1912 (Stothers. 1996b). 1963 ( Vols.
1970), 1974 1982 (Mewnel and Mewnel, 1983) and 1991 (Sassen et al.. 1994). The aerosol size
distribution in these cases must have been close to a median particle radius of 0.6 — 0.9um ( Deir-
mendjian, 1973; Sassen et al.. 1991), and therefore at the larger end of observed distributions.
Bimodal aerosol clouds are possible. These common phenomena might be a good proxy. hut
are not really recorded prior to Krakatau. Other halo etfects might be related. but the lack of
attributes, like the red color and the unusual radius (11-23%), makes it very difficult to distinguish
halo observations in volcanic clouds from effects seen in cirrus and cirrostratus covers.
Although not generally precise in a quantitative way, these indices demonstrate the usefulness
of documentary data to identify the periods of volcanic perturbations in the atimosphere. and in
some cases to help bracket the atmospheric perturbation or optical properties {colorful sunsets.
Bishop rings). Although quite patchy for smaller eruptions. they are in good agreement for the
large events. Additionally. they help us to understand the impact of these eruptions on the
cultures. a dimension not reflected in anv other archive. From the failures of harvests to the
occurrence of plagues (Stothers. 1999), the influence of the high-level veils covering the sun and

reducing its strength can be substantial.

2.3.6 Years without a summer

As has been demonstrated extensively ( Bradley. 1988. Robock and Mao. 1992: Groisman. 1992:
Graf et al.. 1993: Robock and Mao. 1993: Mao and Robock. 1998: Kirchner et al.. 1998). the winter

season over the higher latitudes might actually warm after large volcanic eruptions. despite a
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clearer cooling during summer. Therefore. years without summers (Stommel and Stommel. 1933)
are good candidates for vears with strong volcanic perturbations. In fact. in a catalogue of
weather extremes from central Europe (Pfister. 1999), 5 vears are listed as exceptionally cool
during the summer months (and therefore labeled as vears without summer). including 1529.
1618, 1673, 1813 and 1816. Only 1529 cannot be readily attributed to a known large volcanic
eruption. In the case of 1313. a series of eruptions might have been responsible for the cool
summer. Snowfall events into the lowlands in the middle of summer. very late flowering of trees
{e.¢. the famous cherrv blossoming in Japan). or destroved harvests from frost are some of the
related aspects of a ‘missing summer’.

The most famous of the vears without summer is clearly the vear 1816. one year after the
enormous Tambora eruption in Indonesia. Detailed descriptions can be found in Stommel and
Stommel (1983). Post (1977). Harington (1992) and Chenoweth (1996). Interestingly. the unusual
cooling effects do not appear globally. but exhibit a regional pattern. s can be seen in Figure
2.9. the dramatic cooling in Western Europe is accompanied by a warming in Eastern Europe.
The reason for these alleged ‘inconsistencies’ is investigated in Chapter 6.4. [n the case of 1316,
one has to keep in mind that the preceeding vears had already been under substantial influence
of volcanic perturbations since 1809 (Legrand and Delmas. 1987: Dar et al.. 1991) from a still
unknown volcano.

As climate is inherently variable. the recognition of a volcanic signal in local to regional
climates is not easy. When looking at vegetation-based proxies like tree rings. harvest statistics.
or phenological data like lowering times of certain plant species. one needs to remember that
a single cold front at a sensitive moment can strongly perturb the plants. although the average
summer temperature was rather normal. During the summer of 1816. at least three distinct
cold air outbreaks were recognized in eastern North America (Baron in Harington. 1992). In
mountainous areas. it is also not unusual that ‘vears without summers” are followed by flooding

due to additional snowmelt (Pfister. 1999). The snowmelt during 1817. the vear after the year
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Figure 2.9: Reconstructed surface temperature anomalies based on documentary data for summer
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1999).
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wrthout summer caused dramatic floods in Switzerland and Germany.

Another example of delaved impacts are plague epidemics stimulated by cool and wet summers
followed by rather warm winters { Stothers, 1999). This delaved process is not unusual and only
exemplifies the probiems when interpreting the indirect effects of climate on society. In the same
way. most people who died as a result of the Tambora eruption in 1315 did not perish due to the
direct eruptive processes. but due to starvation in the subsequent famine (Simkin et ol.. 2001).
as all vegetation was heavily damaged by the ash and released acids. [For extreme interpretation
of delayed effects see Keys (1999).

[n general. while vegetation-based proxies might be a very good index on where and when to
search for disturbances. they cannot by themselves be used conclusively. For example. the 1991
failure of wine in the French Bordeaux region is not due to the Pinatubo effects, but due to frost
in April. two month prior to the eruption. The failure in the following vear (1992). on the other

hand. might have had significant contributions from the volcano (Spellman. 1999).

2.4 The volcanologic record

Observations of volcanic eruptions range far back in time. During the Antiquity. the volcanoes
of Stromboli and Etna on the island of Sicily were very well known active volcanoes. [n fact.
the regularity of eruptions at Stromboli led to its use as a natural light house. Etna also caused
repeated turmoil as it sent down long tlows of lava. Another volcano in Italy gained even more
fame: with its eruption in 79 A.D.. Vesuvius buried the settlements of Pompeii and Herkula-
neum. killing thousands of people. After the rediscovery of these towns in the mid 18**-Century.
perfectly preserved snapshots of Roman life were unearthed.

Many catalogues exist (Symons. 1838: Sapper. 1927. Shaw. 1936: Humphreys. 1940: Lamb.
1970: Mitchell. 1970: Oliver. 1976: Hirschboeck. 1980: Simkin et al.. 1981: Newhall and Self, 1982;

Goodman. 1934: Simkin and Siebert. 1994). though they are often at least partially based on the



same sources. They all exhibit the strong trend in increasing observations since about the middle
of the second Millennium AD. Some are purely volcanologic in character. others add additional
information. such as veils in the mid-latitudes. that can be related to a reported eruption in some
location on the globe. Here. two aspects of volcanologic records are presented. The extended
Volcanic Explosivity Index (.Newhall and Self. 1932). as published in the Smithsonian Volcanic
Catalogue (Simhin et al.. 1981: Simhkin and Siebert. 1994). is the ultimate register of volcanic
activity during the Holocene. Then. a technique (rather than an index) is brietly mentioned as
an example of how properties of an eruption (or fingerprint thereof) can potentially be found in

deposits at the other end of the globe.

2.4.1 Volcanic Explosivity Index (VEI)

Newhall and Self (1932) designed a purely volcanologic explosivity index that should measure
the magmtude of an eruption. No climatic parameters were used. and even the criterion of
stratospherie imjection” of gas or ash is basically lowest in priority of nine distinct parameters.
The record is continuously updated to the present day and cleared of errors (Self and Rampino,
1983), with Siméan and Sicbert (1994) being the most up-to-date. Table 2.2 shows the scale of
the VEI from 0 to 8 with the defining criteria. Note in the lowest row how quickly large eruptions
decrease in numbers. The eruptions range from the smallest eruption recorded {an accidental
‘man made’ eruption of 1.3 m? of lava during a hydrothermal drilling operation. Decker and
Decker {19911} to the enormous tlood basalt events. like Roza (4000 km3. Decker and Decker
1991. about 14 million vears ago) or the explosive Toba event about 72.000 vears ago (estimated
volume of 2700 km?. Rose and Chesner 1990: Rampino and Self 1992, 1993: Zielinsk: et al. 1996b).
Note: the Smithsonian Catalogue only includes eruptions of the Holocene. Amoung those. the
largest VEI achieved is 7. containing eruptions of Tambora (1813). Baitoushan (1050). Kikai
4350 BC and Crater Lake (4395 BC).

The VEI has been used as a index for volcanic forcing. although Pollack et al. (1976). Rampino
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Table 2.2: Criteria for VEI attribution. from Vewhall and Self (1982) and Simkin and Siebert

(1994).

and Self (1982}, Sigurdsson (1990) and others have pointed out that it is not necessarily the
volume and violence of the eruption that impact climate. but rather the gaseous components
that form small. optically effective liquid particles in the stratosphere. These can remain aloft
for months and vears. Today. the VEI is more commonly used as a reference for the stvle of
the eruption. and. together with the Smithsonian Catalogue. form the ultimate lookup table and

reference list.

2.4.2 Petrologic sulfur estimates and chemical fingerprinting

A direct method of measuring the amount of sulfur released by an eruption can be estimated
from gaseous inclusions in juvenile volcanic glass { Devine et al., 1984: Palais and Sigurdsson.
1989). Two opposing factors need to be kept in mind. Rose (1977) pointed out that ash can

effectively scavenge sulfuric acid aerosol. and Tabazadeh and Turco (1993) confirmed the same
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for chlorine through very fast dissolution in the condensating water vapor in volcanic columns.
Therefore. a significant amount of these chemical species are removed before or immediately
after entering the stratosphere. Comparison of sulfate fluxes on ice sheets with the derived sulfur
emissions fromn gaseous inclusions have shown large differences. While ice core derived sulfate
estimates of a "global” aerosol from Agung would amount to 10 Tg (Legrand and Delmas. 1987,
using a hemispheric bias correction factor of 0.66). 53 Tg (Delmas et al.. 1992, no hemispheric
correction) and 42 Tg (Cole-Dar and Mosley- Thompson. 1999) ‘all values multiplied with 1.33
to get to a 5% wt. sulfate in water concentration]. the gaseous inclusions point to a minimum
vialue of only 1 Tg of sulfate (Devine et al.. 1984: Self und Ring. 1996). Although known as only
a minimum estimate (Rose. 1977), Self and Ring (1996) conclude that the petrologic method
could underestimate the sulfur emissions by up to two order of magnitudes.

New studies looking into additional sources of sulfur that would not be represented well in
the petrologic method (so called ~excess sulfur™) suggest hvdrous Huids at the top of the magma
chamber. These Huids are not in communication with the deeper chamber. and the sulfate 1s
released early on in an eruption as pre-eruptive vapors { Gerlach. 1993. Gerlach et al.. 1994:
Wallace and Gerlach. 1994: Keppler. 1999).

While being a clear minimum estimate. the technique can be used in an adjusted form as a
chemical fingerprint analvsis. Palaws et al. (1990) show that it is a powerful tool for identifving
source volcanoes. after finding volcanic deposits in polar ice cores. Previously mis-attributed
eruptions can be recognized and then corrected. In this way. Palais et al. (1990) demonstrated
that the two major sulfate spikes in the Dome C ice core. Antarctica. previously attributed to
Tambora and Galunggung { Legrand. 1987) were actually from the now famous. vet still unknown
eruption in 130809 (Dai et al.. 1991) and the 1315 Tambora eruption. Similarly. an eruption
prior to Huaynaputina (1600) is probably attributable to Nevado del Ruiz (1393). Although
the chemical composition of the verv large 1238.1239 event resembles the 1980 El Chichon

composition ( Palais et al.. 1990). Espindola et al. (2000) find diverging calibrated dates of the
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deposits in the vicinity of El Chichén. pointing to an eruption of El Chichén about 30 to 100

vears later. Clearly. more needs to be done in this promising field.

2.4.3 Tephrochronologies

Tephrochronologies are used as stratigraphic time markers in areas of active volcanism. They
are usually of local to regional importance. although markers of sulfate and ash in ice cores
have gained wide acceptance. Fingerprinting of volcanic eruptions in ice cores, a very specific
application of a tephrochronology. uses ash. especially volcanic glass. in analyses of the major
chemical constituents ( Devine et al.. 198.1; De Angelis et al.. 1985; Palais et al.. 1990). The very
small Revnolds number of these micron-sized glasses makes them good atmospheric transport
tracers. Since some prominent lavers in sulfate or ash deposition can be used for synchronization
and age control, detailed chemical fingerprinting can confirm that the correct corresponding layvers

are used.

2.5 Ice core record

Large explosive volcanism can inject significant amounts of material into the lower stratosphere.
Pollack et al. (1976). Rampino and Self (1982) and Sigurdsson (1990) have shown that. in order to
influence climate. it’s not the total mass but mainly the amount of sulfuric acid from the eruption
that causes the climatic impact. They showed that relatively smaller eruptions like Agung in
1963. can emit very large amounts of sulfur (probably about 20 Tg of aerosol from about the
0.5 km?® dense rock equivalent ‘DRE] erupted volume). In the stratosphere. small particles of
sulfuric acid are formed primarily from condensation of SO, gas through oxidation and going into
solution with water. The aerosol is small enough to remain suspended for many months. The
average e-folding time is around 1 yvear. during which time the aerosol is transported poleward

and downwards. Ounce entering the troposphere. the sulfuric acid is quickly washed out by rain
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and snow. Over the polar ice sheets. it can get deposited and stored in the annual snow layers. By
drilling into the polar ice. the sulfuric acid deposits can be measured (Hammer. 1977. Hammer
et al.. 1980: Legrand and Delmas. 1987 Clausen and Hammer. 1988: Delmas et al.. 1992: Zielinskz
et al.. 1994: Zielinsk:, 1993: Langway et al.. 1995: Zielinskr et al.. 1996a;: Cole-Daz et al.. 1997a;
Clausen et al., 1997: Stenn: et al.. 1999: Cole-Dar et al., 2000). Several techniques are used
to recover the volcanic signal. such as the electric conductivity, either of solid (Hammer et al..
1930 or liquid samples ( Hammer, 1977). acids (Clausen et al.. 1997). or by directly identifving
sulfate species ( Legrand and Delmas. 1987: Mayewsk: et al.. 1990). In order to obtain quantitative

information of the volcanic forcing. several issues need to be resolved.

1. As many cores as possible must be analvzed in each hemisphere. In a single core. only about
two thirds of the large eruptions are generally recorded ( Zielinska, 1995), and additionally.
each technique has its own problems of contamination of the volcanic signal ( Delmas et al..

19851,

2. The depuosits need to be corrected for distance to the source volcano and for the trans-
port mechanism of the aerasol. Volcanoes in the close vicinity of the ice sheet can leave
a comparably larger signal than eruptions on the other side of the globe. Also. strato-
spheric transport has to be separated as much as possible from much more immediate
tropospheric transport. where the material is immediately removed from the atmosphere.

This separation is not easv.

3. Additional correction of the sulfate luxes to snow accumulation rate. which ditfers sub-

stantiallv between sites (Daz et al.. 1991},

1. To compute the global forcing. Hammer et al. (1930) and Clausen and Hammer (1988)
introduced a calibration that makes use of the large nuclear tests performed in the late 1930s
and early 60s. During these tests. known amounts of radioactive isotopes were released and

later deposited onto the ice sheets. Comparing the deposited mass flux (kg per km?) with
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the original amount produced in the tropics allows for an analogous calibration of the
volcanic sulfate. Using an independent data set of atmaspheric visible optical depth for
calibration (e.g. Sato et al.. 1993). and assuming that all aerosol is of the same size and
composition (see discussion below). each sulfate spike in the ice can be associated with an
atmospheric optical depth. and therefore a direct forcing can be estimated. It turns out
that roughly 0.1% of the total released mass is transported in the stratosphere and reaches

the poles ( Pourchet et al.. 2000).

Robock and Free (1993) and Robock and Free {1996) produced a multi-core volcanic index
using eight Northern- and six Southern Hemisphere ice cores. They calibrated the volcanic
optical depth similar to Zielinskr (1993) for each core and averaged the computed forcing across
the available cores. Although this technique only provides annual data. 1t is probably the most
appropriate volcanic forcing data set directly derived from proxy data for climate modeling
bevond the last century. But there are two tmportant issues one needs to keep in mind. First,
because of the limited spatial and temporal resolution. no seasonal distribution of the aerosol
clouds is provided. Due to the exponential decav of the aerosol cloud. the atmospheric forcing
could be very sensitive if a certain amount of sulfate of vear x is deposited in one month compared
to with much smaller fluxes over the whole vear. A parameterization of the buildup and decay
could add significant detail. The second important aspect concerns the the underlying assumption
that the atmospheric optical depth is a direct function of the sulfate depasition as seen in the
calibration time period (thev use Sato et al 1993). Stothers (1997) pointed out that the eruptions
during the 20*®-Century have not exhibited the exact same aerosol size distributions. Pinatubo
aerosol. for example. grew from very small number to about 0.8 zm. where as El Chichén sulfates
remained in the range of 0.3 — 0.4 um (Russell et al.. 1996). For now. a constant treatment of
the sulfate mass vs. optical depth (through aerosol composition and size distribution) is a valid
approximation. but as will be shown below. that there is a potential bias in this assumption (see

Chapter 6.3).



2.5.1 Sulfur isotopes

[sotopic composition of the sulfate has been analvzed from airplane sampling ( Castleman et al..
1974: Rye et al.. 1984) and more recently in Antarctic ice cores by Patris et al. (2000). It has
been shown that volcanic sulfate can be distinguished from biogenic sulfate, thus opening a way

to evaluate the volcanic contribution to the total sulfate.

2.5.2 Chlorines

Due to complicated chemical activity (Solomon. 1999: Fuhey et al.. 1993). little is known about
other chemical substances injected into the stratosphere. Chlorine could potentially be important
in influencing stratospheric ozone concentrations ( Stolarskr and Cicerone, 1974 Symonds et al..
1988; Zerefos et al.. 1994: Angell. 1997a). The chlorines. although sometimes ejected in very
large quantities (for Tambora on the order of 10'! kg. Sigurdsson and Laj. 1992). generally cause
onlv a small disturbance to the background loading {which is mostly of oceanic origin) in the
atmosphere ( Mankmn et al.. 1992) and as found in ice cores ( Delmas et al.. 1992; Cole-Dax et al..
20001, suggesting that chlorine is scavenged out verv quickly. This presumably happens efficiently
in the rising volcanic plume. where large amounts of water vapor condense ( Tabazadeh and Turco.
1993: Turco et al.. 1993). Also. ash can act as a scavenger. adsorbing and then removing chlorine
through fall out ( Rose. 1977: De Angelts and Legrand. 1994). The only exceptions. where large
amounts of chlorine can be found in ice cores. mayv be due to deposition of tropospherically
rather than stratospherically transported volcanic debris. Hammer et al. (1980). Herron (1982)
and in much detail recently. Clausen et al. (1997) found exceptional amounts of chlorine in the
GRIP ice core in the Katmai-Novarupta (1912) and Eldgja (934) deposits. all of which had
a substantial tropospheric contribution. Nevertheless. Stolarskz and Butler (1978) estimated.
that a Krakatau-sized eruption could deplete ozone by almost 7%¢. Since Tambora emitted

roughly 200 times the chlorine mass of Krakatau (Sigurdsson and Laj. 1992). an impact on
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ozone would be quite possible. The eruption of El Chichén, a volcano underlain by a large salt
dome. initially elevated the number of solid halite particles in the lower stratosphere ( Woods and
Chuan, 1983). Muankin and Coffey (198.) also report increased column amounts of gaseous HCI
during the following months. probably originating from the erupted magma as well as from the
halite { Woods et al.. 1983). Further investigations are needed. especially since the chemistry in
the present anthropogenically perturbed stratosphere and for pre-industrial conditions are not

necessarily the same (S. Solomon. personal communication).

2.6 Tree Ring data

Trees are very good proxies for climatic perturbations in relation to volcanic eruptions ( LaMarche
and Hirschboeck, 198.; Lough and Fritts, 1937: Jones et al.. 1995: Briffa et al.. 1993). Since the
impact from volcanic perturbations on climate is most pronounced during the warm season
{ Roback and Mao. 1992, 1995) and hecause tree growth is very sensitive to climatic conditions
during the growing season. especially at high latitudes and high elevations. it is not surprising
that trees have a high potential to record these events quite accurately. However. not all trees
and not in all regions respond the same way to environmental pressure. Some are more sensitive
to stresses from the lack of precipitation. others. like those close to the upper tree line. are
responding to temperature fluctnations. Also. ditferent techniques exist to extract a climatic
signal, such as looking at the ring width or at cell densities. Two excellent books present these
techniques in detail: Cook and Ruiruukstis (1990) and Schweingruber (1996). Here I shall focus
only on some aspects related to volcanic perturbations from some recent work.

[n a 600-vear long series of Northern Hemisphere temperatures reconstructed from late wood
density from 383 tree rings chronologies around the Northern Hemisphere { Briffa et al.. 1998).
there are negative anomalies significantly below the the rest of the data (see Figure 2.10). Most

of these vears (note: mainly the warm seasons) are also vears with or vears following strong
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Figure 2.10: The Northern Hemisphere mean tree-ring-density and temperature anomalies re-

constructed from a set of 383 chronologies (Brffa et ui.. 1998). Arrows indicate large volcanic

eruptions with associated VEI from Simkin and Siebert 11994)



volcanic perturbations. In fact. in Table 2.3, one can easily see that from the 30 coldest vears
(Briffa et al.. 1993. p. 430). the coldest eight vears clearly follow large tropical events and only
11 occurred with more than a 2 vear delav. From those years probably unrelated to tropical
events. two followed VEI = 5 eruptions in the Northern Hemisphere. two are the vears 1313
and 13819 floowing the large 1315 Tambora eruption (completing a cold series 1816-1819). and
two fall into the last yvears of the 17*"-Century. Overall. the volcanic influence on tree growth is
significant. The question remains: how well are these volcanically perturbed vears represented
i a quantitative way” Were the temperatures during the growing season really so low or is the
relationship to seasonal temperatures non-linear”? Is it possible that short but severe coolings
during the growing season cause the anomalous growth” [n some tree ring series. there are a
number of vears where frost damaged the voung cells (so called frost rings). which have been
related to vears with significant volcanic perturbations (LaMarche and Hirschhoeck. 198.). This
question of mtra-seasonal to mter-annual vanability and its impact 15 going to be discussed in

detail in Chapter 7. 1.1
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Rank Year o Value NHem T  Volcano Reference

1 1601 -6.90 -3.81 Huaynaputina, Peru (1600) de Silve and Zielinsks (1998)

2 1816 -4.33 -0.51 Tambora, Sunda (1815) Stommel and Stommel (1983):
Harington (1992)

3 1641 -4.31 -0.5 Parker. Philippines (1641) Delfin et al. (1997)

H 1453 -4 0.5 Kuwae, Vanuatu (1452/37) Pang (1993). Delmas .t al.
(1992)
Cole-Dat et al. (19974, 2000)

3 1817 -3.76 -0.44 Tambora, Sunda { 1315) sce 1316

6 1695 <35 -0.41 Serua. Banda (1693) Simkin and Siebert (1994)

T 1912 -1.33 -0.39 Katmai-Novarupta, Alaska (1912) Rimnball (1913): Volz (1975a)
Fildreth and Fierstein (2000)

5 1675 -3.13 -0.37 Gamkonora, Indoneaia (1673) Cale-Day et al. (199Ta)

9 1698 -3.08 -0.36

10 1643 -2.99 -0.35 Parker. Philippines (1641) see 1641

11 1699 -2.96 -0.35

12 1666 -2.589 -0.34 Long Island, New Guinea (16657) Blong (1982)

13 1884 =159 -0 34 Krakatatr, Java (1883) Self (1992)

14 1978 -2.80 -10.33

15 1837 227N 332 Coseguina, Mexico (1835) Williams (1952). Self et al.
{1989)

16 1669 22T VR Stukotsu (Tarumat Crater), Japan  Simkin and Siebert (1994)

17 1587 -264 031 Kelut, Java (1586} Simkin and Siebert (| 1994)

I~ 1740 -6l FURTH

19 1448 <57 -0.30

0 19492 -2.56 -0.10 Pinatubo. Phulippines (1991) McCormack et ol (1995).
Hansen et ai. (1996b)

21 1836 2248 2,29 Cosegmina, Nicaragua ( [835) Self et al. (1989); Williams
(1952)

22 1818 -2.45 -4)129

23 105 =232 -0.28

23 1968 =28 -0.28 Fernandina, Galapagos ¢ 1968) Simiin and Howard (1970)

25 1742 -235 -0 27

26 1783 -2.35 -0.27 Laki-Grimsvotn, [celand (1783) Thordarson and Self (1993)

R 1567 =215 -0.27 Loag Island. New Guinea (1663™) Blong (1982)

28 1642 -222 -i).26 Parker. Philippines (16:41) sce 1641

29 1819 -2 -1.26

30 1146 2220 -0.26

Table 2.3. Volcanic eruptions represented in treering data. Rank and

o latewood density from Briffu et al. (1998) NHD1 as an average

from 8 regional averages compiled from 383 individual chronologies.

Volcanoes with potential influence on Temperature. and estimated

northern hemisphere temperature anomaly from the o value. rep-

resenting mostly April through September growing season temper-

atures.



2.7 Coral Data

Rencently, coral records have been proposed to exhibit a volcanic signal similar to the tree rings
( Gugan and Chieas. 1995; Gemn et al.. 1995: Crowley et al., 1997). If true. this would allow
for the recognition of large radiative effects of volcanic eruptions over the tropical areas, where
tree ring data are much less common due to the lack of a strong seasonal cvele. Additionally.
the coral series. especially from the Pacific area. would tie in more closely than mid- to high-
latitude tree rings with the E! Nifio - Southern Oscillation system. which is responsible for a
significant amount of interannual climate variability. Although single events can be recognized.
the technique is far from being as refined. as it is with tree rings. Dating problems might intluence
the comparison. For example. see Figure 8 of Dunbar et al. (1991), where a small age "correction’
could generate an incredible match with the largest voleanic eruptions during the represented
period (161, 1309, 1315, potentially 1383). although correlations with ENSO records might not
support such a correction.

Nevertheless, corals could contain a volcanic signal. but many more series have to be collected
and measured. and as with tree ring studies. areas sensitive to the volcanic forcing (surface

temperature drop. shifts in precipitation) have to be identified.



Chapter 3

VOLCANIC FORCING

DURING THE

INSTRUMENTAL PERIOD

3.1 Overview

During recent vears. a number of coupled climate model simulations have been performed to study
the impact of increased greenhouse gases in the atmophere. Only a few of these experiments take
external forcings into account (e.g. Stott et al.. 2000). although there are suggestions that the
external forcing. and not the anthropogenic influence. has driven climate over the 20*"-Century
{ Frus-Christensen and Lassen. 1991: Lassen and Fris-Christensen. 1993: Svensmark and Fris-
Christensen. 1997). For the solar forcing. usually one of two different reconstructions are used
(Lean et al.. 1995: Hoyt and Schatten. 1993). while the volcanic forcing is generally taken from
Sate et ul. (1993). These data are based on the important relation of aerosol visible optical depth

to the forcing. as described by Lacis et al. (1992). They show that the radiative forcing on the
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Figure 3.1: Aerosol net radiative foreing as a function of aerosol effective radius (x-axis) and
effective variance (v-axis) at a visible optical depth =.,, = 0.1 from Lacts et al. (1992). [t can
be seen that particle sizes of larger than about 2 pm have a posive net radiative etfect. whereas
smaller ones have a negative net etfect and therefore cause a cooling. Several observed aerosol
distributions are indicated in the plot: May 1932 and October 1982 aerosol sizes of El Chichon
{ Hofmann and Rosen, 1933) with X. B and V from Oberbeck et al. (1983). and H and M are from

Deirmendpan (10693,

climate system from volcanic aerosol is primarily dependent on the aerosol visible optical depth.
and to a lesser degree by the aerosol size (see Figure 3.1). Sato et al. (1993) therefore present a
timeseries of optical depth in the midvisible spectrum at 0.35 um.

More recently. the originally published data of the earliest pyrheliometric measurements
{1380-1960) have been re-analyzed by Stothers (1996b). The most important improvement pre-
sented by Stothers is the often ignored difference between visible optical depth and pyrhelio-
metrically derived optical depth. He found that the pyrheliometric optical depth is lower. and

a conversion factor & of about 1.6 needs to be applied { Volz. 1970. suggested 1.7). Stothers
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combined this correction. together with improved calibration of the transmission data (seasonal
cvcle). into an alternative optical depth time series for perturbations exceeding the estimated
= = 0.04 (=7, = 0.07) detection threshold. This limit is roughly equal to the lower end where
the naked eve can detect a perturbation in atmospheric transmission. In any case, the radiative
effect of transmission changes of this magnitude might not be completely negligible. especially
over long timescales, but thev are clearly much smaller than the impact from the big volcanic
aerosol clouds released by a few very explosive events. At the same time. interannual climate vari-
ability at the earth surface is quite large. due to a number of internal mechanisms (like ENSO),
and the detection of a potential impact of radiative perturbations at these low levels would be
very hard. especially considering the poor historical knowledge of these events. Therefore. [ fol-
low the work of Stothers (1996b) and concentrate on the significant eruptions that produced a
vistble trace in the atmosphere.

To verify the higher optical depth values from Stothers (1996b) compared with Sato et al.
(1993). an independent test can be performed. Based on the cbserved pyrheliometric optical
depth perturbations Stothers (1996a) estimated an average aerosol size distribution for the erup-
tions and then computed the corresponding stratospheric sulfuric acid mass. The peak in the
earlv month can then be compared with the independently derived sulfate emissions from either
zaseous inclusions in erupted volcanic glass (Derne et al.. 1984: Palais et al.. 1990) or from ice
core sulfate flux measurements (e.g. Legrand and Delmas. 1987: Delmas et al.. 1992: Zielinskz.
1995: Cole-Dar et al.. 1997a). The sulfate mass derived from the higher optical depth values
compare favorably with other estimates of volcanic sulfate. such as gaseous inclusions. support-
ing the higher visible optical depth values and with that. the higher radiative impact for many
of the big events.

When looking at the temporal evolution of the visible optical depth in the combined Stothers-
Sato data isee Figure 3.2) since 1870. one readily recognizes the main volcanic eruptions. In

addition. there seems to be a higher temporal density of volcanic perturbations from 1883 to



about 1903. and again after 1963 to about 1995. The statistical significance of this distribution
is investigated below (Chapter 3.6).

For modeling purposes in the climate change context. two disadvantages of these compilations
need to be addressed. First. the spatial and temporal detail shows different decadal to multi-
decadal episodes. which. in fact. represent changing data sources. For example. during the last
10 vears. three distinct episodes (1960-1963. 1966-1979. and 1979-present) can be recognized.
The first is based on a few ground based optical depth (transmission) measurements. the second
mainly on optical depth estimates deduced from lunar eclipse data from Reen (1983). and the
significantly increased detail in the most recent period is due to satellite coverage. For climate
model expertments where multi-decadal climate change is to be analyvzed. these unconformities in
the forcing data could introduce an artificial signal. Second. the temporal evolution of the aerosol
for eruptions mainly prior to 1960 is strongly simplified and either based on measurements in the
Northern Hemisphere mid latitudes and kept constant over the globe. or made symmetric about
the equator. This does not address the strong seasonality of the stratospheric circulation, where
the dominant mass transport is towards the winter hemisphere.

These two limitations in the forcing data sets can be accounted for by the introduction of a
simple seasonal parameterization that is applied to all eruptions since 1370. Such a model will
be presented by using the aerosol evolution after the well-studied June 13. 1991, eruption of Mt.
Pinatubo. Philippines and is subsequently applied to all significant (see above) eruptions since

1880. A few detailed examples are presented and validated against independent data.

3.2 Pinatubo, a reference eruption

The large 1991 eruption of Pinatubo. Philippines (15.1°N. 120.4°E). offered an ideal natural
experiment for a wide variety of instruments and models to monitor and study the stratospheric

aerosol cloud with its radiative and chemical effects. From space and from the ground. the
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Figure 3.2: Combined visible optical depth data from Sato et al. (1993) [prior to 1880. and 1960-
present] and Stothers (1996b) [1880-1959]. The temporal resolution is monthly. and the spatial

resolution is in meridional direction only (assuming rapid zonal mixing).



aerosol cloud was closely tracked (McCormick et al.. 1995). and the different measurements
allowed analysis of size distributions (Russell et al.. 1996). the impact on the radiative budget
(Minns et ol.. 1993). ozone ( Fahey et al.. 1993. Zerefos et al.. 199-4: Solomon et al.. 1996). and
surface climate ( Hansen et al.. 1996a: Parker et al.. 1996).

Stenchikov et al. (1998) published a detailed data set of Pinatubo aerosol optical properties at
a high spectral resolution. well adapted for modeling purposes. They combined different satellite
data sets and a number of surface lidar time series into a spatially three dimensional data set at
monthly resolution. In the electromagnetic spectrum. the data is available in 60 bands and can be
averaged (binned) for ditferent spectral bands of climate models. The data set takes the changing
median in the aerosol size mto account. but describes the size distribution at each point in time
and space as log-normal and unimodal. Russell et al. 11996) showed that the properties can be
well captured by a unimodal distribution. The composition of the aerosol is assumed to be a clean
sulfuric acid aerosol at a concentration of 757 H,SO; and 2592 H2O. The radiative properties are
then fully described by ¥,. the mass weighted aerosol extinction. «\. the single scattering albedo.
and gy. the asymmetry parameter. Given an aerosol size distribution and chemical composition.
the mass extinction etficiency coefficient can be computed using Mie theory. This coefficient is
weighted by the aerosol mass to receive the extinction at a specific wavelength. The Mie theory
also relates the single scattering albedo (a measure of the absorption vs. reflection) and the
asvmmetry parameter (a term describing the separation of radiation scattered towards the earth
surface vs the amount that is scattered back to space) to the size distribution and composition
of the aerosoi.

The aerosol optical depth (r.4) at a specific wavelength is equal to the columa integrated
extinction. The visible optical depth from Stenchikorv et al. (1998) is presented in Figure 3.3-
A for the time from June 1991 to Mav 1993. From the eruption latitude at 15°North. the
aerosol immediately spread throughout the tropics. The buildup of the sulfuric acid droplets

from the emitted SO, took place over a few months (although verv fast rates have been observed
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in the troposphere. Oppenheimer et al.. 1998). The maximum optical depth was reached over
the equator around December 1991. after which time. the decay and further transport into
the Northern and Southern Hemisphere took place. In the midlatitudes in each hemisphere. the
aerosol optical depth increased during the respective winter season. when stratospheric circulation
favors poleward transport through planetary waves ( Trepte et al.. 1993). Over the polar areas.
satellite data are often missing. as limb scanners like SAGE-I] use sunrise or sunset times for
their scans, or the satellite orbits don’t pass directly over the pole. SAM II data can be used to
fill in some information ( Wang et al.. 2000). In winter. the interior of the polar vortex is cut off
from inflow of aerosol ( McCormuck et al., 1983). and the remaining particles are sedimented out
by the general subsidence. Only in late spring. after the break down of the polar vortex. dues
aerosol concentration increase in the polar stratosphere { Wang et al.. 2000). The overall decay
time of the Pinatubo aerosol follows quite closely an average e-folding time of about 1 vear.

On August 12th 1991, an additional aerosol cloud was emitted by Cerro Hudson. Chile
(13.9°S). Despite the large size of the event (VEI = 5). the aerosol loading was significantly
smaller and at much lower levels than the Pinatubo aerosol. Nevertheless. some modification of
the Southern Hemisphere perturbation resulted from this event and can be seen in Figure 3.3 as

an increase in optical depth around October 1991. south of about 30°South.

3.3 Seasonality Parameterization

For eruptions prior to the satellite period starting in 1978, spatial information about spread of
eruption clouds is verv limited. and only for a small number of events is some temporal and
spatial tracking of the spreading cloud possible (e.g. Symons. 1388. Wezler. 1951b: Dyer and
Hicks. 1968). In order to provide a consistent data set of volcanic aerosol optical depth as a
forcing for climate models with a focus back in time. events need to be treated consistently (i.e..

they carry a comparable background error). The parameterization should also introduce some
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Figure 3.3: Pinatubo column optical depth. Top: the visible band of the National Center for
Atmospheric Research Community Climate Model (NCAR-CCM) (Kiehl et al.. 1996. 1998b).
representing the band width from 0.35 — 0.64 um. Bottom: infrared optical depth at 12.5 — 15.4

um. The monthly data is plotted at the a meridional resolution of 3.75 degrees.
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first order spatial distribution over time to simulate some of the seasonality effects ( Dyer and
Hicks. 19638: Post et al.. 1996). Therefore. a very simple parameterization with only two input

parameters is proposed :

o Maximum optical depth reached by the eruption (estimates can be based on observations.

geologically or ice core derived amount of emitted sulfate)

e Month of the eruption {which is either directly observed. or estimated from timing of aerosol
cloud appearence in mid-latitudes. or estimated from the timing of sulfate depositions in

polar ice cores)

It is assumed that the zonally averaged aerosol formation takes place aver a time of 4 month
i Grant et al.. 1996) with subsequent decay at an e-folding time of 1 vear. Anv possible interan-
nual variability in stratospheric circulation is ignored. Additionally. 1t 1s also assumed that the
main stratospheric circuiation and with it the aerosol transport. 15 not dramaticallv changed by
the presence of the aerosol. despite quite significant heating. Therefore. this parameterization
should probably be applied with caution for eruptions like Toba (about 72.000 vears BP). where
erupted volumes of the order of 2000-3000 km? were involved. Also. the potential influence of the
stratospheric quasi-biennial oscillation (QBO) on the meridional transport (Grant et al.. 1996)
15 ignored because reliable information on the QBO is only available since the mid-20t"-Centurv.

The transport model distinguishes between tropical and extra-tropical eruptions. Here, |
first describe the model for tropical eruptions. which considers three zonal bands: tropics. mid-
latitudes. and polar areas. In this hierarchical order. the computation is performed. as the aerosol

15 transported out of the tropics into higher and higher latitudes.

Tropics The tropical aerosol follows a build-up and subsequent decay. The values are set equal
between 20°N to 20°S. assuming rapid intertropical mixing. The buildup is performed linearly

in 4 months. reaching the specified peak optical depth. Thereafter. decay at an ¢-folding time of



1 vear to background levels of 0.0001 is computed.

Mid-Latitudes Two months after the eruption. aerosol is allowed to spread outside of the
tropics. The meridional expansion nnly takes place into the winter hemisphere { Northern Hemi-
sphere winter : Nov-April. Southern Hemisphere winter : May - October) and as long as the
aerosol optical depth in the tropics is above background. The increase in the respective winter
hemisphere is at a rate that permits the mid-latitudes to catch up with the tropical optical depth
by the end of the winterseason. During the summer season. the aerosol decayvs at a slightly faster

pace than 1 vear. due to stratospheric transport into the polar areas and back into the tropics.

Polar Areas During the core of the winter season. the polar areas are regarded as more or less
cut off from the mid-latitudes though an efficient barrier formed by the polar night jet. Inside the
polar vortex. remaining aerosol is deposited quickly. generally leaving a clean column (Flowers
and Vierbrock, 1965: McCormuck et al.. 1983; Herber et al.. 1993: D Donfrancesco et al.. 2000).
In spring. the breakdown of the polar vortex allows transport of aerosol over the poles. causing
an incease in optical depth at a time when the mid-latitudes start to encounter a decrease. The
maximum optical depth can not exceed the mid-latitude optical depth at the spring break down
of the vortex.

This temporal evolution of the aerosol cloud is performed over four vears. after which all
aerosol levels have reached background again. Subsequently. an interpolation scheme generates
a more smooth distribution from these three ‘bins’ into the requested latitudinal grids (i.e.. the
meridional grid resolution of a climate model). As an additional improvement. latitudes from 25
and 40°in each hemisphere are treated with a special ‘zamboni” filter to represent the reduced
column aerosol due to very efficient divergence over the subtropical high pressure systems ( Trepte

et al.. 1993). see Figure 2.1. This reduction is introduced for the winter season.
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Figure 3.4: Spatial evolution of the Pinatubo cloud spread shown as visible optical depth from
the simple parameterization using peak optical depth (7..s) of 0.35 and June 1991 as eruption
month. compared with Stenchikov et al. (1998). Sato et al. (1993). SAGE II (Rind and Liao,

1997) and AVHRR (Long and Stowe. 1994).



3.3.1 Test with Pinatubo aerosol distribution

In Figure 3.4. the simple transport model is compared with the data from Stenchikov et al.
(1998). the AVVHRR (Long and Stowe. 1994). and SAGE-II and Sato {Sato et al.. 1993). First.
we are concerned with the qualitative performance of the parameterization. After the prescribed
tropical evolution of the optical depth. the main feature is the increased perturbations in the mid-
latitudes during the winter season. While the buildup of the aerosol clouds in the mid-latitudes is
somewhat slow compared to Stenchikov et al. (1993). it compares quite well with the other data
sets. Note, the seasonality parameterization does not include the aerosol contribution of Cerro
Hudson in the Southern Hemisphere. and therefore the lack of aerosol optical depth in January
through April 1992 south of 40°South is misleading., The continued buildup in the winter seasons
also simulates the ‘persistence’ of the aerosol clouds quite well. although it underestimates it
slightly. From a quantitative view point. the core of the aerosol cloud over the tropics is initially
somewhat large compared to Stenchikov and SAGE. but smaller than from AVHRR. Russell
et al. {1996) comment on the tendency to underestimate the inner-tropical optical depth of the
SAGE instrument due to too strong extinction in the aerosol laver (saturation). but also the
tendency for overestimation from the AVHRR. This observation is supported by the detailed
spectral measurements of Dutton et al. (1994) at Mauna Loa. Hawaii. The reconstruction of
Stenchikor et al. (1998) seems therefore closest to the real perturbations and we concentrate
on the comparison to Stenchikov. Here we see that the aerosol optical depth in our model are
slightly underestimated in the mid-latitudes. The optical depth over the polar areas are larger
than the satellite derived data sets. but compare more favorably against ground based estimates
t Herber et al.. 1993). The reason for this is that the limb-scanners like SAGE Il cannot measure

during summer time. as there are no sunsets or rises over the polar areas during that time.



Overall. the distribution of the aerosol with the simple parameterization. which is only based
on the month of the eruption and the peak optical depth in the tropics, is not far off the target

of Stenchikor et al. (1998).

3.3.2 High-latitude eruptions

High-latitude eruptions. like the Katmai-Novarupta eruption in June 1912 in Alaska. are much
simpler to describe. There is a buildup over 1 month of aerosol optical depth in the mid-
latitudes with subsequent decay (e-folding of 1 vear). While the treatment over the pole is the
same as for tropical events. the equator ward extent of the aerosol is limited to the subtropical
houndary described above. No further expansion into the tropics or even the other hemisphere is
allowed. As no aerosol mass can flow in from the tropics to replace loss through sedimentation.
the life time of the volcanic clouds is relatively short. This is done despite results from a two-
dimensional model of aerosol transport for the 1956 eruption of Bezvmianny ( Cadle et al.. 1976).
which exhibited spread from the very high reaching aerosol into the southern hemisphere. But
abservations from this and also from the much more massive Katmai-Novarupta event of 1912
do not show any transmission changes south of about 30°N ( Volz. 1975a). There is also no event

recorded in ice cores that would prove otherwise.

3.4 Examples of past eruptions

Given the simplicity of the parameterization. other eruptions further back in time can be simu-
lated to get a temporal and spatial pattern. If the month of the eruption is unknown. usually a
first guess can be made by looking at the timing of sulfate doposition in polar ice (making use
of the seasonal dependence of stratospheric transport}. First. the famous eruption of Krakatau
(1883) is simulated with the simple parameterization and compared to a host of independent

records. The second example is a proposition of Colima Volcano. Mexico in 1890 to be the source
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of an unknown aerosol cloud over the northern hemisphere, illustrating the idea of evaluating
the seasonal timing of eruptions. Additionally. the unusual real world aerosol distribution after
Agung and somewhat E! Chichdn are briefly discussed to show that the simple parameterization

is not without problems.

3.4.1 Krakatau 1883

The discussion of this exceptional event is separated into two parts. Here, some facts about the
eruption itself. the ejecta as identified in different archives, and the optical phenomena described
around the world are presented. This information is used to deduce the magnitude of r.,, and
its temporal evolution. Later. (see Chapter 6.3). when the the climate impact of Krakatau is
simulated. some aspects of the eruption will be revisited. [t will be shown that the visible-optical
depth is a good. but not an exclusive parameter for describing the radiative effect of volcanic
eruptions on earth’s climate.

The cataclysmic eruption of Krakatau in the Sunda Strait (6.1°S. 103.-1°E) in August 1883
is probably one of the most famous eruptions of all times. Krakatau was the first large volcanic
event immediately made known around the world. Despite ample discussion on the feasability of
a tropical volcanic source for the high level dust veils. the dramatic optical effects were in the news
and scientific literature (Journals of Vature, Science. Monthly Weather Review. Meteorological
Magazine) for many months (see summaries in Symons (1388) and Simkin and Fiske (1983)).
The newly invented telegraph allowed the message of the enormous explosion on August 27. 1883,
to be transmitted around the globe within hours of the cataclismic phase. The sounds of the
eruption were heard up to 4633 km away in the Southern Indian Ocean (Rodrigues I[sland). and
air pressure waves were observed to travel around the globe several times (Symons. 1888). In
addition. np to 40 m tidal waves. which caused a disaster in the vicinity of the volcano and claimed
a large percentage of the 36.000 lost lives, were later tracked travelling across the Pacific and even

up the Atlantic Ocean. Outstanding compilations of the eruption history and the subsequent

68



wide spread etfects were presented in the formidable work of the ~Krakatau Committee of the
Roval Society™ {Symons. 1383) and in the detailed analvsis onsite of Verbeek {1883). Newer
summaries can be found in Simkin and Fiske (1983) and Self (1992).

From the beginning of the eruptive phase through the violent explosions due to caldera col-
lapse (Self. 1992). the volcano released material in the order of 20 km® of bulk material (Self
and Rampino. 1981 Self. 1992). or about 9 to 12 km® of dense rack equivalent (DRE) as also
suggested by Sigurdsson et al. (1991) and Mandewlle et al. (1996b). For comparison. Pinatubo
ejected roughly 3.4 to 10.4 km® bulk volume and 3.7 to 5.3 kin* of DRE (Holasek. 1995 Scott
et al.. 1997). A very large ash and gas column rose into the stratosphere. giving birth to large pv-
roclastic flows depositing substantial ignimbrites and causing ash rain in a large area around the
volcano. Estimates of the peak altitude reached by the cloud vary. but range from 30 to 30 km.
Descriptions of the zenith angle of the earth shadow reflected by the aerosol long after sunset show
that. at least initially. the aerosol reached close to 30 km (120,000 - 160,000 feet. Archibald in
Symons. 1883). Blue and green suns were observed throughout the tropics (Archibald in Symons.
1383). and subsequently as it spread into the mid-latitudes in late September and October 1883,
unusually intense sunsets were observed in North America and Europe alike. Filaments of dense
aerosol clouds (initially probably carrving significant amounts of ash) and a more subdued fine.
milky shining layver. which would glow in extaordinary pink to purple colors (even 90 minutes
after sunset). were reported for almost a vear. The phenomena recurred mainly during the winter
season for at least another vear or two. although with reduced intensity.

Estimates of the emitted amount of sulfate aerosol varies widely depending on the methods
used. Generally accepted values range from 30 to 30 Mt ‘= 30— 50 x 10'? ¢ = Tg! (best estimate
closer to 30 Mt. Self. personal communication). Ice core estimates of the total sulfate mass are
probably the best available (see Table 3.1). These values put Krakatau clearly ahead of Pinatubo.
which generated about 30 Mt of sulfuric acid aerosol ( McCormuck and Verga. 1992. McCormack

et al.. 1993 Self et al.. 1997a). The maximum aerosol optical depth (7..,} in the tropics was
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Reference Tg

archive, method

Ice cores
Hemmer {(1977) 60 Greenland
Hammer et al. (1980) 73 total aerosol

Legrand and Delmas {1987) 10 - 30

Delmas et al. (1992) 45
Langquway et al. (1988) 64
Zielinskr (1995) 38

total aerosol
Antarctic ice
Antarctic ice

max. estimates hvdr. aerosol mass

Gas inclusions or tephra

from g of Sulfur in inclusions (multiplied by 1)

from g of Sulfur in inclusions of different tephra

Devine et al. (198.4) > 1
Mandeville et al. (1996a) > 10
Mutchell (1970) 30

from total erupted tephra

Optical perturbations

Stothers (1996b) 1

Detrmendjian (1973) 13

from optical depth reconstruction

about 2 weeks after eruption referring to total dust

Table 3.1: Estimates of maximur. aerosol mass erupted from Krakatau 1883



estimated at 0.63 from naked eve sunspot observations ( Deirmendjian. 1973). Although this high
value agrees with the blue sun appearance from southern India (many other observations can
be found in Symons. 1888, p. 199ff). Deirmendjian (1973) comments on the unreliability of the
color impressions to determine the true optical properties and spectral radiance. especially when
evaluated against an abnormal skylight background. Krakatau must have depleted the red end
of the solar spectrum by an amount larger than the normal background aerosol. which points to
slightly larger than average aerosol. Stothers (1996b) took this optical depth as the initial value
in the tropics and decreased it then by an e-folding time of 1 year.

A couple of months after the eruption. the typical loading from Krakatau was reduced to
about 0.33 (Derrmendpnian, 1973). probably a more representative value for the developing sulfate
cloud. This value is close to the decreasing aerosol as presented in Stothers (1996b). Therefore, a

alue closer to this (0.5) is assumed for the maximum optical depth. Figure 3.5 compares the data

set of Sato et ul. (1993). Stothers (1996b). and the simple parameterization using =,y mar = 0.3
and rmonth = August 1883, Sato et al. (1993) and Stothers (1996b) aerosol evolutions have been
discussed before. The difference by using the seasonality parameterization is quite obvious.

Two major features stand out: the strikingly larger perturbation compared to Sato et al.. and
the seasonal variation in the parameterization. The difference in magnitude has been discussed
hefore. For the seasonality. different latitudinal bands have to be looked at. [n the tropics.
the volcanic cloud spread very quickly. surrounding the globe in 13 days and covering the area
hetween 33°S and 22°N within a verv short time. By October and November. the cloud started
to spread to mid- and finally to higher northern latitudes ( Symons. 1888: Werler. 1951b). In the
higher latitudes of the southern hemisphere. observations are not available. For the polar areas.
Langway et al. {1993) comment that the sulfate from Krakatau reached southern Greenlaud after
only 1 vear delay, and that in the following vear. still a “strong residual” can be found. This
delay nto the northern hemisphere summer month is well retlected in the temporal distribution

given 1n the seasonality parameterization. Figure 3.6 shows SOy as recovered in the well dated
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Figure 3.5: Temporal evolution of 7., after the large eruption of Krakatau in August 1383 as
represented in Sato et al. (1993). Stothers (1996b) and the seasonality parameterization using

August 1883 as month of eruption and 0.5 as peak Tys.
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Figure 3.6: Volcanically perturbed sulfate [ppb SO,] concentrations in GISP2 core B ( Mayewsk:
et al.. 1990. 1997) for 1883 to 1336 in subseasonal resolution compared with timing and magnitude
of nerosol optical depth in the polar atmospheric column from Sato et al. (1993). Stothers (1996b)

and the seasonality parameterization using 7,.,, = 0.5. and eruption month is August 1883.

GISP-2 ice core. and the clear 1884 summer signal is visible in the observations. While the
Sato et al. optical depth over the polar area is much lower than the others. it also peaks in
1885, clearly one vear later than the maximum deposition and other indices including lunar
eclipse data (Flammarion. 1884: Fisher. 1924). colored sunset occurrences (Symons. 1888) and
sky polarization (see summary in Stothers. 1996b).

Overall. 7, from the seasonality parameterization agrees well with independent data. at least

from the tropics to the high northern latitudes.



3.4.2 Possible atmospheric impact of an eruption of Colima in 1890?

A nice feature of the seasonality parameterization is its potential to help evaluate sources of
observed atmospheric perturbations. This can be illustrated with the optical effects observed
starting in May 1890 from skyv polarization and starting in late 1890 in the pyrheliometric data
from Montpellier (France). lasting until early 1892 (Stothers, 1996b}. Figure 3.7 shows the
peak optical perturbations over the northern mid-latitudes in winter 1390/91 as presented by
both Sato et al. and Stothers. Simkin and Siebert (1994) list only one eruption with VEI { or
larger: an eruption of Colima. Mexico (19.5°N) on February 16. 1890. [f we conservatively use
the peak optical depth of Stothers and use February 1890 as the eruption month. the simple
parameterization produces a temporal distribution that qualitatively matches the observations
in the mid-latitudes. We can again use ice core information to verify relative hemispheric timing.
The Rohock and Frree (1995) [V0. a compilation of eight northern and six southern hemisphere ice
cores, lists perturbations in the southern henusphere in 1391, and in the northern hemisphere one
vear later. The same relative timing is suggested by the simple model. given a tropical eruption
in February 1890, although deposition in the northern hemisphere should be in mid-1891. A
reason for this discrepancy could be in the relative age estimates from the different ice cores.
In conclusion. an atmospheric impact from the 1390 eruption of Colima. Mexico would fit with

observations.

3.4.3 Santa Maria 1902

The eruption of Santa Maria. Guatemala {14.77°N) in October 1902 is classified at a comparable
magnitude to the Pinatubo eruption in 1991 { Williams and Self. 1983). The sulfate aerosol mass is
estimated to have been at least 30 Tg  Hammer et al.. 1980 Mitchell. 1970: Legrand and Delmas.
1987: Zielinskr, 1993: Stothers. 1996b). The contribution of the two other explosive eruptions

in 1902, Soufriere and Pelée. were visible. but significantly lower. The optical perturbations
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Figure 3.7: Optical depth parameterization for an eruption in February 1890. as would fit for
the eruption of Colima. Mexico on February 16 at a latitude of 19.51°N. The observed optical
perturbations in the northern hemisphere mid-latitudes are reasonably reproduced and together
with the earlier arrival over Antarctica compared with Greenland support a proposition of Colima

as the source volcano.



observed in the northern mid-latitudes started during summer 1902, but were greatly enhanced
towards the end of the vear due to Santa Maria. faded somewhat during suminer but appeared
enhanced again towards the end of 1903 (Stothers. 1996b). This temporal behaviour of the
aerosol optical depth is nicely reproduced by the seasonality parameterization shown in Figure
3.3, Two verv dark solar eclipses (see also Fisher. 1924) are used by Stothers (1996b) to argue
that the cloud spread far into the southern hemisphere to cause the perturbation in the light
refraction into the earth shadow. The parameterization reproduces also this feature. In fact. it
is suggested. that the southern hemisphere. due to the seasonal timing. received a slighly larger

mass of aerosol.

3.4.4 Katmai-Novarupta 1912

The June 6. 1912, eruption of Katmai and especially Novarupta in Alaska (33.27°N) produced
very large volumes (around 13 km? DRE. Hildreth and Frerstern 2000V and emplaced an ashflow
that became famous as the Valley of the [0.000 smokes. Due to its high northern latitude. no
aerosol spread south of roughly 30-35°N ( Volz, 1975a). Very quickly large optical perturbations
were recorded around the mid-latitudes though. and in many places the sky appeared in a strange
whitish. silky color and “at times one could look at the sun without discomfort™ (J.R. Eastman
in Awmball. 1913). The visible optical depth at the peak in late summer 1912 is around 0.33 to
0.1 « Volz 1975a: Stothers, 1996b). [ use the timeseries by Stothers and generate a decayv with
an ¢-folding time of 1 vear fitted to the monthly data of Stothers (1996b). The resulting optical
depth 15 plotted in Figure 3.9, and compared with the veryv low values of Sato et al. (1993) and the
data of Stothers 11996b). The high optical depth values in the first few month after the eruption
are probably overestimating the stratospheric optical depth due to significant tropospheric ash
transport. which 1s confirmed by direct deposition of large amounts of chlorine preceeding the
main sulfate deposition on the Greenland ice sheet {Clausen et al.. 1997). The best fit to the

decay in the values of Stothers is found at a peak optical depth of 0.3.
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Pele, Soufriere (May) and Santa Maria (Oct 1902) Optical Depth (vis)

Comparison of dfierent data sourcss
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Figure 3.8: Optical depth parameterization for an eruption for the eruption of Santa Maria.
Guatemala (Oct. 1902. 15°N) and subsequent vears. Previous eruptions of Soufriére and Pelée

are much weaker ( Williams and Self. 1983).



Katmai-Novarupta (June 1912) Optical Depth (vis)

Comparison of dfierent data sources
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Figure 3.9: Optical depth parameterization for an eruption for the eruption of Katmai-Novarupta.
Alaska (June. 1912. 58°N) and subsequent years. The lower right panel shows the monthly data
of Stothers in red and in black the fitted smoother decay of the seasonality parameterization.

The best fit was achieved by selecting a peak visible optical depth of 0.3
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3.4.5 Agung 1963 and El Chichén 1982

The eruptions of Agung (1963) and El Chichén (1982) are two difficult cases because the aerosol
cioud evolution of these tropical eruptions was rather unusual. \While the Agung cloud was
strongly concentrated in the southern hemisphere { Flowers and Vierbrock. 1965: Moreno et al..
1963). with a possible north to south ratio of 1 to 3 ( Dyer and Hicks. 1968) or even 1 to 8
i Volz, 1970: Stothers, 2001}, the El Chichdn optical depth on the other hand was probably about
double or triple in the northern hemisphere compared to the south (Stothers, 2001). The simple

parameterization shown in Figure 3.10 does not resolve these strong hemispheric biases very well.

Agung. Bali (8.34°S)  Although the Agung simulation is in terms of a temporal hemispheric
weight largelv correct. the simple model underestimates the much higher aerosol concentration
it the southern hemisphere, as compared with the north here shown by Sato ¢t al. (1993) and
the timeseries of Stothers (20011, Ou the other hand. it also needs to he emphasized that the
northern hemisphere did experience optical perturbations as spectacularly shown with extended
colored sunsets and purple sky glare long after the eruption { Memnel and Memnel 1964: Volz, 1964:
Mendonca et al.. 1978). Perturbations measured in the northern polar areas showed an increase
in diffuse and decrease in direct radiation. indicating the effect of volcanic aerosol ( Bradley and
England. 1978a.by. [t is not clear. however. if eruptions in the high northern latitudes could
have contributed to this effect. A list of eruptions in Alaska are registered in the Smithsonian
Catalogue. and starting in November 1963. Surtsey. off the Icelandic coast. started to be very
active in an explosive manner. The seasonality parameterization in Figure 3.10 does exhibit a
maximum in Spring of 1964 from the Agung aerosol. a time when Volz (1970) observed weak
Bishop rings in the Swiss Alps. But the optical depth of about 0.1 is probably about double
from the real -, of 0.05. Long time series of atmospheric transmission from Russia do exhibit
some perturbations during this time as well { Budyko and Pivovarova. 1967). but manv stations

suffer from a increasingly strong trend in tropospheric pollution that might overstate the effect of



Agung (Mar. 1963) Optical Depth (vis) Ei Chichon (Mar. 1982) Optical Depth (vis)
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Figure 3.10: Optical depth parameterization for Agung, Sunda (8.34°S) compared to Sato et al.
(1993) shown in the left two panels. and in the right column for El Chichén. Mexico (17.36°N).
Note. the El Chichdn eruptions started in late March but the largest events took place in early
April. This delay was taken into account here to evaluate if the slightly different timing could

be responsible for the different hemispheric distribution.



stratospheric aerosol (McCormuck end Ludung, 1967 Pivovarova. 1973). Dyer (1971) also reports
significant perturbations in Japan during 196, but the absence of a comparable signal in Hawaii

{19°N) or Albuquerque (33°N) put doubt on Agung as the source of the aerosol.

El Chichén, Mexico (17.36°N) : The El Chichén simulation fails to predict the hemisphere
of maximum optical depth. This problem has shown up in other modeling experiments where
transport models were given the challenge ( Cadle et al.. 1976. Cupone et al.. 1983), all with quite
similar results to the parameterization shown here. [t has been a puzzle why the El Chichdn
aerosol was so stongly confined to the northern tropics ( Thomas et al.. 1983a).

The reason for the unusual spread for both eruptions can probably not be linked to the latitude
of the eruption (Agung 3.3-1°S. El Chichdn 17.36°N). since the Pinatubo (15.13°N) cloud was
dispersed more or less evenly into both hemispheres. The season of the eruptions is also not a
convincing argument, as the large Tambora eruption. {rom basically the same latitude as Agung
(3.25°8) and only a couple weeks later in the vear. did not exhibit this strong very bias. Possible

influences could include :

e Regional meridional components in the lower stratospheric circulation mostly around sub-
tropical high pressure systems that extended into the lower stratosphere (see Trepte et al..
1993). Here. no longer perfect zonal conditions exist and parts of the cloud could get

diverted into higher latitudes where their heating further enhances dispersion.

e QBO through differences in general meridional transport efficiency depending on easterly
or westerly phase ( Trepte and Hitchman. 1992; Grant et al.. 1996). where the altitude of
the aerosol, gas cloud could play an additional role ( Hitchman et al.. 1994): easterly phase
favors detrainment from the tropics into the higher latitudes mostly above 22 km. whereas

the westerly phase causes relative descent and poleward transport more in below.

e and finally. ENSO and inter-annual changes in the monsoon strength through modification
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of the large scale Hadley circulation (Meehl 1997).

3.4.6 Summary

In conclusion. we can summarize that while the siinple parameterization is not perfectly repro-
ducing the distribution of aerosol. it offers a reasonable way to put directly and indirectly derived
proxies for atmospheric perturbations by volcanic eruptions into a useful context. It is especially
useful when applied to information from long time series of volcanic sulfate in polar ice sheets
that provide an estimate of peak optical depth ( Zielinski. 1995). Using the same procedure back
i time provides a consistent approach to this rather intracable problem. The parameterization
(with reasonable spatial and temporal evolution of the aerosol throughout the time period of
interest) provides a significant improvement over the other records. where the quality of source

information changes dramatically over time.

3.5 Volcanic Forcing 1870 to present

The seasonality parameterization is now applied to all large eruptions since 1870. We follow
the assessment of Stothers (1996b) for identifving which eruptions did perturb the atmosphere
measurably. and only the event of Mt. Spurr is added in the Northern Hemisphere ( Enger and
Fratz, 1956: Werler. 1936: Roosen and Angione. 1984). The list of eruptions is presented in Table
3.2, and the resulting optical depth time series are shown in Figure 3.11 and Figure 3.12 showing
the spatial evolution.

Assuming an aerosol size distribution and composition. Lacis et al. (1992) showed that the
optical depth is the most important factor to determining the the forcing and with this the impact
on climate. The constructed forcing data set will be compared with observed climate data and

model simulation in the following chapters.
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Figure 3.11: Globally averaged annual optical depth (7..,) for the seasonal parameterization

(red) compared to Stothers (1996b) (blue) and Sato et al. (1993) (black).
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Figure 3.12: Spatial evolution of 7., using the seasonal parameterization



Volcana Latitude Date Sulfate References

Krakatau 6.1°S Aug 27, 1883 40-50 Tg  Symons (1588)
Self und Rampino  (1981)
Simktn and Fiske (1983}

Colima (™) 19.51°N Feb 16, 1890 2 Ty Kimball (1924)

Soufriere and Pelee 13.33.14.82°N  Mav T and 8. 1902 5Ty Bullard (1976): Self et al. (1981}

Santa Mana 14.76°N Oct. 25, 1902 30 Tg Williams and Self (1983). Self
et al. (1981}

Kauzdach 51 8°N Mar 28, 1907 4 Tg Macias  (1991), Macwas and

Sherdan (1995)
Bruitseva et al. (1996)

Ratmar-Novarupta 38 ATEN June 6, 1912 11 Tg Kymball (1913); Volz (1975a)
Hildreth and Fierstein {2000)

Cuordon Caulle, Puyechue 40 53°8 Dec. 13,1921 2Tg Gerlach et al. (1988). Abbot
et al. (1932)

Paluweh 8.32°S§ Aug. 4, 1928 3Ty Abbot et al. (1932). Hand (1919}
Hoyt (1978)

Romagatake 42.08°N Jun. 17,1920 1Ty Abbot et al. (1932}

Quizapu 35 TS Apr. 10, 1932 3Tw Hoyt {1978}

Spurr 61 3N July 9, 1953 <3 Tg Enger and Fritz (1956). Wesler
(1056); Bluth et al. (1997}

Agung s 34°S Mar 17,1963 15-20 T Dyer and Hicks (1963). Cadle

et al. (1976)
Keen (1983)

Fernandina 03758 June 11, 1968 <3 Tx SMimkin and  Howard  (1970),
Castleman »t al. (1971)
Fuego 1347°N Oct. 10, 1974 25Tk Hofmunn and Rosen (1977). Ca-

dle et al. (1976)
Rose  {(1977).  Lockwood and
Thompson ( 1986)

El Chichon 17 36° N Apr. 3 1982 1215 Ty MeCormack and Swissler
(1983); Bluth et ai. (1993)
Eparvier et al. (1994)

Pinatubo 15 13°N June 13, 1991 30 Ty McCormack et al. (1995)

Table 3.2: List of significant eruptions since 1870, based on Stothers (1996b): Sato et al. (1993):
Robock und Free (1993). Colima : estimate after Stothers (1996b) using the value for Colima
as a tropical eruption. High latitude eruption aerosol mass was estimated to have been 6 Tg.
and mid-latitude mass about 12 Tg. Katmai-Novarupta : Delayed part of sulfate deposition
in Greenland. Much larger amount probably tropospherically transported but with very short

atmospheric lifetime.



3.6 Multi-decadal periodicity in tropical explosive volcan-
ism and its influence on climate

{Paper with Philippe Naveau. submitted]
Caspar M Ammann®" and Philippe Naveau*®
* NCAR. Climate and Global Dvnamics Division
" Umiversity of Massachusetts. Department of Geosciences

t Laboratoire de Météurologie Dyvnamique

3.6.1 Overview

During the last millennium, complex and often non-uniform patterns of cool phases with embed-
ded warm intervals have characterized climate ( Brudley. 2000). Explosive volcanism has been
demonstrated to cool climate on inter-annual time scales { McCormick et al.. 1995). It has also
been proposed that a series of temporally closely spaced eruptions could extend their influence
on climate ( Robock, 1978 Porter, 1986). However. the lack of appropriate statistical models and
relatively poor records have not allowed this idea to be fully explored. Here. we present a new
analysis of volcanic eruption occurrences during the past 600 vears based on a compilation from
recent ice core data. We demonstrate for the first time the existence of a verv strong 76-vear
volcanic eruption cvele in the tropics. All episodes of high volcanic activity from 1530 to the
present coincide with cooling periods in the Northern Hemisphere. Hence. this result supports the
proposition that tropical explosive volcanism contributes significantly to multi-decadal climate

variability.

3.6.2 The volcanic record from ice cores

Large explosive eruptions can inject a substantial amount of sulfur dioxide into the lower strato-

sphere (Ramp:ino and Self. 1982). where sulfuric acid droplets form over the time period of a few
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months ( Castleman et al.. 1971). While most of the ash and the large acid droplets fall out rather
quickly. a substantial amount (few to over hundred Tg {= 10'*g] for some very large events) re-
mains in the stratosphere. [n the case of tropical eruptions. the aerosol cloud spreads into both
hemispheres and is transported around the globe. Effective scattering of incoming short-wave
radiation by the sulfuric acid droplets results in a decrease in the direct solar beam. but an
increase in the ditfuse skvlight. Nevertheless, volcanic aerosol clouds can reduce the surface net
Hux in the short wavelengths by several Wm=2 (Minnus et al.. 1993). Absorption of upwelling
long-wave radiation is generally smaller (Minnts et al.. 1993). leading to the overall surface cool-
ing etfect of volcanoes on climate ( McCormuck et al.. 1995; Rampino and Self. 1982). During the
time frame of a few vears. meridional transport spreads the aerosols poleward. where thev are
deposited through general subsidence onto the polar ice sheets. Ice cores (mostly from Greenland
and Antarctica) have revealed long and continuous records of volcanic sulfate (Hammer et al..
1980: Zielinskr et al.. 1991). Significant spikes from a few very large events are often used as
time markers to verifv the age down core and for core-to-core correlations { Langway et al.. 1993).
Unfortunately. due to local depositional effects. up to a third of the volcanic event signals can be
missing in a single core (Zielinskr et al.. 1997). Therefore. to obtain a complete volcanic record.
a large number of well-dated ice cores have to be compiled. and the sulfate spikes have to be
inter-compared. Robock and Free (1996) constructed the [ce-core-Volcanic-Index (IVI). based on
eight cores from the Northern and six from the Southern Hemisphere. For identification of the
volcanic origin. these records can be compared to the extensive Smithsonian Catalogue ( Simkin
and Siebert. 1991). For a large tropical eruption with a significant sulfate component. a signal in
both polar ice caps is to be expected. However. the aerosol transport for individual events can
in some cases be strongly biased towards one hemisphere (e.g. Agung. Dyer and Hicks (1968)).

To analvze the distribution of volcanic eruptions over the last 600 vears. we complement the
INT of Robock and Free (1996) with the most recent ice core sulfate data. We concentrate on the

climatically important eruptions in the tropies (30°N - 30°S). using corresponding sulfate signals
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in both polar ice caps as the selection criterion. Instead of studving the magnitude of individual
events, we focus our attention on the easier problem of analyzing the frequency of large tropical
volcanic eruptions. This approach allows us to significantly reduce the difficulties in core-to-core
comparisons and to simplify the construction of our compilation. We find 5. explosive eruptions
in the tropics since 1400, which produced a global aerosol cloud and left a recognizable sulfate
signal in ice. The data is presented in Table 3.3, For the remainder of this report we concentrate
on these events.

In the early part of the record. definitive identification of the source volcano was not always
possible (see Table 3.3). These identification problems decrease towards the present but still
persist for a few recent eruptions. Despite traces in corresponding annual layvers. one cannot
exclude that some peaks in both Greenland and Antarctica could represent two independent
events in the higher latitudes. For example. Icelandic eruptions pose a chronic problem for
many Greenland sites, and little is known about sub-Antarctic volcanism. Further problems
that can affect the cross-correlation among cores include the different temporal resolution and
the inhomogeneities from the various techniques applied to detect the volcanic signal { Robock
and Free. 1996). Nevertheless. large reference events, such as Tambora (1813). Huaynaputina
(1600) and Kuwae (1.452). help to re-calibrate’ the chronology of the different cores through time
(Languay et al.. 1995). Also, the multiple ice core data in conjunction with a recorded tropical
event in the Smithsonian Catalogue lend confidence to the compilation.

For the most recent ice/firn data from the Northern Hemisphere. the anthropogenically pro-
duced sulfate has caused a significant rise in the background concentration { Neftel et al.. 1983;
Mayewsk: et al.. 1990: Goto-Azuma and Koerner. 2001). Since the detection of volcanic peaks is
consequently more difficult. we complemented the ice record of the 20**-Century with compila-
tions of observed atmospheric perturbations after tropical eruptions.

To analyze the eruption frequency. each vear from 1100 to 1998 was coded by a one if sulfate

spikes were recognized in both hemispheres. and zero otherwise. This binary tropical volcanic
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Table 3.3: Tropicai eruption List derived from ice cores - Year Year of sulfate deposition. « = 1 vear due to different
scasonality of eruptions. ®age correction of —2 or =3 vears for GISP2 probable de Silva and Zielinsk: (19958); Volcano:
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data set is represented by green spikes in Figure 3.13. To detect the low frequency signal present
in this binary time series. a weighted moving average (blue line) was applied to the data. The

dominant feature of this curve is a striking cvcle of approximately 76 vears.

3.6.3 Statistical method
3.6.3.1 Statistical model

To complement this graph and to provide a more exhaustive statistical analysis of the frequency
of the eruptions. we developed a probabilistic model which has the advantage of summarizing
the key features present in our time series. [ts binarv nature and non-stationarity imply that a
classical spectrum analysis is not appropriate and a tailored statistical model has to be developed.
There exists a long history of modeling binary data in the statistical literature ( Agresti. 1990). In
particular, the logistic model has received special attention because of its texibility and simplicity.
The basic idea is to define the probability of observing an eruption during the t-th vear as a
function of time. p(t) = =(A(t)) where x(r) = exp(r)/{l — exp(r)) and A(¢) is called the logut-
link. The main difliculty is to find a reasonable and simple logit-link. Motivated by the moving
average in Figure 3.13. we choose to decompose the logit-link function into the sum of two

components. A(t) = A ¢) ~ N\BV(¢#). The first term represents periodicities. i.e.
"
Ay = Z(BL, cos(2xt/T,) +~ Oa, sin(2xt/T,}).
=1
where m is the number of cycles. T, the length of the i-th cvcle. and the 8’s are the parameters
to be estimated. The second component corresponds to the long-term fluctuation (black line in

Figure 3.13 and is modeled by A8 () = 8; ~ #2(1 — exp(—63t)) (note N'B'(¢t) increases from 6,

to 8, ~ 0, for t large). Hence. the global logit-link can be written as:

Ag{t) = cyeles - overall trend.

m

:Z(()L. cos(2xt/T,) ~ 2, sin(2wt/T,)}. ~ 16; = O2(1 — exp(—b3t})}. (3.1)

=1
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The next step is to estimate the unknown parameters (8;.6s....) in (3.1) for a given multi-decadal

set up, i.e. for different m and T,.

3.6.3.2 Parameters estimation and model selection

The estimation of these parameters is carried out by maximizing the likelihood function ((8),
which is the probability of observing our data relative to 8. This classical procedure consists
of selecting # which maximizes {(8). If we assume that eruptions occur independently. then
18 = [Ipy ()1 — pa(t)}' =¥ where v, represents a volcanic event (0 or 1). pg(t) = 7(Xs(t)). and
Ag(t) is defined by (3.1). The maximization of {(f) is undertaken by using classical optimization
methods.

Although the moving average in Figure 3.13 varies with the window size. the 76-year cycle is
also present for different windows (from 15 to 10 vears). Here. the weights of the 36-vear moving
average are equal to wexp(—it!/18) if it! < 18 and 0 otherwise (w is chosen such that the sum
of the weights equals to 1). These weights and the 36-year window have been chosen because
of their excellent visual agreement with our models (red line). but they did not plav any role in
the parameter estimation. As can be seen in Figure 3.13. the logistic model with a cycle of 76
vears (red curve) provides a very good estimate of the probability of observing an eruption over
time. The probability oscillates significantly in time. from roughly 5 to about 17 percent. the
peak phases being at least 3 times stronger than the low intensity phases.

I[n order not to rely exclusively on visual devices. another diagnostic tool for assessing the
fit by (3.1) is needed. The problem of selecting a good tnodel is related to the risk of over-
parameterization. i.e. obtaining an excellent fit with an overly complex model that has the
disadvantage of a very poor predictive quality due to the high number of parameters. One of the
most popular criterion for model selection is the Akaike's Information Criterion (AIC) (Petrov
und Csaki. 1973: Stone. 1977: George. 2000). The AIC is based on the likelihood function. which

reflects the quality of the fit. and on a penalty cost proportional to the number of parameters.
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In our case. the AIC can be expressed as

AIC(8) fit quality — penalty for adding parameters.

=2Inl(8) + 2c(8).

where c(#) represents the number of parameters. A small AIC indicates a competitive model. and
the best model is the one with the smallest AIC. The "random™ model (black circle in Figure 3.14)
corresponds to the case where volcanic events are assumed to be completely random. [ts AIC
should be viewed as the reference (dotted line). Then. the model which only fits the overall trend
igreen cross) has 2 more parameters. This addition improves the log-likelihood by approximately
2 umts, but the AIC is relatively unchanged. In comparison. the addition of 4 parameters with
a 76-vear cvcle (blue circle} improves the log-likelihood by approximately 6 units and the AIC
by 2.3 points. respectively. This net ditference indicates a much bhetter model. as seen in Figure

3.13. The same type of reasoning can be used to interpret other models.

3.6.4 Results

Figure 3.14 summanzes the selection process among ditferent logistic models, in particular the
ones that incorporate the cyvcles previously proposed in volcanic eruption data sets. Stothers
11989) recognized two week cvcles of 30 and 11 vears in an acidity record from Greenland as well
as in the VEL The AIC clearly shows that neither a 11 nor a 30-vear cvcle provide a good fit
for our data set. the 76-vear cvcle being the most efficient to fit the tropical volcanic eruption
occurrences. Note. Stothers (1989) did not take advantage of the bhinary nature of volcanic
occurrences and dismissed an overall trend by stating that “it is reasonable to regard the record
as roughly stationary for the VEI > 37. We also make use of significantly improved data from
both ice cores and VEI (see Table 3.3. Besides the cvele of T6-vears. both much shorter and
longer cycles could be present in our compilation. The length of the time series given here does

not allow us to study long-term variability much bevond about 100 vears. and the rarity of large
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Figure 3.13: Logistic regression model with a 76-year cycle (red line) and a 36 year moving
average (blue line) through binary eruption data (green spikes). The black line represents the

overall trend.

tropical eruptions (around one per decade) makes the investigation of short cycles (<20 years)
difficult. For example. the 11-year sunspot cycle proposed to be present in the data (Stothers.
1989) might not be properly resolved with this data set. Keeping this limitation in mind. we
evaluate the possible contributions of the lunar nodal cycle of 18.6 yvears (Currie. 1994) to the
eruption frequency. But it cannot provide a better AIC. Overall. the best model combines a
trend with a 76-vear cycle (blue circles).

While from a visual and statistical point of view. it is very difficult to refute the existence
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Quality of fit of 10 logistic models
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Figure 3.14: Selection among 10 logistic models defined by equation (3.1). The simplest model
corresponds to the “random™ model (black circle}. The most complex models have 7 parameters
and correspond to an overall trend with 2 cycles (red symbols). The quality of fit of these
models is measured by the negative log-likelihood (upper curve) which has the disadvantage of
not penalizing for the addition of parameters and by the more efficient AIC (lower curve) that
penalizes for additional parameters. The smaller the AIC. the better the fit. The model with an

overall trend and a 76-vear cvcle (blue circles) provides the best AIC. and therefore the best fit.
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of this 76-vear cycle in our compilation. we still need to confirm that no subtle changes in the
background acidity. caused by an independent factor. could be responsible for this periodicity.
To reduce this possibility. the same methodology is applied to the Volcanic Explosivity [ndex
(VEI) ( Newhall and Self. 1932) that was constructed independently from any climatic or ice-core
records. We selected all tropical eruptions with a VEI > 3 from Simkin and Siebert {1991).
which correspond to large and violent events that most probably injected ash and gases in the
stratosphere { Newhall and Self. 1982). A similar statistical study (not presented here but available
from the authors) indicates that the same 76-vear cvcle is also present in the VEI, although with
somewhat less clarity. We conclude that changes in the background level of sulfate are clearly

not responsible for the 76-vear cvcele.

3.6.5 Potential climate impact?

Large stratospheric sulfate injections from explosive volcanism have been shown to significantly
impact climate on inter-annual time scales (Kelly and Sear, 1934. Bradley. 1938. Briffa et al..
1998). To assess the multi-decadal climate impact of the strong 76-vear volcanic cvcle. we
compare our statistical model in Figure 3.15 with the Northern Hemisphere annual temperature
reconstruction of Mann et al. (1998). The key feature from this comparison is that all episodes of
high eruption frequency from 1550 to the present correspond to local minima in the temperature
reconstruction (the converse being false). In comparison. the association between solar activity
{represented in Figure 3.15 by sunspots group numbers from Hoyt and Schatten (1998) and
secularly smoothed aurora observations from Gleissberg (1963)) and the temperature minima is
visible. but not as clearly as with volcanic accurrences. Hence. sulfur rich explosive volcanism.
acting bevond the infiuence of individual events. appears to be an essential component for driving
multi-decadal climate variability. It is interesting to note that many of the high voleanic activity
phases seem to coincide with solar indices showing at least local minima (see Figure 3.13). If

there is indeed a link and how it wouid work is purely speculative at this point. Interestingly.
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the multi-decadal changes of the solar radius proposed to exhibit a cvcle of 76 vears (Guliland.
1981: Fréhlich and Eddy. 1984) are almost in phase with the volcanic eruption probabilities.

In conclusion. we have demonstrated that the temporal distribution of global volcanic sulfate
forcing exhibits a strong cyele of about 76 yvears. with large explosive eruptions occurring every 3
vears at its peaks. Short temporal spacing has been previously invoked as a necessarv condition
for volcanism to perturb climate on decadal time scales (Bradley. 1938: Wigley, 1991). Besides
-alidating such conditions. we show that all peaks in the volcanic cvcle coincide with Northern
Hemisphere temperature depressions. at least from 1530 to present. Our results also suggest
repeated conjunction of increased voleanic actuivity with lower solar activity. Therefore. isolated
correlation analysis between either solar or volcanic forcing and climate have to be performed
with caution. Additionally. further research is required to investigate potential mechanisms

responsible for the T6-vear cvcle.
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Figure 3.15: External climate forcing on multi-decadal scale. Top: Annual probebility P for an
explosive volcanic eruption in the tropics (blue line) with a logistic model (red line) from Figure
3.13. Middle: Reconstruction of annuel Northern Hemisphere temperature anomaly (A°C) of
Mann et al. (1998) relative to the average from 1902-80 smoothed with a 20-vear running average
{dark green line). Bottom: Group-sunspot numbers R since 1610 (Hoyt and Schatten. 1998)
(black line). and secularly smoothed auroral frequency numbers Na (Gleissbery. 1965) (purple
line).
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Chapter 4

CLIMATIC IMPACT OF

EXPLOSIVE VOLCANISM

FROM PROXY DATA

4.1 Introduction

Large volcanic eruptions in the tropics can significantly perturb the atmospheric radiative budget.
The eruption of Pinatubo in 1991 caused a negative net radiative flux of 3-4 Wm™=2 (Minms
et al.. 1993: McCormuck et al.. 1995). resulting in a global surface cooling of several tenths of
a degree Ceisius. The temperature drop started almost immediately after the eruption and
peaked roughly one vear later. in fall 1992 ( Hansen et al.. 1996a; Parker et al.. 1996). Many
studies have focused on identifving intermittent climate cooling due to large volcanic eruptions
i Franklin. 1785; Humphreys. 1940: Mitchell, 1961: Lamb, 1970: Oliver. 1976: Pollack et al.. 1976:
Balduan et al.. 1976. Hansen et al.. 1978: Robock. 1981: Self et al.. 1981: Kelly und Sear. 1984;

Bradley. 1988: Parker. 1988: Robock and Mao. 1992. 1993). as well as the spatial distribution of
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the anomalies (Growsman. 1992: Relly et al.. 1996). Many of these studies sutfer from the lack of
enough significantly large events. where a separation of the signal from the climate background
noise is possible.

Recently. a new climate reconstruction with unprecedented spatial coverage and resolution
was constructed. otfering a new opportunity to substantially extend the time frame in which
large events can be studied. and to achieve a more viable look at this statistical problem. Here
we want to make use of the nearly 600-vear global climate reconstruction of Mann et ol. (1998).
which allows us to extend the study significantly in time and space. The reconstruction is based
on a diverse. globally distributed proxy network. allowing not only a look at climate variability
at a specific location. but also at the level of large scale patterns which could carry additional
information ( Bradley and Jones, 1993; Barnett et al.. 1996. Mann et al.. 1998, 2000). We analyvze
the signal of the 20 largest tropical eruptions covered by this reconstruction. We then compare
the response pattern to natural modes of climate to see if the volcanic forcing tends to enhance
or suppress some of the major modes of climate variability or if a distinct response pattern can
be found. The response pattern to large volcanic eruptions will be evaluated on the interannual
and multidecadal time scales. Finally. the potential differences between climate signals (as found

in single proxy time series) and large scale pattern reconstructions are discussed.

4.2 Volcanic Eruption Data

Although explosive volcanic eruptions occur quite frequently (see Simkn et al.. 1981: Simkin and
Stebert. 1994). events with discernible radiative) effects on the earth energy balance are much
less common. maybe on the order of one event per 1-2 decades {Bluth et al.. 1997). Rampino
and Self {1982). Sigurdsson (1990) and others have shown that it is not primarily the magnitude
of the eruption that is responsible for influencing the global climate but. more specificaliv. the

amount of sulfur injected into the stratosphere. Only a relatively small number of large events
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meet this criteria (Stothers. 1996b). A relatively detailed record of explosive volcanisin can be
constructed from sulfate deposits identified in ice cores (Hammer. 1977. Hammer et al.. 1930:
Legrand and Delmas. 1987: Delmas et al.. 1992 Zielinska et al.. 1994: Zielinskz. 1995: Robock and
Free. 1995: Clausen et al.. 1997: Cole-Deat et al.. 2000: Ammann and Naveau, 2001). In order to
obtain a sutficiently complete and reliable record. information from a large number of ice cores
has to be compiled (Zielinskr et al.. 1997 Robock and Free, 1996). Additionally, an important
issue involves the identification of the source volcanoes responsible for the sulfate deposits. Given
a certain sulfate flux. the derived atmospheric perturbation would be very different for a high
latitude eruption compared to a tropical source ( Legrand and Delmas, 1987: Zielinski. 1993). A
way around this problem is to combine ice core information of both polar ice caps. All vears
with sulfate deposition in both hemispheres are candidates for tropical events. A number of
problemns including accurate chronologies of the individual ice cores. hemispheric biases in the
sulfate transport. as well as independent high latitude eruptions can perturb the record. But
if the ice core data are compared with additional volcanic information. such as the Dust Veil
Index (DVI. Lamb. 1970, 1983) or the Volcanic Explosivity [ndex (VEL Newhall and Self. 1982:
Simkin and Stebert. 1994). most of the large events can be identified. Additionally. a compilation
of latewood density data from tree rings collected in the Northern Hemisphere has been shown
to be extremely sensitive to volcanic perturbations during the summer season (Briffa et al..
19931, Comparison of the sulfate events with this tree ring record lends further confidence in the
selection procedure.

Table 4.1 lists the selected eruptions of this study and how they are classified in the various
volcanic indices over the last 600 vears. The ice-core volcanic index (IVI) of Robock and Free
11996) was used as the main selection criteria because it is least biased towards observational
coverage and takes the important sulfur content of volcanic emissions directly into account. Years
with volcanie sulfate in both polar areas were selected and ranked by their respective radiative

forcing computed from the standard-deviation of sulfate above the background level at each site
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(see Robock and Free. 1993). For comparison. the corresponding values of other commonly used
volcanic indices are listed in Table 1.1.

Very clearly. the two largest events. Tambora (1815} and Kuwae (1452/3) tower over the other
events. They are followed by the eruption of Parker (16-11) and the still unknown volcano that
erupted at some point during 1308. Then. a group containing Huaynaputina (1600). Krakatau
{1383) and Pinatubo (1991) form the next well recognized set of events. Careful consideration of
available information then leads to the conclusion that starting with Kelut (1586). the confidence
decreases significantly in the association and therefore the forcing estimate of smaller events. This

is supported by a host of observations:

o Source Volcano: The large deposit of 1587 and 1388 has not been related to Kelut with
high certainty. Kelut is a volcano with a large crater lake that has the tendency to cause
dangerous mud Hows. Although the eruption of 1536 is classified as "5 in the VEI and
15 known to have claimed thousands of life’s {Sapper. 1927). it cannot be excluded that
the major part of the volcanic perturbation of the global atmosphere in that vear is from
another source. Zielinsk: {1993) suggested the very large eruption of Billy Mitchell (VEI =
6). a candidate vet to be precisely dated (tentativelv set to the '*C date of 1530). Further
association problems are clearly visible with the increasing number of question-marks in

the list. especially the earlyv ones.

e VEI values: While all the eruptions up to Krakatau were verv clearly of enormous mag-
nitude. carrving VEI values from 5 to 7. this is no longer the case for some of the lower
ranked events. Smaller. less known eruptions. but with high sulfate amounts. such as the

eruption of Agung (1963). are included.

e DVT classification: The general decrease in the DVI as one moves down the list confirms
the decreasing uniqueness of these smaller events. Nevertheless. there are a couple events

missing that were classified with a DV of 1000 or larger. One event is Mavon (1766)
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Rank Volcano year-used Lat Lon IvI DVI VEI Rank,.

1 Tambora. 1815 1816 .38 118E 15 3000 T 2
2 Kuwae. 1452, 3 1453 1635 163.5E 10 - 6* 4
3 Parker, 1641 1641 61N IM9E 6.7 1000 6 3
1 *Unknown, 1508 1809 ’ ’ 5.6 1500 o6& -
5 Huaynaputina, 1600 1601 16 65  TO.OW 1.1 1000 6 1
[ Pinatubo, 1991 1992 151N 120 4E 4 > 1000 [ 20
bl Krakatau, 1583 1884 6.18 105 4E 3.7 1000 6 13
5 Kelut, 1356 1587 T8 112.3E 12 1000 5" 17
9 Coseguina, 1335 1536 13N 5T 6W 12 1000 5 21715
10 Babuvan. 13831 1532 193N 1219E 2.3 1400 47 -
11 "Unknown tAwu™) 1714 ’ > 2.6 - 3 -
12 *Serua, 1693 1695 633 130E 26,19 100° 47 6
13 Ruiz. 1395 1396 4N Thaw 2.4 1000 57 -
14 ‘Garde, 1717 174s 6 85 WTE 21 - 3 -
13 El Chichon, 1982 1982 ITAN 932w 1.9 500 5 -
16 *Rabaui. 1630714 1621 138 132.2E 1.9 - 3 -
17 Agung. 1963 1963 818 115 5E ts 300 4 .
1§ Santa Maria, 1902 1903 148N 316w 1.6 00 6 -
19 *Arenal, 15251 1522 03N S4TW 13 - 4 -
20 *Long Island, 1665 1666 348 WTHE 1.5 500 6 12

Table 1.1: List of the largest tropical volcanic eruptions in last 600 vears as derived from the
IVI of (Robock and Free, 1996). Data: IVI: Robock and Free (1996): DVI: Lamb (1970. 1983).
¢ attribution of DVT of eruption associated with Omate in 1660. a synonym for Huayvnaputina.
which i1s mentioned already in Sapper (1927) in the same sentence as activity around 1600: VEL:
Simkin and Siebert (199.1); Tree-Ring ranking: Brffa et al. (1998). VEI association for Kuwae
and unknown event 1808 are based on comparison of sulfate fiux with other events. Kuwae might
need to be upgraded to VEI=7. Double [VI] value for 1693 is due to | vear shift in southern

hemisphere deposition which delivers the larger value. This event has been recently recognized

as large ( Cole-Dar et al.. 1997a).
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with a DVTI of 2300 (but only VEI=3). and Galunggung (1822) with 500 for the individual
event, but 2200 for the period. No clear sulfate signals are present in the IVI for both of
these times, and a major climate perturbation from these eruptions must therefore remain

questionable.

Tree ring signal: The same decreasing trend can be seen in the ranking of northern Hemi-
sphere perturbation of growing season perturbations for trees. With the exception of Santa
Maria (1902). all events of the top 20 eruptions left very clear cooling signals in the tree
ring data (Briffa et al.. 1998). A clear cooling in the vear 1673 (rank 8). possibly related
to the eruption of Gamkonora (VEI=5. DVI=1000). is not in the list because there is no
sulfate recorded in the Southern Hemisphere in the IV] of Robock and Free (1996). But in
a more recent study. Cole-Dar et al. {1997a) registered a clear signal during 1673 and 1674
in Antarctica. Using their fluxes, an updated ice core index would put Gamkonora roughly

into the area of the events of 1714 and 1695, around rank 1 or 12.

Interestingly. three eruptions of the late 20*P-Century are present within the top 20 events

of the last 600 vears. [n particular., Pinatubo is ranked among the major events. Its flux was

conservatively estimated to be 239 larger than the available fluxes from El Chichén ( Zielinsk

et al.. 1997) in the Northern Hemisphere and set equal to the Agung deposits in the South-

ern Hemisphere from (Robock and Free. 1993). This is probably a conservative estimate. given

that Dutton and Christy (1992) estimated optical perturbations during the first 10 months after

Pinatubo to be roughly 1.7 times stronger than after El Chichén. In terms of [V]. Pinatubo is

placed into the neighborhood of Krakatau. But since especially the El Chichon fluxes are taken

from a single source. a re-ranking. when more ice cores covering this period will be available.

cannot be ruled out. Nevertheless. Pinatubo will probably remain within the 10 largest sulfate-

producing tropical eruptions during the last 600 vears. El Chichén might be moved down. but

the Agung signal is very prominent in all Southern Hemisphere ice cores. [ts ranking. therefore.
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is likely to remain more stable.

4.3 Method

We use the Superposed Epoch Analysis (subsequently SE) method ( Panofsky and Brier, 1963) to
isolate the volcanic impact on surface temperatures as reconstructed from a multi-proxy network
(Mann et al.. 1998). So as not to bias the data towards the changes in climate. we scale the
temperature anomalies of the climate reconstruction for each of the selected events at each grid
cell to its preceeding 10 vears. In this wayv. each event added into the SE-composite represents
the deviation from the ciimate of that time rather than from an arbitrary mean. When using
shorter average periods. the interannual variability dominates the signal and interpretation of
the result is obscured. although the primary conclusions remain. Longer averages give results
very close to the 10 vear window used here. To evaluate the significance of the temperature
changes. we employ the Monte Carlo technique using 10.000 iterations to subsample the climate

reconstruction in the same way as for the volcanic events.

4.4 Results

Figure 1.1 shows the SE analysis of all eruptions from Table 1.1. except El Chichén and Pinatubo.
These two eruptions were excluded because no consistent spatial proxyv-based temperature re-
constructions are available. The superposition of temperature anomalies after the 18 remaining
events shows a generally clear cooling signal. The strongest temperature perturbations are found
over the Northern Hemisphere continents, especially eastern North America and western Europe.
A similar pattern has also been identified for the aftermath of Pinatubo. although the cooling
over Europe was shifted more to the east (NCEP. not shown). Cooling is also present over
the tropical Atlantic and in the western Pacific warm pooal area. On the other hand. warming

anomalies appear in the eastern Pacific. Alaska and areas in central Asia and the tropical [ndian
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Superposed Epoch of 18 Large Tropical Eruptions
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Figure 4.1: Superposed epoch analysis of 18 largest volcanic eruptions in the tropics since 1400
derived from Robock and Free (1996) IVI data shown in Table 4.1 with exception of 1991 Pinatubo

and 1982 El Chichdn. because they are not included in the proxy series used by Mann et al. (1998).

Ocean. To analyze which of the superposed temperature anomalies are significant. we performed
a Moante Carlo simulation. applying 10.000 iterations of 18 randomly sampled years for which
anomalies to the previous 10 years were computed. The procedure was performed exactly the
same way for this as for the volcanic events. Figure 4.2 shows the same surface temperature
anomalies. but only for areas with significant temperature changes. A significance level of 30%
was chosen. Note. these significance levels apply only under the assumption of stationarity of El
Nifio variations over time. A more conservative approach might be required.

Clearly. the cooling found in the northern hemisphere is very unusual as compared to a random
selection of any 18 years. Most of the cooling from eastern North America to western Europe is

actually significant above the 95% level (see Figure 4.3). Also significant is the somewhat smaller
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Figure 4.2: Same as Figure 4.1 but exclusively areas with anomalies significantly (> 90%) different
from random. The level was determined in a Monte Carlo study sampling 10.000 times superposed

anomalies of 18 random events.
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Superposed Epoch of 18 Large Tropical Eruptions
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Figure 4.3: Significance level for volcanic composite anomalies determined in & 10.000 iteration

Monte Carlo study.

cooling in far eastern Asia. as well as a spotty distribution of single grid cells in the southern
hemisphere. Warm anomalies are significant mainly in Alaska and central Asia. again with some

locations in the eastern Pacific and adjacent South America.

4.4.1 Pattern in the North Atlantic sector

In general. the cold anomalies are dominating the signal and confirm the expectation of volcanic
cooling. The spatial pattern gained from the multi-proxy network reproduces a similar structure
found in composite studies of Groisman (1992) and Kelly et al. (1996), both of which used
instrumental time series. The differences. as compared to the cited studies. generally include
their patterns of winter temperatures. where they identify warming tendencies over a large part

of the area. The reconstruction of Mann et al. (1998) is annual mean temperatures, and hence.



opposing signals between summer and winter might tend to cancel each other. The anomalies
after the largest volcanic events seem to be dominated by the summer cooling. whereas the
winter warming might be smaller. or at least not that well captured by the proxy time series.
Generally. compared to the two suminer temperature reconstructions of northern hemisphere of
Briffa et al. (1998) and Jones et al. (1998). the Mann et al. (1998) is less sensitive to volcanic
cooling, suggesting that it might retain a winter warming component in the data. For more

detailed investigation of the North Atlantic area response to volcanic eruptions see Chapter 6.4

4.4.2 Anomalies in the eastern equatorial Pacific

The spatial pattern of warm anomalies in Figure 1.1 is somewhat surprising. A large area
of uninterrupted warm anomalies emerges in the eastern equatorial Pacitic. where warming is
commonly connected with EI Nino events. A general similarity to the El Nifo pattern can also
be seen in other locations {e.g.. Halpert and Ropelewski, 1992): Warming in Alaska and cooling
over the western Pacific are common teleconnections. The tendency for cooling over the south
eastern US completes the large scale anomalies expected for El Nino vears. Less El Nifo like are
the anomalies seen in other areas, primarily over some ocean basins. While a general warming
in the Indian Ocean could be expected. a strong cooling in the tropical South Atlantic would be
more common than the warniing in the SE-composite. The warming in the eastern equatorial
Pacific would generally also penetrate into the Caribbean. Despite these differences and the fact
that the warm anomalies in the eastern equatorial Pacific are significant only in a few grid cells
{see Figures 4.2 and 1.3). an El Nifo fingerprint seems to be present in the composite. We now
evaluate this signal by looking at individual events to verifv if a few of them could dominate the
composite as pointed out by Vicholls (1990). We then compare the Mann et al. (1998) proxy
composite with independent indices for sea surface temperature anomalies in the NINO3 area

{3°N-5378. 90-150°W). as well as for the atmospheric component of the Southern Oscillation.



4.5 Volcanic eruptions and El Nino. Is there a relation-
ship?

El Nifo events (here used as the coupled El Nino - Southern Oscillation system) are an important
component of interannual natural climate variability. Similar to perturbations from volcanoes,
E! Nifio events can influence climate for roughly a vear {although either can last for a shorter or
longer period). and their spatial impacts are recognized over most parts of the globe ( Halpert and
Ropelewsk:, 1992; Phiander. 1990: Glantz et al.. 1991: Allan et al.. 1996). El Nifos. responsible
for a major part of the internal climate variability (Phuander, 1990). recur over a range from
about two to roughly seven or eight vears. A number of instrumental (Allan et al.. 1996: Konnen
et al.. 1998). documentary ( Quinn et al.. 1987: Quinn and Neal 1995: Ortlieb. 1991. 2000) and
proxy records (e.g. Thompson et al., 1981, 2000: Cole et ul.. 1993: Dunbar et al.. 1994: Stahle et al..
1998) are available that allow an evaluation of its occurrences during the last several hundred
vears. Problems include stationarity of the teleconnection patterns ( Meehl and Brunstator, 1992:
Manr et al.. 2000) and exact dating of some of the records. especially coral data { Dunbar et al..
199.1). An alternative is to use a reconstruction based on a diverse, globally distributed proxy
records. allowing not only a look at a specific location in the eastern equatorial Pacific. but at
the same time at a large scale pattern. which could carry additional information ( Bradley and
Jones. 1993: Burnett et al.. 1996: Mann et al.. 1998, 2000).

There has been a discussion as to whether occurrences of El Nifios and explosive volcanism
are independent or somehow related. FHandler (1984, 1986). Parker (1988) and Handler and
Andsager (1990) have suggested that tropical volcanic eruptions since 1860 were followed by El
Nifio events. and even a close cause and effect relationship has been claimed to the extent that
everv El Nino was ultimately caused by a volcanic eruption ( Handler and Andsager. 1990). This
conclusion was reached looking at 11 tropical events between 1868 and 1980. taken from Newhall

and Self (1982) and an updated version of the Smithsonian Catalogue of Simkin et al. (1981).
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Using the SE method. a ‘common’ response. in the form of a warming in the eastern equatorial
Pacific between 20°S-20°N. was found for up to four seasons after the tropical eruptions. and
an opposite trend was established for high latitude events (not discussed here). This link was
then investigated for the large eruption of El Chichdn in 1982, which was followed by one of the
strongest El Ninos on record. Hirono (1938) proposed a mechanism for how the direct radiative
effect of the mainly tropospheric aerosol from the eruption could have weakened or even collapsed
the trade winds in the eastern tropical Pacific. favoring the El Nino development. This response
could not be confirmed in modeling studies of Robock et al. (1995). and clear trends towards El
Nifo onset prior to the eruption have been pointed out ( Nicholls, 1988, 1990: Self et al.. 1997b) for
several eruptions included in the study of Handler (1934). In addition. the selection of volcanic
events in Handler (1934) and subsequent works does not reflect their radiative importance but
more their volcanologic magnitude. as taken from the VEI index. Many of the eruptions did not
exhibit any appreciable radiative signals (see compilations of Sato «t al.. 1993; Stothers. 1996h)
or leave sulfate traces in polar ice cores | Robock and Free. 1995). making a causality for El Nifio
development unlikely. Additionally. the use of the superposed epoch analysis technique has been
criticized. since a few very large events can dominate the signal (.Vicholls. 1990). Cross-validation
by successively dropping single events out of the procedure and re-evaluating the significance
could guard against this pitfall. The concurrence of El Chichon and Pinatubo perturbations
with El Nifio events was concluded to be coincidental.

Why would it be important to know if explosive volcanic eruptions in the tropics and El Nifio
events were linked in some way”? The answer to this question has many dimensions. First of all.
the question arose in the midst of the establishment of El Nifio in climate research as an important
natural variability factor. Then. for identifving a climate impact. be it from volcanic eruptions
or from El Nifio events. the time scales involved are roughly comparable and the magnitudes can
be quite substantial (although with opposite sign for global average temperature). Furthermore,

models used in climate studies cannot always internally produce EI Nifio events. and the claim
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for an external driver might arise. On the other side. volcanologists and climatologists looking
into impacts of some large volcanic events recognized that the size of the eruption and its climate
impact don’t seem to follow a simple linear relationship. Damping mechanisms seem to be
involved that are able to trim down the impact of extremely large events. Although different
mechanisms. such as enhanced sulfate removal by ash or chemical processes. as well as water
-apor. were suggested. E! Nifo events could also mask the impact. The recent examples of
El Chichon and Pinatubo show that the signal was probably reduced by the oceanic anomalies
( Wegley. 2000). The question remains whether it was mere coincidence since El Nifo events
generally happen everv 3 to 7 vears. or if there might be some evidence for a more mechanistic
link.

Other than in Handler (1984). the study presented here. only includes volcanic eruptions
with clearly large radiative effects on the earth climate. If there would exist a relationship
hetween eruptions and E! Nino development. then it should show up primarily for these largest
events. Figure .1.1a shows the occurrence distribution of NINO3 temperature anomalies for all
vears from 1400 to 1930 of the Mann et al. (1998) reconstruction simply using the appropriate
grid boxes. (Note: this method does not take the varving uncertainty in the NINO3 area into
account. Mann et al. 11998) regard the reconstruction of the El Nifo pattern before 1700 as
highly uncertain. Despite these limitations. we use the data as a first attempt for the very largest
volcanic events. The procedure clearly needs to be repeated as more reliable reconstructions of
pre 1700 become available.) Figure 1.1b presents the distribution for the vear after each of the 18
tropical eruptions. Figures 1.4c and 1.4d evaluate the significance of the clear shift towards higher
number of observations in the warmer bins in the histogram. While Figure 4.4c shows the anomaly
distribution for 10.000 randomly sampled sets of 18 vears as compared to their preceeding 10
vears. Figure 1.1d combines the information of 4.4b with {.ic. showing the percentages where
the number of observed events per bin are larger in the volcanic series compared to the random

set. The bin for anomalies from 0.2 to 0.4°shows a significant increase after volcanic eruptions
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above the 95%% level. From this. one could conclude that the warming in the eastern equatorial
Pacific NINO3 area could be indeed significant.

Table .2 lists different independent indices for the El Nino - Southern Oscillation syvstem for
the 13 tropical eruptions from Table 4.1. The data used for the composite is shown in column
MBH10 using a 10 vear pre-eruption calibration for each event. The basic similarity to a reduced
window of 3 vears can be seen by comparing it to column MBH35. These values are based on
the global temperature reconstruction of Mann et al. (1998). which uses dominant Empirical
Orthogonal Functions (EOFs) as its base. The reconstruction using the main EOFs is very
successful in reconstructing the hemispheric average annual temperature, explaining 70-30% of
the variance after 1820. Before this time. the record suffers somewhat from reduced coverage of
available proxy records. and fewer EOFs can be captured with necessary accuracy. Therefore.
Mann et al. {1998) reconstructed a time series for the NINO3 area starting only in 1650. In a
newer update, Mann et al. {2000} managed to separate their climate reconstruction into both
a predominantly Northern Hemisphere winter and summer component. At the same time. they
reconstructed a winter index for the NINQ3 area (the time for which the developtnent of El Nifio
is most relevant), which is shown in column MBH-Recon in Table 4.2. For the vears available.
the correlation between the winter index and the data from the annual reconstruction is quite
good. though the former carries considerably higher skill (Mann et al.. 2000). Other records
included here are two reconstructions of the atmospheric Southern Oscillation Index (SOI). The
data from Allan et al. (1996) are instrumental time series starting in 1876. The data from Stahle
et al. i1998) are a proxy record starting in 1706. is based on tree rings collected in southern
North America and the Indonesian warm pool area. Note. for the two SOI indices. negative
values represent E! Nifio conditions while positive numbers show the same for the sea surface
temperature reconstructions in the Mann et af. (1998) data. Bevond these indices. two El Nino
chronologies based on documentary data (observations of precipitation events). primarily from

the South American Pacific coast. are shown ( Quinn and Neal. 1995: Ortlieb. 2000).
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Figure 4.4: Frequencies of NINO3 anomalies from the Mann et al. (1998) reconstruction. a:

all vears. b: anomalies of the 1R tropical events from Table 4.1 compared to their previous 10

vears. c: average of 10.000 random sets of 18 years as compared to their preceeding 10 vears.

and d: significance of increase in number of observations per bin after volcanic eruptions (b) as

compared to c. (See text for limitations in the data).
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Year Quinn95 Ortlieb  MBH-Recon MBH3 MBH10 Stahle Allan
1816 no no 0.26 0.08 0.18 -11.2

1433 - 0.33 0.36

1641 S no -0.1 0.03

1209 1o no -0.11 0.07 -0.06 23

1601 no no -0.91 -0.94

1884 S~ S 0.68 0.58 0.39 -2 -13.2
1337 no no 0.06 0.33

1336 no no 0.32 .08 -0.07 1

1832 M- M -0.28 -0.36 -0.39 0.6

1714 no no 0.3 -0.05 0.04 -2.3

1695 no no 0.34 0.33 0.38

1396 M- S -0.01 0.2

1748 no S 0.35 0.09 0.09 6

1621 no no 0.05 0.23

1963 no 0.43 0.13 0.26 n 3.08
1903 no 0.34 -0.2 -0.01 -3.9 -9.42
1522 - -0.52 0.4

1666 no no 0.19 .38 0.31

Table £2: NINO3-Data for vears after the largest volcanic perturbations of the atmosphere as

derived from the ice core volcanic index of Robock and Free (1996). Proxy records: Documentary

data from South America 1s used in Quinn and Neal (1995) and Ortlied (2000). Multi-proxy

reconstructions of Mann et al. (1993) include direct NINO3 reconstruction since 1650 [MBH-

Recon, as well as spatial anomalies using 5 vear MBHS3; and 10 vear windows 'MBH10i. Stahle

et ul. 1998} use a tree ring record from subtropical North America and Indonesia to estimate the

atmospheric Southern Oscillation index ‘note: negative values stand for El Nifio events]. Allan

et al. \1996) constructed Winter SOI since 1376 from instrumental data.
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From this list. the argument for a clear El Nino occurrence after large tropical eruption is
far from convincing. Only for the post-Krakatau vear (1884) are all indices clearly pointing to
an ongoing El Nifo event. Similarly. for the eruption at the end of the 17*®-Century (maybe
Serua’). 4 out of 3 indices point in this direction. For 1816, after the large eruption of Tamb-
ora. the proxy records seem to show an El Nino effect. although both of the records based on
historical data do not show increased precipitation. These facts hint towards a complex rela-
tion between the different aspects of El Nifo anomalies and the volcanically perturbed climate
conditions. This interplay could be potentially important. since the atmospheric perturbations
from an eruption like Tambora are quite dramatic. Only verv few large volcanic events occurred
during the calibration time period. A global net reduction of almost 15 Wm ™2, as estimated by
the IVT of Robock and Free (1996) {with even stronger perturbation in the tropics). would clearly
influence the convective activity in the tropics. For locations like the western Pacific warm pool.
a reduction in precipitation could be directly interpreted as associated with El Nino conditions.
as during these events the center of convective activity moves eastward into the central tropical
Pacific and drv (or at least drver) conditions prevail in Indonesia { Stahle et al.. 1998). Therefore.
a proxy record sensitive to Huctuations in precipitation in this area would be prone to show
signals common to El Nifio events after volcanic eruptions. Similarly misleading connections
could exist in other proxy locations. although with increasing numbers of diverse proxy records.
the weight put on the principal component of the El Nifio pattern should be balanced. Further
evaluation of the sensitivity of the Mann et al. (1998} reconstruction to volcanic eruptions as
compared with El Nifio should be performed.

From the documentary records presented in Table 4.2, one also has to be careful not to over-
interpret the data. While quite a number of locations along the South American Pacific coast
are reasonably well covered with documentarv data. rainfall can happen on a very local basis.
and these records don't include information from the main convection in the central equatorial

Pacific.



Overall. while the SE-composite produces many aspects of El Nifo following large volcanic
eruptions in the tropics. the conclusion of voleanically induced El Nifo events is not so clear
from a diverse set of NINO3 and SOI indices as the simple approach using SE-composites from
Mann et al. (1998) would suggest. In fact. the number of El Nifio assaciations, even with the 13
largest volcanic events is relatively small and appears random. This observation holds up even
when considering that the two events not included in the composite (El Chichén and Pinatubo)
were followed by El Nifio events. Conclusions of more coincidental occurrences { Robock et al..

1995. Self et al.. 1997b) seem more probable.

4.6 Evidence for a multidecadal component of the volcanic
signal?

The general pattern of anomalies shown in Figure 4.1 has. as discussed. some resemblance to the
El Nifio pattern. When ignoring the positive temperature anomalies in the eastern equatorial
Pacific. the overall pattern seems to closelv match another major pattern of climate variability.
For the decomposition of the spatial patterns of northern hemisphere temperature. Mann et al.
{1998) present in their Figure 2 (p. 780) the leading 5 EOF patterns. EOF =35 carries many
of the features described for the volcanic SE-composite: the same tendency of temperatures
over the sector North-America - western Europe with temperature anomalies in the western
Pacific. Opposite anomalies in the South Atlantic and parts of central Asia. as well as Alaska.
are also present in Figure 4.1. The temporal contribution of EOF 25 (its principle component
PC3) is described by Mann et ul. (1993) to be “dominated by muitidecadal variability in the
entire Atlantic basin and neighboring regions that has been widely noted elsewhere™. referring
to Schlesinger and Ramankutty {1994). among others. Schlesinger and Ramankutty (1994) found
a verv robust oscillation of near global scale with a time period of roughly 70 vears. This

fluctuation has been recognized in many instrumental. as well as proxy records ( Kushnir. 1994:
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Mann and Park. 1994, 1996. Shabaloba and Weber. 1998: Delworth and Mann. 2000). The fact
that the volcanic impact pattern resembles this large scale pattern raises the question if voleanic
eruptions could (a) modify EOF =3 from Mann et al. (1998) on interannual time scales. and (b)
intluence this mode of climate variability on the much longer timme scales by undergoing some
nmultidecadal fluctuations in their accurrences.

In a recent study. Ammann and Naveau (2001) showed a multidecadal oscillation of tropical
voleanic eruption occurrences in a new binary eruption record derived from a large set of polar ice
core data. Thev documented a very robust cycle of roughly 76-vears. covering the last 600 vears.
Since PC3 of Mann et al. (1998) is reconstructed back to 1630. a comparison with the statistical
description of voleanic occurrences from Ammann and Naveau (2001) is possible. Figure 1.5
shows PC5 from Mann et al. (1998) together with the multidecadal Huctuations in eruption
probabilities (including both smoothed data and statistical model) presented in Ammann and
Navean (2001} Additionally, the temporal location of members of the top 20 sulfate producing
eruptions from Table 1.1 are indicated in vertical bars. Many of these events are immediately
preceeding or directly at a clear drop in PC3. While not being respousible for all drops. the
eruptions could be responsible for some.

When looking at the multidecadal time scale. one first needs to keep in mind that the eruption
frequencies do not directly represent the forcing. but merely a statistical tendency when volcanic
forcing can be expected to rise or decrease event occurrences versus magnitude. For example. the
eruptions after 1300 are significantly larger than events during the mid-18**-Century or around
1900. The eruption of Krakatau has proven to be unique in terms of its forcing. Despite a verv
large sulfate flux. only a small signal (if any) is detectable and other factors such as aerosol
composition and particle size distribution might have distorted the actual radiative forcing sig-
nificantly. This 1s discussed in detail in Chapter 6.3 and Ammann et al. {forthcoming: Krakatau.
A Challenge for Climate Modeling). Nevertheless. when adjusting for the magnitude of volcanic

eruptions and allowing for a response lag of a few vears. one might see a tentative relationship
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between the eruptions and PC3 both on interannual and on multidecadal time scales. While this
possibility exists. it could also arise from the influence of a common forcing responsible for the
fluctuations in tropical eruption frequency on one side and. on the other side. through additional
processes for climate as well.

That the pattern described by EOF %5 is not only a response mode of the climate system
to volcanic eruptions is shown in Delworth and Mann (2000). They report a multidecadal pat-
tern similar to EOF %3 from a completely un-forced coupled climate model integration. [t is
possible that this feature represents an important coupled climate mode involving an interaction
between the atmosphere and ocean circulation. From this point of view. one wonders if volcanic
eruptions could influence this mode and excite ar suppress it. Clearly. a more detailed analysis
should concentrate on this possibility of a volcanically driven multidecadal mode in climate. A
preliminary comparison of the timing and sign of the fluctuation presented hy Schlesinger and
Ramankutty (1991) and PC5 from Mann et of. (1998), as shown in Figure L.5. are promising.
and. at least for the past 130 vears, the findings of Bertrand et al. (1999) confirm the potential
volcanic influence on this long. multi-decadal time scale. But one equally needs to keep in mind
that even fullv independent variations operating on multi-decadal time scales might accidently

suggest a relationship as the degrees of freedom are very small given the short record at hand.



Volcanic eruption frequencies and PC #5 of Mann et al. (1998)
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Figure 4.5: PC5 from Mann et al (1998) (black line) are shown against volcanic eruption fre-
quencies in the tropics described by a moving window over binary data of vears with sulfate
deposits in both polar areas (blue line). and a simple logistic model attempting to describe its
behavior (red line). For details. see Ammann and Naveau (2001).
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Chapter 5

IMPLEMENTATION OF
VOLCANIC AEROSOL IN THE

NCAR CCM/CSM

The purpose of including volcanic aerosol into the climate model is to add a major external
forcing to the simulation of the climate system. The importance of volcanoes is illustrated
in Figure 3.1. where the recent climate forcing is broken into its individual components. The
lower panel shows that the volcanic forcing for a couple vears after larze explosive events. can
reach the magnitude of all other forcings combined. Global average perturbation of the radiative
balance from the Pinatubo aerosol cloud reached about -4 \Wm~2 one vear after the 1991 eruption
(McCormuck et al.. 1995). Therefore. one can expect that large eruptions have a strong impact
on climate on the interannual time scales. Additionally. longer term perturbations cannot be
excluded. The top panel of figure 5.1 shows the average forcing from the anthropogenically caused
increases in greenhouse gas concentration since 1850). as compared to the influence from increased

tropospheric aerosol. solar and volcanic forcing on multi-decadal time scales ( Hansen et al.. 1998).
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The volcanic forcing, ranging from +0.2 to -0.5 Wm™2, compares the average volcanic forcing
over the last 130 years with decades of no (positive forcing) explosive volcanic activity and the
1880s. a decade with very large volcanic perturbations of the atmosphere (negative forcing). As
was shown in Chapter 3.6. there is also the indication of temporal fluctuations of this "ditference’
as a result of changes in the temporal spacing of large events. If the 20""-Century can be taken
as representative. Chapter 6.2.3.1 wiil show that volcanic fluctuations could rival the generally
more accepted solar variations on these time scales.

This Chapter describes the implementation of volcanic aerosol treatment into a state-of-the-
art climate system model. Simulations of the 1991 eruption of Pinatubo are used to verify the
forcing to impact relationship. and Chapter 6 will then discuss simulations of the voleanic forcing

on multi-decadal and century time scales in long coupled experiments.

5.1 The Model

The stratospheric aerosol is implemented into the National Center for Atmospheric Research -
Community Climate Model (NCAR-CCM3) (Aiehl et al.. 1996, 1998b). This three dimensional
general circulation model can be run stand alone. using either prescribed sea-surface tempera-
tures or an interactive slab ocean model with a specified mixed laver depth and seasonally and
geographically varying ocean heat Huxes. The land surface with specified vegetation tvpes and
a comprehensive treatment of the different fluxes to and from the atmosphere is integrated into
CCM as the Land Surface Model (LSM). Sea ice is simulated by a multilaver thermodynamic
model. In fully coupled mode. CCM3 fluxes are passed through a flux coupler {Bryan et al..
1997) into a separate dyvnamic ocean {Gent et al.. 1998: Holland et al.. 1998). a now separate
land surface model (Bonan. 1998). and a sea ice model ( Weatherly et al.. 1998). The coupled
configuration is called the National Center for Atmospheric Research - Climate Svstem Model

(NCAR-CSM) (Boulle and Gent. 1998). The advantage of CSM over a number of other models
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Figure 5.1: Summarized climate forcing. Top: 1850 to present change in forcing, broken down
for individual contributions. The volcanic forcing is the difference of decades with no or very
high forcing with the 150-year average (from Hansen et al.. 1998). Bottom: Short term forcing

from Pinatubo (after McCormick et al.. 1995).
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is the lack of a need for flux corrections ( Boville and Gent, 1998; Bouville et al.. 2001). while still
producing a surface climate with a very small drift. The only significant drift was initially found
in the deep ocean (Bouille and Gent. 1998: Bryan. 1998: Doney et al.. 1998) but was drastically
reduced in CSM version 1.3 (Boulle et al., 2001). This latest version with small modifications

will be used here.

5.1.1 CCM3: Atmospheric Model

Of central interest for the unplementation of stratospheric aerosol is. of course, the atmospheric
component, CCM3 (Riehl et al.. 1998b). The atmospheric model is a spectral model. solving
the dry dynamical equations in spectral space but applving diffusion of moisture and all pa-
rameterizations in the Gaussian grid-point space. Therefore. all the aerosol parameterizations
shown below are inserted and applied on a regular grid. The configuration of the model includes
different horizontal resolutions. The spectral T3! resolution is equivalent to a grid with 3.75 de-
grees resolution in latitude and longitude (18x96 gridcells). and T42 represents roughly 2.8x2.3
degrees on a grid of 6 latitudes by 128 longitudes. In the vertical. 18 levels are included with
a rigid lid at 2.9 mb as the upper boundary at the model top. The stratosphere is with five to
eight lavers (depending on latitude) only relatively poorly represented. This has implications
for the volcanic implementation. While Bouwlle et al. (1991) simulated the spread of Pinatubo
aerosol after the initial injection in a middle atmosphere version of the model. such an attempt
in the standard version is not appropriate. At this stage. the aerosol distribution is prescribed,
using the parameterization presented in Chapter 3.3. Finallyv. depending on resolution. the time
steps required vary from 30 (T31) to 20 minutes (T12). providing a full diurnal cyvcle with the
computationally expensive radiative fluxes being calculated ouly every hour. I[n between. the
radiative fluxes are held constant.

The solar. or short-wave (SW). part of the radiative spectrum. encompassing 0.2 to 3 um.

is treated using the J-Eddington approximation { Briegleb. 1992). This method. after Joseph
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et al. (1976) and Coakley et al. (1983). simulates multiple scattering both for an upward and a
downward stream. separately for each of 19 SW bands. A globally uniform tropospheric aerosol
formulation is used in the standard version as a place holder for detailed aerosol treatment. which
1s expanded in Barth et al. (2000). Rasch et al. (2000) and Kiehl et al. (2000). In the version
used here, only a globally uniform sulfate aerosol with a visible optical depth (7.,,) of 0.14 {or
otherwise stated) and optical properties given in Aiehl and Briegleb (1993) are present.

The infrared. or long wave (LW). treatment for wavelength from 3 to 30 pm is performed
using a broad band approach with 6 bands. This technique is based on the absorptivity/emissivity
formulation of Ramanathan and Downey (1936) covering major absorbers like HaO. CQOa. O3.
CH;. N2O. [t also includes minor absorption bands of COa (Riehl and Briegleb, 1991). as well
as an expotiential transmission approximation for CFC11 and CFC12 (Aiehl et al.. 1996).

For the sunulations of the Pinatubo eruption (Chapter 3.3). CCM3 is run stand alone in T42
resolution with prescribed sea surface temperatures (SST). using a dataset of the Atmospheric
Model Intercomparison Project (AMIP). The long simulations (Chapter 6.2) were run in fully
coupled mode in the more efficient T31 version used for paleo climate simulations ( Otto-Bliesner

and Brady. 2001).

5.1.2 Performance and shortcomings of the model

The performance of CSM is described in Bowille and Gent (19983) and Bouille et al. (2001).
CCM3 is evaluated in detail in Auehl et al. (1998a). Hack ¢t al. (1998) and Hurrell et al. (1998).
In general. CCM3 produces the large scale pressure and circulation patterns very well ( Hurrell
et al.. 1998). The top of the atmosphere (TOA) radiative fluxes shows very good agreement with
ERBE observations (Riehl et al.. 1998b). Similar to most radiative transfer models. the surface
tluxes show an underestimation of the atmospheric SW absorption. probably due to insufficient
cloud absorption ( Cess et al.. 1995. Ramanathan et al.. 1995: Pilewskie and Valero. 1995: Zender

et al.. 1997: Rliehl et al.. 1998a: Collins. 2001). Other deficiencies include some problems in
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accurate representation of low level stratus and stratocumulus clouds over the oceans. a bias in
the position of the deep convective activity over the western tropical Pacific and summertime
convective activity over land areas (Aiehl et al.. 1998a}. There are cold biases over the polar
areas. causing a general overestimation of sea ice production in both coupled and uncoupled
mode ( Briegleh and Bromuwich. 1998b.a: Weatherly et al.. 1998}. A poleward displacement of the
Beaufort High could be responsible for a shift of the highest sea ice concentration towards the
Bering Strait as compared to the Canadian Arctic and North-Greenland known from observations.
Nevertheless. the general performance is significantly improved compared to earlier versions. and
the variability including the seasonal cycle. and interannual and low frequency variability is
represented reasonably well. although some biases exist (Gent et al.. 1998: Bonan, 1998: Hack
et al.. 1998: Meehl and Arblaster, 1998 Saruvanan, 1993: Capotondi and Holland. 1998 Otto-
Bliesner and Brady. 2001: Meehl et al.. 2001). Especially. the atmospherically implied ocean
heat transport (the amount of heat transported by the ocean necessary to balance the high
latitude energy budget given an atmospheric simulation) agrees well with the uncoupled transport

simulated in the ocean model. which allows for a successful performance in fully coupled mode.

5.2 Strategy of volcanic aerosol implementation

The implementation of the volcanic aerosol into a climate model can be done with different
goals in mind. For events like the recent Pinatubo eruption (1991). a large amount of detailed
information is available about the aerosol cloud’s buildup. spread. composition and decay. At
the same time. comprehensive measurements did capture the radiative and climatic impact of
the aerosol both from space and from the ground. Therefore. the aerosol and its temporal and
spatial evolution can be put into the model in high detail. At the same time. the output of the
model. the forcing and the climate impact can be compared and evaluated with high resolution

data all over the globe.



The situation is quite different for eruptions in the past. Only crude. and often indirect. infor-
mation is available about the aerosol. the atmospheric optical perturbation. as well as the climate
impact. A number of simplifications have to be accepted. The two most crucial assumptions

concerning the aerosol are:

{a) aerosol mass and its temporal and spatial distribution,

{b) the optical properties of the particles (i.e. the composition and size distributions).

While for (a) a number of proxies, like sulfate from ice cores and volcanologic records. can be
used to make reasonable assumptions. it 1s much harder to do so with (b). There is no proxy
that preserves the particles as thev existed in the stratosphere. Only the general composition
can be estimated from ice core data. Once deposited on snow. sulfate and other volcanic species
can only be used to calculate a ux {mass deposition per unit time). Unfortunately. a given flux
can be generated either by a few large or by many small particles. Since the radiative effects
will vary widelv depending on the size. shape and composition of the aerosol. it is a challenge to
determine a useful distribution - especially one that should suit all events as would be the case
for a generalized treatment of volcanic events over hundreds of vears.

The following section will describe in how this problem is addressed in the implementation of
stratospheric aerosol into CCM, CSM. Then. a comparison of simulations using very detailed and
strongly simplified aerosol information is performed. This will help determine how important the
detailed aerosol information is and how it might influence the potential of modeling eruptions in

the past.
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5.2.1 Stratospheric aerosol and its optical properties
5.2.1.1 Composition

Volcanoes emit large amounts of ash and gases into the atmosphere. Ash is most noticeable
immediately after the eruption. Due to its size and high specific weight. ash will fall out rather
quickly. There are some indications that a small amount of ash may stay afloat for some time.
For example. Cole-Da: et al. (1997b) found some Pinatubo ash in snow layvers from 1993. more
than 1.5 vears after the eruption. Nevertheless. the amount is generally very small and is not
taken into account in this study.

Of all the gases injected into the stratosphere. water vapor and especially sulfur dioxide are
most important. The latter is transformed over a few month into sulfuric acid droplets dissolved
in water. The liquid particles are so small rsub-um) that they can stay in the stratosphere for a
few vears. General e-folding times of around one vear are commonly found. A list of collectors
have isolated sulfuric acid to be the dominant aerosol after the fallout of ash. The same result was
obtained through indirect measurements of the boiling point of the aerosol and through spectral
information isee Chapter 2.2.3). Hence. sulfuric acid aerosol consisting of 755 HaSO; and 25%
H2O is generally used as voleanic aerosol. The same approach is taken here.

Nevertheless. one needs to keep in mind that if. in the real world. the composition of the
volcanic cloud of some eruptions wouid be markedly ditferent. significant changes to the optieal
properties could arise. This is illustrated in Table 5.1. The list from Hansen et al. (1998) shows
the calculated optical effects for sulfate and other particles (see also Pollack et al. (1976) and
Lacis et al. (1992) for comparison of Basalt and Sulfate). While sulfate droplets were found to
be very efficient scatterers. volcanic dust, ash of basaltic composition is a very strong absorber.

Theyv give extinction curves for the ditferent aerosol tvpes.



Aerosol | » AF(Wm™?) - AF (Wm™?)

sulfate 1 -0.28 0.95 -0.20
organic 1 -0.41 0.92 -0.22
dust 1 -0.33 wvl-dep 112

Table 3.1: Mean net foreing of three different aerosol under two different assumptions of the

single scattering albedo.

5.2.1.2 Size distribution

Generally. volcanic aerosols are assumed to be liquid spheres following a log-normal size dis-
tribution with a modal radius r and a geometrical standard deviation o, ( Hansen and Travis.
1971 Stothers. 1996b). Although several modes could co-exist in a volcanic cloud. Russell et al.
(1996) showed that they can be treated as a single distribution with reasonable accuracy. A
useful descriptor of particle size distributions is also the area weighted mean radius (i.e.. etfective
radius. r. gy (Hansen and Trams, 1974 Lacis et al.. 1992). which after Russell et al. (1996). can

be determined for a unimodal distribution by

(2 ina,?
Fef¢ =r erp {Ino, )=

(3.1

o)

——

r

The advantage of r. ¢ is that it summarizes efficiently the theoretically infinitely large number of
r and o, combinations that could be responsible for extinction at a specific wavelength. r.y is
relatively robust and therefore more useful for comparison of size distributions { Stothers. 1997).
This is discussed and illustrated in more detail below in the section on optical properties.

For the simuiations of past volcanism. no information on size distributions is available bevond
the 20**-Century. During the period with multi-spectral extinction information from volcanic
clouds since about the turn of the centiry. estimated r, ¢y remained in a remarkably small range
from about 0.3 to 0.6 um (Stothers. 1997). While for eruptions like El Chichén. Santa Maria

and Katmai the aerosol seems to have remained relatively close to r.yy = 0.3 um throughout the
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Figure 5.2: Pinatubo aerosol size evolution after injection into the stratosphere as observed from

aground stations. satellites and in-situ measurements ( Russell et al.. 1996).

time of atmospheric perturbation. the aerosol of Ksudach and Pinatubo did exhibit an evolution
from r. sy = 0.31t00.5 or 0.6 um (Russell et al.. 1996: Stothers. 1997). Figure 3.2 shows this size
evolution for the Pinatubo aerosol as observed from different instruments.

Lacis et al. (1992) suggest that the aerosol forcing is rather independent from most aerosol
parameters other than optical depth and to some degree from r.gs. If r,¢f is larger than 1 um. a
strong reduction in negative net forcing is to be expected. and for r sy larger than about 2 um.
the LW effect dominates. causing a net warming. This has already been shown in Figure 3.1.
Therefore. as an approximation. a single. intermediate aerosol size distribution within the range

of the observed particle sizes will be applied and evaluated in Chapter 5.3.3.
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5.2.1.3 Computation of optical properties

Assuming the particles are homogeneously spread liquid spheres of a constant composition. Mie
theory offers a useful wayv to obtain the kev wavelength-dependent optical properties. which can
be used to describe the perturbations of the direct solar beam as well as multiple scattering and

absorption. The three parameters used in the SW J-Eddington formuiation:

\I/‘\ . the mass ertinction coefficients or specific extinction. which describes how efficiently the

particles disturb the direct beam.
«'\ © the single scattering albedo. which defines the absorption efficiency.

g\ - and the asymmetry parameter. which is a measure of the amount of radiation scattered in

the forward direction as compared to backwards.

Mie theory evaluates these three properties based on a size distribution given as r and In(e).
as well as the refractive indices and density of the substance under cousideration. The refractive
indices contain a real and an imaginary part. The real part describes the refractive strength
as the ratio between the speed of light in a vacuum versus the speed of light in the substance.
which 15 the ability of the substance to distort the direct path of light (basically the scattering).
The imaginary part describes the absorption efficiency of the liquid spheres. In our case. this
substance is a solution of sulfuric acid in water. [ts refractive indices are presented in Figure 3.3.
For the standard stratospheric aerosol of 75% H2SO; and 25% H»O. refractive indices are taken
from Palmer and Williams (1973) and completed with Hummel et al. {1988) below 0.3 um. as
well as above 27 um. The density was set to 1.69 for stratospheric conditions ( Timmermans.
1960). Note. should the sulfate aerosol concentration vary between 30 and 35%. the error in
the mass extinction would not exceed 3t (Atehl and Briegleb. 1993). Additionally. Niedziela
et al. 11998} describe the temperature dependence of refractive indices of sulfuric acid. For

concentrations around 73% H2SO;. they find that temperature does not play an important role.
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‘See also Mergenthaler et al. (1995) for further critical evaluation of refractive indices of Palmer
and Williams (1973).

For the LW computation. the wavelength dependent mass absorption coefficients (a)) are
needed for the six broad bands. These are used to compute the transmissions at each model
level. which determine the radiative tluxes. Twice per day absorptivities and emissivities are
reevaluated and then held fixed for the twelve hourly transfer calculations. Only temperatures
and cloud concentrations are changed.

The computation of the optical properties has to be binned (resolved) for the radiative bands
of CCM3. Figure 5.4 shows the theoretical high resolution (solid line) and model resolved (blue
stars) mass extinction. single scattering albedo. and asvmmetry parameter in the 19 SW bands for
an intermediate aerosol size distribution with r.ry = 0.42 gm, r = 0.3709 pm and In(e,) = 0.223
um (o = 1.25 um). These properties are later used as intermediate aerosol. This figure shows
how well the properties of sulfuric acid of the theoretical curves are captured hy the CCM bands.
represented by the band centers. Additionally. the figure shows the absorption coefficients per
unit mass () for the standard CCM3 bands (dashed red lines). For comparison. the absorption
coefficients of a higher resolution (10 band) Goddard Space Flight Center (GSFC) code of Chou
and Suarez (1994) and Chou et al. {1999) is shown in green. When compared with the CCM3
bands. the GSFC absorptions are often somewhat higher than the wider CCM3 bands. especially
and most significantly around 3 to 12 um. where the largest terrestrial emissions take place and
therefore. where most of the energy is absorbed. Because the higher resolution code can resolve
more detail and is thus more accurate {measured against a precise line-by-line calculation). the
CCMI absorption coefficients were adjusted to reproduce the band weighted total absorptions
averaged over the globe of the higher resolution GSFC code. This resulted in this case in a
roughly 16%¢ increase in the mass absorption coefficients (solid red line).

As mentioned before. there is uncertainty about the details of size distributions for past

eruptions. although some constraints can be imposed in the 20°*-Century (Stothers. 1997). How
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Figure 5.3: Refractive indices of sulfuric acid (755 H,SO, and 25% HaO) from different sources.
Top: real component. middle: imaginary part. and bottom: imaginary part representing absorp-

tion in the window region.
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(a) fixed In(o,)

In(e,) 0.223  0.223 0.223 0.223 0223 0223
r 0.177 0333 0.442 0.330 0.8383 1325
Fegy 02 04 05 06 10 13
(b) fixed r. ¢y

In(o,) 0.095 0.182 0.262 0.336 0.405 0.470
r 0411 0337 0354 0317 0279 0.242
reff 042 042 042 042 042 042

Table 5.2: Aerosol size distribution parameters r. In{e,) and r.;; with (a) fixed In(s,) and (b)

fixed r.g¢. corresponding to Figures 5.5 and 3.6 respectively. All units are pm.

do these optical properties change with the size of the aerosol” Figures 5.5 and 5.6 show the
theoretical properties for different sulfate aerosol size distributions. Table 3.2 summarizes the
size parameters. Figure 5.5 shows the properties for different r, s, when the standard deviation
of the distribution was held constant. [t is apparent that the radiative effects of these different
distributions are vary quite significantly. Figure 3.6 shows less significant differences when r, sy is
held constant and widely different standard deviations are evaluated. Although some differences
eXist. the various distributions behave very similarly over the whole spectrum. This better
determination of the aerosol distribution through r. s was used by Stothers (1997). as shown in
Figure 2.3.

Given its optical properties for the ditferent treatments in SW and LW computation. the
aerosol can now be fully described in the model if its concentration at the different model levels
(l.e.. its mass) is known. This is achieved by prescribing the optical depth at a mid-visible
wavelength of 0.5 ym. The same Mie computation is performed to calculate the mass extinction

coefficient at a narrow interval around 0.5 um. With a known (i.e. prescribed) optical depth
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Figure 5.4: Optical properties of sulfuric acid aerosol. The solid line represents a high resolution
(1000 bands) mie calculation. and the blue stars show the properties at the CCM SW band
centers. The mass absorption coefficients (a,) is also shown in high resolution versus broadband
implementations. in red the six CCM bands and in green the 10 bands of Chou and Suarez (1994).

See text for further discussion.
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at this wavelength and a selected number of model levels. where the aerosol is homogeneously
distributed. the mass mixing ratio can be calculated for each model level. This mass mixing ratio
is independent of wavelength and will be used with the level thickness to compute the aerosol
mass present on each model level. where it interacts with radiation. either scattering or absorbing
a certain amount. The two following sub-chapters explain this procedure during SW and LW

radiative transfer calculations.

5.2.2 SW implementation

The radiative transfer in the SW bands is performed in each atmospheric column (over one
gridpoint) at every model hour over the sunlit part of the globe. For each column. the solar zenith
angle and the surface reflectivity (albedo) in each SW band are known. The solar irradiance is
set as constant. but can be changed over time. Given these boundary conditions. together
with the vertical distribution of all atmospheric constituents {e.g. clouds. aerosol}. the transfer
calculations are performed for cloudy and clear skv conditions in each column separately. For all
19 SW bands. the 4-Eddington formulation ( Briegleb. 1992) uses scaled extinction and scattering
properties of the atmospheric constituents to compute reflectivity and transmissivity at each layer
in the vertical for direct and scattered (i.e. diffuse and assumed isotropic) radiation. Additionally.
the different lavers are then combined to account for multiple scattering between the lavers. This
allows for the computation of the differences in upward and downward radiative fluxes at each
level interface. which. in turn. offers the evaluation of solar heating rates.

The stratospheric aerosol mass and optical properties at different wavelengths must be known
during the calculation. As mentioned above. before entering the radiative transfer computation.
the mass mixing ratio is determined from the prescribed mid-visible optical depth and vertical
distribution. Then. the inclusion of aerosol into the code is rather trivial by calculating the

parameters for the J-Eddington computation. which is the extinction optical depth at each CCM
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SW band.

taustr, , = aermmr x path, x Wy x k. (3.2)

where taustr, \ is the extinction optical depth on model level i and CCM band \. aermmr is the
mass mixing ratio of sulfuric acid aerosol. path, is the vertical extension of laver : (i.e. layer mass
path). ¥, is the mass extinction coefficient at CCM band A. and k is a conversion factor to adjust
the extinction coefficients to cgs units for the d-Eddington calculation. The other required aerosol
properties .\ {single scattering albedo) and g, (asymmetry parameter) are mass independent
and read in as a lookup table which is separated into each CCM band. All downward and upward
radiative fluxes are then computed through the 4-Eddington approximation

The most significant modification to the SW code had to be done in the clear sky computation
where previously only two layvers were considered: A top level exclusively containing ozone and a
lower level containing all other absorbers and scatterers. In order not to interfere with the cloud
radiative forcing. the priumne reason for the clear sky computation. the stratospheric aerosol was

entered into the top level.

5.2.3 LW implementation

The CCM LW code uses a broadband approach to calculate the absorption by the different
atmospheric constituents at different levels and bands. This quantity. in general. is a function
of the absorber mass. the local emitting temperature and the pressure. or the absorber density
and level temperature. Details of the calculation follow Ramanathan and Downey (1936) and are
presented in Atehl et al. (1996}. and for the 15 um band system. in Aiehl and Briegleb (1991).
The goal is to compute the transmission of energy radiated from each level (the level emission)
to every other level throughout the columnn and through both the top (into space) and bottom
interface (into the ground) of the column. Due to absorption in the different lavers through a
variety of absorbers. the upward and downward flux differences at each level can then be used to

determine the heating rates. which in turn then drive the atmospheric dynamics.
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The calculation of absorptivity a and emissivity ¢ at each layer and band is very cpu intensive.
In fact. this process takes up about 90% of the longwave computation (Kiehl et al.. 1996).
Fortunately. the factors that determine changes of a and ¢ on short timescales. such as changes
in laver cloud amount {water vapor and clouds). changes in the layer heating rates and ozone,
are mostly accounted for. The clouds are directly included in the cloud parameterization. and
the inclusion of the Planck function largely compensates for changes in the heating rates. Ozone
is held at its prescribed distribution. including an annual cycle. Else. a and ¢ change slowly and,
therefore, can be calculated much less frequently. In the standard setting, this is done twice per
day. The less frequent computation of these variables causes no problems for the treatment of
the very smoothly distributed (both in space and time) stratospheric aerosol. The situation is
different for tropospheric aerosol. where the daily cycle plays a crucial role activating. lifting.
transporting and finally. depositing dust and other aerosol particles. Absorptivity and emissivity
change dramatically and probably should be calculated much more frequently.

Focusing on the stratospheric aerosol treatment. three main steps are involved in the LW
computation.

First. a large data array is built (3 dimensional. although internally only 1D in the code since
the ditferent latitudes are treated separately on different processors) containing the spectrally
resolved. mass-scaled transmission (aer_trn_ttlio, x1x2.2) from each level k1 to each other level
k2:

aer trittli,ng k1 ka0 = erp(—1.66 « odap.aer_ttl) (3.3)
with
odap_aer ttl = ay = pathy) i (3.4)

where odap_aer ttl is the absorption optical depth as the product of the mass path {paths; x2) and
the mass absorption coetficient at the specific wavelength (ay). [Note. the latitudinal dimension

is omitted here.. The transmission data basically describes the local aerosol absorption efficiency
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from emissions coming from anv other level. throughout the column.

The second step during the LW transfer, which is only done twice per day. consists of calcu-
lating € and a at each level given their temperature. composition and density. Here. the total
transmissions from the surface up to the layer of concern are used to scale (simple multiplication)
the transmission from other absorbers. carefully including and adjusting for spectral overlaps.
The emissivities in each of the bands can then be derived from the total upward transmission.
The layer absorptivities can then be summed up throughout the column from the residual of the
transmission from each model level. After the evaluation of a and e. their values are stored in a
lookup table which is used for the next twelve hours in step 3.

Finally. in the third step. which is again performed on the standard one hourly radiation time
steps, the radiative uxes in upward and downward direction are evaluated. This process corrects
the fluxes for cloud occurrences at the different levels. For this. precomputed emissivities and
absorptivities from step 2 are used. either directly after their calculation. or for eleven additional
hours as lookup values.

As for the SW computation. radiative tluxes can then be used to calculate TOA and surface

interface net fluxes. as well as infrared (LW) heating rates throughout the column.

5.2.4 Forcing versus feedback simulations

Generally. there are two different areas of interest when simulating volcanic eruptions in a climate
model. On one side. one wants to know what the radiative effects of the aerosol. or in other words.
the forcing on climate. On the other side. the climate response is the kev issue. The difference
between the two is that the first tries to isolate the radiative effect of the aerosol without actually
changing the climate. Since the forcing from a stratospheric aerosol cloud is not only dependent
on the aerosol cloud and its optical properties. but also on the surface albedo and cloud cover.
it is not necessarily useful to have the aerosol modify the climate and with it the surface albedo

and cloud distribution. In each column. the identification of the aerosol forcing would be quite
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difficult. Hansen et al. (1997. p. 6833) presented different ways of expressing climate forcing.
Here. only the the most simple (instantaneous) and the one closest to the real world (all feedback
response) are considered. The others include additional treatment of a separated stratosphere and
troposphere. which in a 3-dimensional GCM is not necessarily easy to perform. Nevertheless, it is
important to point out that since 1990 the [ntergovernmental Panel on Climate Change (IPCC)
adopted a definition of radiative forcing as “the perturbation to the net irradiance (in Wm~2)
at the tropopause after allowing for stratospheric temperatures to re-adjust (on a time-scale of
a few months) to radiative equilibrium. but with the surface and tropospheric temperature and
atmospheric moisture held fixed.” (Schimel et al.. 1996, p. 109).

The instantaneous forcing can be computed if the stratospheric aerosol in CCM is run in
forcing mode. This mode does not allow the climate to respond to the aerosol and will result
in a exact reproduction of a control run without the aerosol formulation. The forcing can be
calculated if. in each time step. the radiation code is run twice: once including the stratospheric
aerosol. for which the corresponding vertical fluxes and heating rates are stored. and then a
second time with the stratospheric aerosol turned off. The difference between the first (with
aerosol) and the second (without aerosol) radiative transfer with resulting fluxes is due to the
presence of aerosol onlv. While it is rather costly to run the radiation twice. it is the only way
to receive the instantaneous forcing that is only dependent on the aerosol.

The second mode the aerosol can be run with is the full feedback mode. In this case. the
stratospheric aerosol is an intricate part of the atmosphere and perturbs the simulated climate.
Feedbacks can now either enhance or dampen the direct effect of the volcanic aerasol.

Depending on the mode used in a simulation. a number of additional diagnostic fields are
written to the history tapes. When running with the volcanic aerosol formulation turned on.
independent from forcing or feedback mode. several additional fields will be stored. First. the
optical depth in the visible band (SW band number &) is retained as column integrated value in

ODXCL_VIS. Further. to provide at least an approximate forcing comparable to the example of
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adjusted stratospheric temperature (Schimel et al.. 1996: Hansen et al.. 1997). net fluxes in both
SW and LW are interpolated for a globally constant level of 200 hPa. roughly a global average of
the tropopause. While. for LW bands. the fluxes are available for cloudy and clear sky conditions.
the SW numbers can only be calculated for cloudy conditions. since the clear sky computation
only distinguishes between two levels.

If the stratospheric aerosol is run in forcing mode. all radiative fluxes. atmospheric absorption
and heating rate differences hetween the first full aerosol run and the second column transfer
calculation where aerosols are absent are retained and saved with the postfix .FRC. All values

are monthly averages. but may be saved in higher frequency for other purposes.

5.3 Pinatubo: A test case

An ideal test case for the implementation is the well observed eruption of Pinatubo in June 1991
(McCormick et al.. 1995 Self et al.. 1997a). Many details of this eruption have hbeen previously
mentioned (see Chapter 3.2) and are only briefly summarized here.

Pinatubo (15.13°N/120.35°E) erupted on June 13. 1991. The sequence of major explosive
phases emitted a total volume of about 3 kin® (DRE) and injected SOy in the order of 17 to
20 Mt into the lower stratosphere. Subsequently. this gas was transformed into sulfuric acid
aerosol. which reached a peak mass of about 30 Mt (see Figures 1.2. The aerosol spread over the
globe and perturbed the radiative budget for several vears. Satellites and surface measurements

tracked the buildup and decay of the volcanic aerosol cloud in much detail.

5.3.1 Forcing
5.3.1.1 Aerosol data set
A set of two vear integrations from June 1991 to May 1993 were performed with monthly resolved.

zonaily averaged evolving stratospheric aerosol. The main aerosol data used for the experiments
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was supplied by G. Stenchikov (Rutgers University) and is an adaptation to the CCM radiation
bands from their data set with high spectral resolution (Stenchikor et al., 1998, subsequently
called ST98). The data set was built using satellite and lidar data from many different sources.
trying to correct for some of the instrument dependent biases. One important difference to
SAGE II (e.g. Sato et al., 1993) is a higher optical depth in the visible wavelength. As discussed
by Thomason et al. {1997} and ST98. SAGE [I profiles were repeatedly saturated starting in late
1991 and with decreasing frequency until 1993 ( Thomason et al.. 1997). SAGE II mid-visible
optical depth estimates are. therefore. minimum values and range clearly below optical depth
estimates from the ground {e.g. Dutton et al.. 199.) or. at the peak perturbation. are only about
half of the NOAA-AVHRR satellite estimates of 7., (Long and Stowe, 1994). although the latter
is potentially overestimated. The ST98 peak optical depth in the tropics 15 estimated at 0.35
(ST98. Andronova et al., 1999). When the extinction is interpolated to the CCM spectral grid
and vertically integrated. using either ciimatological column thicknesses (AMIP II data) or the
thicknesses of an feedback run with aerosol. a peak optical depth (r.,,) of just above 0.3 is reached
(Figure 5.7. top left). This number is about 10% lower than ST98. and somewhere in the middle
hetween ST98 and Suto et al. (1993). For later steps inciuding simulations with aerosol data
derived from the simple parameterization presented in Chapter 3.3. peak aerosol optical depth

in the tropics was set to 0.35 to better match the original data (see Figure 3.4).

5.3.1.2 Optical properties

Figure 3.7 summarizes the main SW properties of the aerosol from ST98. The left column
demonstrates optical depth and radiative properties for the visible band. the right column for
the near infrared (NIR) band from 1.409 to 1.719 gm. Note the markedly different scales for
the corresponding panels. The top row shows the column integrated optical depth. the second
through fourth rows represent vertical profiles of aercsol optical properties needed for the 4-

Eddington computation in the densest part of the cloud at the equator. One can see that the
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smallest particles. which more efficiently perturb the shorter wavelength. dominate at the highest
levels of the aerosol cloud (almost at 10 hPa pressure level). whereas larger particles reside below.
The single scattering albedo with values almost at unity clearly demonstrates that the aerosols
were almost pure scatterers in the visible band. and only at well past 1 um start to absorb. as
the single scattering albedo starts to decrease. The asymmetry parameter shows an increase in
forward scattering efficiency in the visible. whereas in the NIR. it exhibits a decrease over time.

In Figure 5.8, longwave optical depth in a band from 12.5 to 15.33 um is compared to the
12.66 um optical depth derived from the crvogenic limb array etalon spectrometer (CLAES) on
board of the UARS satellite ( Roche et al.. 1993: Grainger et al.. 1995). Although the CCM aptical
depth is slightly higher. the two agree reasonably well. ensuring that the aerosol distribution is
also acceptable in the longer wavelength where one can expect absorption of upwelling terrestrial

radiation.

5.3.1.3 Simulated forcing in CCM

CCM was run in forcing mode at T2 horizontal resolution with AMIP SSTs applied as surface
boundary conditions over oceans. Initial conditions for the atmosphere were taken from a June
1991 restart file of an AMIP-II simulation of a similar version of CCM3.6. but without strato-
spheric aerosol. The land surface was initialized in the same way. The aerosol was assumed to
he zonally uniform. In the vertical. <\ and g\ were available in standard lookup tables resolved
for latitude. level and time. The extinction was not supplied as column optical depth but as
extinction per meter and CCM hybrid sigma level. Therefore. the individual laver thickness had
to be computed during the run in order to calculate the layer optical depth for each time step.
All aerosol was supplied in monthly resolution and was linearly interpolated to each radiation
timestep (1 hour) during the integration. The aerosol data is shown in Figure 3.7.

Using these data. the instantaneous radiative forcing was stored for the simulation as the

difference in radiative transfer at each time step between a disturbed and an undisturbed atmo-
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Figure 5.7: Optical properties of ST98 aerosol binned for the CCM3 radiative spectrum. Left
column: mid-visible band (0.35 to 0.64 pum). Right column: CCM3 band 12 (1.408 to 1.749
pm). Rows from top: column integrated optical depth. vertical profiles of layer extinction. single

scattering albedo and asymmetry parameter over two vears starting in June 1991.
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CCM Pinatubo (12.5-15.38462) versus CLAES (12.66) AOD

Jun Sep Dec Mar Jun Sep Dec Mar

[ &
] 0.002 0.004 0.006 0.008

Figure 53.8: Optical depth at 12.66 um from CLAES satellite {source: ST98) as compared to
the CCM3 optical depth in a band from 12.5 to 15.38 um. Note. the grav shadings are slightlv

different.
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spheric column. The climate was not allowed to respond to the forcing (see above).

Figure 5.9 shows the zonally averaged distribution of the ail sky forcing from spectrally
weighted SW and LW computations. as well as the resulting total forcing both for TOA and the
surface. The rapid increase in solar radiative perturbation resulting from the volcanic aerosol can
be seen in the tropics. with peak SW forcing at TOA of just about -8 Wm™? in September and
October of 1991. This zonally averaged value is exceeded locally by values over 10 Wm™? (not
shown). They occurred especially over cloudless areas with dark underlving albedos (mostly ocean
areas). similar to observations from Valero and Pilewskze (1992) and Minnis et al. (1993). During
Northern Hemisphere spring and summer of 1992, the aerosol is finally globally distributed.
The tropical forcing has dropped to about one third. whereas the northern mid-latitudes reach
their maximum forcing. The Southern Hemisphere is additionally perturbed by aerosol from
the eruption of Cerro Hudson (eruption on August 12. 1991). which is responsible for a counter
intuitive southward ‘transport’ during the last part of 1991 (see discussion of meridional transport
in Chapter 3.3).

In general. the LW forcing is similar to the SW distribution. but significantly smaller. This
results in a negative total forcing. For example. the LW forcing in October 1991 reaches not
quite 4 Wm™? in the tropics. resulting in a negative net forcing of over 1 Wm=2_ The exceptions
are polar night areas. where due to absence of insolation. no SW forcing can exist. but where LW
absorption of upwelling terrestrial radiation can still take place. Note. the surface LW forcing
is an order of magnitude smailer than the other flux perturbations (see also Figure 3.11) and
also exhibits a drastically different pattern. This is due to the large absorptions from frequent
cloud cover and large amount of water vapor in the vertical column. reducing the downward
penetration of a rather small temperature anomaly.

Not surprisingly. the computed forcing patterns agree well with the patterns from ST9S.
Andronova et al. (1999) and Ramachandran et al. (2000). All these investigations used the same

original data. but with different atmospheric resolutions in both horizontal and vertical space as
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Figure 5.9: Temporal evolution of all sky aerosol forcing from Pinatubo using CCM3 with aerosol

data from ST9R. a-c are showing the SW. LW and total forcing at TOA. and Column d-f for

surface respectively.
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well as in the radiative treatment. If looking at the obtained forcing at TOA and the surface.
clear differences appear. The forcing in CCM is in manyv ways very close to the results from the
Sky-High model of the Geophysical Fluid Dynamical Laboratory (SKYHI) ( Remachandrun et al..
2000}. This includes both all-sky (Figure 5.9) and clear-sky conditions (Figure 5.10). The CCM
results are slightly higher in the perturbations. although much detail of the spatial evolution is
similar. Looking at the all-sky conditions first. the CCM SW forcing reaches over 7 Wm ™2 in the
tropics. while SKYHI gets 5 to 6 Wm™2. In the LW, again CCM is only slightly higher. resulting
m a4 vs 3 Wm~? total TOA forcing. For clear-sky conditions. the total forcing of 7.5 (CCM)
vs 8 Wm~2 {SKIHID) in the tropics around October 1991 to January 1992 is basically identical.
Additionally. there are equally large forcings in the summer hemisphere high latitudes. both in
the North and South with forcing at 60 to T0°reaching initially over 12 Wm =2 in January 1992 in
the Southern Hemisphere. and roughly 10 Wm=~* in the Northern Hemisphere. These large high
latitude forcings coincide with the high insolation times at these latitudes during the respective
summer season. and represent an extended influence of the dominating SW siznal. The forcing
15 50 50 strong that the clear sky effect is also stronglv reflected in the all-sky results.

If Figure 2 of Andronova et al. 11999} represents clear skv conditions, then the results are
almost identical to those obtained here. although the high latitude peaks are markedly smaller.
The forcing values obtained with CCMI are higher than those received from a relatively coarse
resolution radiation treatment in ECHAM3 shown in Stenchikor et al. (1998), as discussed in
Andronova ¢t al. (1999} and Ramachandran et al. (2000).

Figure 5.11 shows a comparison of the SW. LW and combined total forcing in the tropics
rarea averaged from 10°N to 40°S) with measurements from ERBE { Minnus et al. 1993). Very
good agreement is achieved during the buildup phase. reaching a correct peak forcing of about 3
Wm~? (comparison of ERBE has to be done with the TOA forcing. since this is what the sateilite

measures). The decay of the forcing over time is somewhat faster in ERBE. The reason for this

1s probably twofold. First. the model is run in forcing mode only. therefore the climate and with
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it cloud distribution is not allowed to adjust to the forcing. Second. the development and decay
of El Nino; Southern Oscillation. an important aspect for tropical cloud distribution and albedo.
could have easily caused a further perturbation. Generally. good agreement in radiative forcing is
achieved. This is also true for the global average SW forcing. which Minnis et al. (1993) estimate
at 2.7 W2

Due to the s-Eddington formulation. the strong effect of the aerosol in the SW can also be
split into the perturbation of the direct solar beam and the change in diffuse sky light. Figure
3.12 shows the total SW changes in direct. diffuse and total radiative flux at the surface for
January 1992. the month close to the maximum global aerosol forcing. A strong decrease in the
direct solar beam on the order of 10 to 20 Wm™* in the clear sky areas of the tropics can be seen.
At the same time. the diffuse sky light compensated for the loss. but by a somewhat smaller
amount. resulting 1 a net loss of downward radiation at the surface. This very effect has been
ohserved since the earliest docnimentations of hazes high in the atmosphere (see Chapter 2.3.2).
The decrease in the direct beam with an accompanying increase in ditfuse light is responsible for
the often reported lack of clear shadows. and the hazy color of the sky. Due to an inconsistency
in the data storage. the fields are shown of the simplified aerosol (run f060.14). but it will be
shown below that the radiative forcing is almost identical between these two runs. and therefore

the plot is not only qualitatively informative. but basically quantitatively correct.

5.3.2 Climate impact

Now that the forcing is reasonably captured in the aerosol implementation. the next step in
the model-based investigation of volcanic effects on climate is to let the climate respond to
the forcing. In the following. the same experiment was performed using prescribed SSTs and
identical initial conditions. This time. the aerosol parameterization was run in feedback mode
and no forcing tields were stored. The forcing can now be estimated by differencing the fluxes

from the unperturbed run with the fluxes from the feedback run. Note. due to climate response
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Tropical and Global Radiative Forcing
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Figure 5.11: Simulated radiative forcing separated into SW (top row). LW (middle row) and
total forcing (bottom row). for the tropics from 40°N to 40°S (left column) and global (right
column). The model data was area weighted. A comparison of modeled and ERBE observed
radiative forcing is shown for the tropics. Note that the ERBE satellite data should be compared

with the top of atmosphere fluxes (red lines). rather than the surface fluxes (blue lines).
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January 1992 direct and diffuse beam perturbations (VIS/NIR)

" HAENEEE.
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Figure 5.12: Direct (a.d). diffuse (b.e) and total solar flux changes (c.f) for cloudy skies due to

volcanic aerosol for visible (a-c) and NIR (d-f) wavelength. Note: data from run f060.14.
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(feedbacks). no exact agreement with the forcing numbers presented above would be reached and

noise can blur the signal.

5.3.2.1 Heating rates

The first direct etfect of the aerosol forcing concerns the vertical heating rate anomalies due to
the aerosol. Since the radiation code distinguishes between SW and LW, one can also look at
their individual contributions. The heating rate changes. in turn. will cause the temperature
profile to adjust. which influences the density of the air throughout the atmospheric column and
therefore. the dynamics.

Figure 5.13 shows the obtained CCM3 heating rates. The maximum heating using the
Stenchikov aerosol occurs in the SW in the uppermost part of the aerosol cloud. where a large
number of very small particles are present (around 10 hPa. or roughly 30 km altitude). For a
generic aerosol (see below), the heating rates get closer to Ramachandran et al 2000). Due to
the low vertical resolution in CCM. the maximum in visible and NIR heating fall together causing
the very high heating of over 0.4 K, dav. somewhat higher than in Ramachandrun et al. (2000).
but quite similar to idealized model calculations using an observation-derived single scattering
albedo of 0.99 compared to unity { Kmnuson et al.. 1994). No detailed analysis similar to SKYHI
can be done here. as the vertical resolution does not allow the detailed separation of vertical
sections of the aerosol cloud. Despite this fact. the LW maximum heating of over 0.2 K/day
occurs clearly in the lower half of the cloud. The large heating persists until early 1992 when
it starts to decrease and by early 1993. is around 0.1 K day. During this time. the maximum
heating that initially occurred at the top of the cloud is reduced and continues to decrease in
altitude (see Figure 3.14). although limited vertical resolution does not allow this process to be
fullv explored. Figure 5.14 also shows how the heating is largelyv confined to the low latitudes.

Already at 45° North. the heating is more than 50% lower. and in polar areas basically absent.

154



Vertical Distribution of Spectral Heating Rates
August 1991 January 1992
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Figure 5.13: SW and LW heating rates due to stratospheric aserosol derived from forcing exper-
iment using AMIP II SSTs. Shown are zonally averaged values for August 1991 (a-c). January

1992 (d-f). August 1992 (g-i) and April 1993 (j-1).
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Figure 5.14: Vertical distribution of total heating rates over the two years of simulation in the

a) tropics. b) mid-latitudes and c) polar areas.



5.3.2.2 Atmospheric temperatures

Figure 5.15 shows a north-south cross section through the zonally averaged atmosphere for two
winter seasons. Plotted is the temperature anomaly at each level to the volcanically unperturbed
control run. The presence of the lower stratospheric aerosol can be readily detected as the area
of temperature increase. The maximum heating occurs in the tropics during the largest optical
perturbation. in December through January 1991/92 with almost 4°C warming. This warming
can also be seen in Figure 5.16. where the 30 hPa level temperature anomalies are presented in
zonally averaged form throughout the two vears of simulation. Striking is the warming in the
tropics with a semi-annual pulsing forced by the shift of the sun. At the end of the simulation. the
stratospheric temperatures are still perturbed by at least 1°C. The high latitudes. especially in
the northern hemisphere. also show some strong anomalies. One needs to keep in mind, however,
that the high latitudes. particularly during winter time. exhibit a very strong natural interannual
variability. In Figure 3.16b. therefore. only the anomalies larger than one standard deviation to
a 14 vear AMIP simulation are retained. The northern hemisphere winter cooling and warming
immediately after the eruption turns out to be not significant. Figure 5.16¢ shows an example of
unforced sudden stratospheric warming in the northern polar areas during the AMIP run.

As seen in Figure 5.15. the polar areas cool indicating an initial intensification of the polar
vortex as compared to the corresponding conditions in the AMIP simulations where the SSTs
were identical. but no stratospheric aerosol was used. The early winter 91/92 simulation re-
sembles closely results obtained by Auchner et al. (1998), when they used observed SSTs. and
the National Center for Environmental Prediction/National Center for Atmospheric Research
NCEP/NCAR reanalysis (Kalnay et al.. 1996; Ristler et al.. 2001). subsequently NCEP. Note.
the first northern hemisphere winter is only represented by December and January. as CCM
experienced a strong sudden stratospheric warming during Februarv. strongly perturbing the

zonally averaged temperatures. From the available data. the significance of this event cannot be
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Pinatubo Meridional Temperature Profile
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Figure 5.15: North-South profile of temperature change due to Pinatubo aerosol zonally averaged

for two winter seasons in each hemisphere as compared to the same years (same SSTs) of the

AMIP simulation.
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Figure 5.16: Temperature perturbations on the 30 hPa pressure level. a) anomalies after removal
of seasonal cycle in Pinatubo simulation. b) only areas of change larger than one standard devia-
tion from 14 year AMIP simulation are shown. c) shows a section for of the AMIP II simulation

with a stratospheric warming independent from aerosol.
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established. Yet. in the second winter. a similar warming occurred in the simulation. this time

during two of the winter months causing a warm anomaly.

5.3.2.3 Zonal wind

These vertical temperature anomalies drive the dynamic response to the aerosol. Figure 5.17
shows the zonal wind perturbations in the same cross section as the temperature profile in Figure
3.15. In red are increased zonal westerlies. and blue represent decreased westerly strength. The

colored regions are areas of more than one standard deviation anomalous winds.

5.3.2.4 Seasonal surface temperature response

How are the surface cliinate conditions simulated? [f one first looks at globally area averaged
temperatures, as simulated using AMIP SSTs and two observational time series (NCEP and the
globally gridded data merged of Jones (1994) (land stations) and Parker et al. (1995} (ocean
surface temperatures). updated with Rayner et al. (1996). subsequently .Jones-Parker). The
success of the simulation can be seen in Figure 5.18. [nitialized to zero for June 1991. observations
and the simulation show a seasonal cycle in the global temperature with cool conditions in
northern hemisphere fall but relative warm averages during the following winter. The magnitude
of the temperature fluctuations is reprodiiced well in the feedback simulation as compared to
NCEP and Jones-Parker. The spatial distribution of the temperature anomalies are presented in
Figure 5.19. I[n the left column, the northern hemisphere winter conditions are compared between
the model simulation and the two observational data sets. Most prominent are marked warmings
over the northern hemisphere continents that were related to the volcanic aerosol (as reported
in Growsman (1992). Robock and Mao (1995) and Rirchner et al. (1998)). The difference from
the aerosol feedback run to the unperturbed control (panel a) shows a strong influence from the
aerosol in CCM. In addition. the magnitude of the temperature changes are well repraduced in

the simulation. The spatial location is more difficult to match as the planetary wave structure
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Pinatubo Zonal Wind Profile

North-South profile of zonal wind strength for two northern hemisphere winter
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Pinatubo Eruption 1991: Mode! vs Observations

TslGlcu.l 1 o401t chw.l.nf [ N nl”'no"
06 L

. ——NCEP |

4 ———M
0.3 —— o
0.0
0.3 — -
0.6 — -
09 L

T T T T T T 7V 1T 7T 17 T T T T T T T T T
Juigt QOct9? Jan@2 Apre2 Juig2 Oct92 Jan®d Apr3s
Figure 5.18: Global area averaged temperatures from the CCM3 simulation as compared to

NCEP reanalysis and observational data from Jones-Parker

shifts continuously.

The good match is also true for the summer conditions of 1992. when large areas of slight
continental cooling are more prominent than areas with warming. In the model. a slight shift of
the wave structure over the northern hemisphere is found. although. again. the difference to the

control run shows the correct tendency with warming in western Europe and cooling to the east.

5.3.3 Simplification

The above reported results from the Pinatubo simulation using the ST98 aerosol were to verify
the implementation. The general success permits us now to move to other eruptions. Since. for
other events the detail in aerosol properties is no longer known. a intermediate step will evaluate
the potential of simplifying the aerosol description and generalize to a point. where the majority
of impacts still are preserved and the simulation can be regarded as “close enough’. One needs

to keep in mind. that for paleo climate applications. basically no aerosol information apart from
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Seasonal Surface Temperature Anomaly

Figure 5.19: Spatial distribution of northern hemisphere winter 1991/92 and summer 1992 as

compared to Jones-Parker and NCEP
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perhaps the total aerosol mass will be available.

This problem was addressed in Chapter 3.3. Here an intermediate step is used. While
preserving the visible optical depth as found in ST98. the detailed aerosol information is replaced
by a single aerosol distribution which is held constant throughout the run and at all levels. It
consists of an intermediate sized aerosol (r.;y = 0.42 um and o = 1.25 gm. as in ST98). and a
limiration to model levels 3 through 6. or roughly from 30 to 150 hPa. The aerosol properties for
this distribution were computed in a Mie code and then added into the model as lookup tables
for each radiative band for CCM.

Here. the simplified Pinatubo aerosol distribution is compared against the run with fully
described aerosol. In order not to repeat too many discussions from above. only two analyses
are shown. The first step 1s. of course. the crucial aerosol forcing. Figure 5.20 shows the TOA
and surface radiative forcing over two vears of simujation. broken down into SW and LW parts.
The peak TOA SW forcing also reaches ¥ Wm=2 and the LW maximum just about { Wm=2,
resulting in almost identical TOA total forcing of around 1 Wm=2 in the southern tropics and
in good agreement with ERBE observations ( Minnus et ol.. 1993). The surface forcing is slightly
smaller than for the run. with detailed aerosol mostly due to a slightly rediced SW forcing. This
i no surprise. as in the single aerosol experiment no high numbers of vervy small particles are
present at the top of the aerosol cloud. as in the STO8 data. Nevertheless. the radiative forcing
at TOA and the surface due to the aerosol 1s basically identical between the detailed aerosol data
of ST98 and the simplified. single aerosol distribution with the same optical depth in the visible
band.

The climate impact of the single aerosol distribution is shown in Figure 5.21. The winter
warming over the Asian continent is not particularly well reproduced as in the previous experi-
ment. although a clear warming is simulated in the northern most areas. Over North America.
a similar warming is produced. again slightly shifted to the north east of observed warming as

represented by Jones-Parker or NCEP. In summer. the overall performance is better over North
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Seasonal Surface Temperature Anomaly

Figure 5.21: Surface temperature response during first winter and summer season as compared

with observations. Same as Figure 5.19. but for single aerosol size distribution.

America. with a more pronounced cooling over the central US, extending towards the Labrador
Sea and Greenland. Warm anomalies over Europe are not well captured. although the stronger
cooling over western Russia is very similar to the previous experiment.

The surface climate response to the aerasol seems reasonable. and not much detail is lost
when replacing the detailed aercsol properties with a much simplified. single size distribution.
This is encouraging for the following experiments of eruptions where no aerosol size information

is available.
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Chapter 6

CLIMATE IMPACT OF

HISTORIC ERUPTIONS IN

CSM

6.1 Overview

Once we have implemented the volcanic aerosol physics into the NCAR-CCM and tested the
model’s response to the well-known Pinatubo aerosol (Chapter 5). we can then use the aerosol
module in fully coupled mode. Only when the entire climate system can respond to the large
but transient perturbation of the volcanic aerosol will the climate umpact be more internally
consistent and there will be less external biases present in the solution. This should lead to an
outcome that more accuratelyv resembles the conditions in the real world.

The previously presented Pinatubo simulations were run with observed SSTs. which led to a
~fudged™ coupled climate experiment. By now imposing the atmospheric forcing on the coupled

climate system model and replacing the prescribed SSTs with a fully dynamic ocean model (in

168



the configuration of the NCAR-CSM). the response will be somewhat different. as the acean
model. together with the sea ice companent. will leave their own imprint. But this configuration
will now allow for feedbacks from the coupled svstem to participate in the response and recovery.
In addition. for the simulations presented below. the aerosol will no longer be the highly detailed
aerosol data of Stenchikor et al. {1998), but the simplitied parameterization presented in Chapter
3.3. The reason for this is that no detailed aerosol information is available for eruptions prior
to Agung (1963). The simplified parameterization uses optical depth estimates from the small
number of ohservations since 1882 and follows the assumption that aerosol particles always form
in a similar way as for the eruptions since 1963. This also implies that sulfate fluxes from the polar
ice sheets can be used to describe the atmospheric perturbations from explosive volcanism (e.g..
Zielinska, 1993), since the total emitted sulfur mass can be estimated from the linear relationship
to the deposition mass thux measured in the ice. The validity of this assumption will be discussed

later.

This chapter will focus on three main questions:

Houw large 15 the volcanic aerosol forcing and its impact on climate during the 204 -Century?
Using the aerosol dataset produced in Chapter 3.5, the NCAR-CSM was run at T31-x3" resolution
for the time period of 1370 to 2000. First. a control experiment was run out using an atmospheric
composition of 1370 but without any external forcing. Then. the experiment was repeated. this
time using the volcanic aerosol to perturb clitnate. Using these runs. the volcanic forcing over
time will be described and compared to other natural forcings. The climate impact of the volcanic
aerosol on interannual and decadal time scales is then documented.

What determines the magnitude of the climate wnpact of a specific eruption tn a coupled
erpertment? The climate impact of a single tropical event (Krakatau. 1883) was analyvzed in
more detail. and sensitivity experiments evaluated how important different boundary conditions

were i1n determining the effect on climate of a particular eruption. The general assumptions put
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forth in Chapter 5 were revisited and critically analyzed.

In what way can volcanic eruptions excite, suppress or pace internal modes of climate vari-
ability? Volcanic eruptions impact not only the radiative budget. but with this also influence the
temperature and pressure gradients that are generally modulated by internal modes of climate
variability. Using the ensemble simulations of tropical and high-latitude events. a first descrip-
tion of their impact on one of the major modes of variability, the North Atlantic Oscillation. is
presented. The results are compared with previously suggested relationships in the area of the
eastern North Atlantic (Defant, 1924: Lamb. 1970).

To summarize, the conclusions from the different simulations as well as the implications of
successful and less successful aspects of the simulations are discussed. General implications for

modeling of past volcanic eruptions and their climate impacts will be highlighted.

6.2 Coupled simulations of the 20**-Century

6.2.1 Spinup procedure

The first task in performing simulations is to get the coupled model to spinup towards an equi-
librium. at which point. the response to an imposed forcing can be studied. The spinup is
particularly important for coupled climate model simulations. since strong drifts or fluctuations
could hamper the signal-to-noise analysis. While the Pinatubo experiments described in Chapter
5 were run as a branch off from a long AMIP simulation with the T42 resolution of CCM3. the
experiments of the 20'®-Century make use of the coupled T31 (Paleo) version of the NCAR Cli-
mate System Model (CSM). This model in its current configuration has not vet been run for 1870
conditions. Therefore. a spinup procedure had to be performed to equilibrate all components
of the coupled climate system to the conditions of 1870 (i.e.. the atmospheric composition of
that time with ocean heat transport and sea ice in. or close to. a stable equilibrium with the

atmospheric flow}.



The standard spinup procedure of the paleo CSM includes three distinct steps: atmospheric
spinup. ocean spinup. and then an initial coupling.

First. the atmosphere is spunup using observed or otherwise prescribed SSTs and by setting
the atmospheric composition to the selected values for CO, and the other greenhouse gases. For

1870. the following concentrations were set (data from [PCC. Wiglev. pers. comm.. 2000):
e CO, : 289.263 ppm

e N,O : 231.351 ppb

e CH; : 901.353 ppb
e CFC-11:0.
e CFC-12: 0.

Additionally. the solar constant was lowered from 1367 Wm ™2 in the standard configuration
to 1365.5 Wm~2. This value was chosen for later transient simulations. where the solar constant
would be ramped towards present day. following suggestions of Lean et al. (1993) and Hoyt and
Schatten (1998). The fixed. globally uniform tropospheric aerosol optical depth was lowered
to 0.035 from the standard 0.14. according to estimates of reduced tropospheric aerosol ( Rasch
et al.. 2000). The initial SST data were taken from GISST version 2.3a in |°resolution for 1870
conditions and combined with present SSMI sea ice distributions. since sea ice reconstructions in
the last century are not assumed to be very accurate. The data were interpolated to the CSM-x3"
ocean grid and combined into 12 monthly time slices that were then repeatedly used during the
10 vears of simulations of the atmosphere.

From this 10-year atmosphere-only simulation, the last 5 vears were subsequently used to
repeatedly force the dynamic ocean and sea ice models during their spinup. Since the atmosphere
adjusts much faster to changes in boundarv conditions. the second 5 vears of a 10 vear run are

usually sufficient. The reason that not onlv one single vear is used comes from the fact that
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the atmosphere undergoes quite substantial interannual variability, and it would not be suitable
to spinup the ocean to one single atmospheric mode (e.g.. one extreme in the North Atlantic
Oscillation). For the acean spinup. the surface was forced with winds. radiation and temperatures
of the atmospheric spinup. To allow the deep ocean to adjust. a process normally taking hundreds
of vears. an acceleration function into depth was applied (see Bryan. 1984). ranging from | (no
acceleration) at the surface continuously to a factor of 50 for the lowest 5 of the total 25 ocean
lavers of the x3" model version. The run was extended for 20 surface vears. which has the deep
ocean go through an equivalent of 1000 vears due to the factor of 30 in acceleration. Over the
20 vears of integration. several diagnostic fields show the strong adjustments taking place in the
ocean. namely deep ocean temperatures. volume integrated salinity, and circum Antarctic How
strength. Most of the drifts decreased significantly towards vear 20. suggesting an approximation
towards an equilibriuin. The same was the case for sea ice.

The spinup. so far, was trying to bring all models as close as possible to the new conditions,
but only through coupling can a stable mode be reached. This was achieved by the initial
coupling step. where acceleration was no longer used, and the models find an equilibrium trough
a coupled (i.e. interactive) process. This initial coupling was run out for 70 vears. During this
time, the model underwent further adjustments. In the first 10 vears. sea ice volume increased
roughly 20%¢. while northern hemisphere temperatures increased by over 0.5°C. After 70 vears of
coupled run. again diagnostics such as sea ice, surface temperature. ocean potential temperatures.
radiative net Huxes seemed to come close to equilibrium conditions. After a total of 100 vears of
spinup procedures. the T31-x3" Paleo CSM was reasonably spun up to conditions viable for the

experiments.

6.2.2 Control Experiment

In order to analvze forced experiments in terms of climate variability on interannual and longer

timescales. a control experiment containing no external forcing is needed. This is basically



an extension of the initial spinup. and as such. was run for an additional 130 years. Figure
6.1 shows the coupled portion of the initial spinup and subsequent control for absolute surface
temperatures and their relative change compared to the average of the first 10 vears for the
globe. the tropics as well as the northern and southern hemisphere. The strong adjustments
during the first 70 years (during the spinup) are clearly visible. with the most important changes
taking place roughly around 1920. where the northern hemisphere temperature increases while
the southern hemisphere temperature decreases. Around 1940. the run looks reasonably stable.
although further trends can be seen around vear 1990 to 2000. Figure 6.2 shows the sea ice
conditions throughout the initial spinup with subsequent 130 years of control experiment. The
increase followed by dramatic decrease in northern hemisphere sea ice area and volume is probably
primarily responsible for the hemispheric temperature changes.

An important measure of the global ocean circulation 1s the overturning in the North At-
lantic. After an initial increase to over 32 Sverdrup (Sv). the control shown in Figure 6.3B seems
to level out around 26 to 28 Sv. although with continued slight negative trend. This is similar
in behavior to the 300 vear coupled performance reported in Donabasoglu (1998). but clearly
less than the 30 to 10 Sv in Bouille et al. (2001). All these values are higher than observations
{around 20 Sv). probably due to somewhat higher surface wind stress after coupling ( Donaba-
soglu, 1998). The simulation of the Antarctic Circumpolar Current (ACC) is with roughly 143
Sv significantly tmproved towards the standard model (236 Sv compared to 113-143 Sv from
observations Whutworth, 1983).

The run is not in full radiative balance. As can be seen from Figure 6.3A. the ocean heat
content is slighly negative (about 0.6 to 0.7 Wm~?). causing the coupled system to cool slightly
(about 0.15°C per century). This trend is marginally larger than the performance of the 300
vear coupled integration at higher resolution { Bryan. 1993).

[nterannual variability in the control is represented quite well. NINO3 SST variability exhibits

a standard deviation of 0.66°C. somewhat lower than observations. which range from 0.7°C for the
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Figure 6.1: Coupled spinup and control experiment for surface temperatures for globe (dark red
lines). the tropics from 40°N to 40°S (blue), the northern (orange) and southern hemisphere

(green).
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b056.02 : Sea Ice
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Figure 6.2: Coupled spinup and control experiment for sea ice area and volume for globe (black

lines). the northern (red lines) and southern hemisphere (blue lines).
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period 1950-1979 to 0.86°C for 1950-1998. although the run exhibits clear decadal variations with
episodes of larger variations. NINOJ variability is 0.36°C within the range of observations (0.35-
0.6°C). The features of thermocline displacements during El Nifo episodes are also well captured.
For a more detailed description of the El Nifo - Southern Oscillation in this model configuration.
see Otto-Bliesner and Brady (2001). Another important variation. the North Atlantic Oscillation
{NAO). is also reproduced quite well. exhibiting interannual to decadal fluctuations.

Overall. the model was performing well. reproducing major modes of climate variability. The
slight negative radiative imbalance and the somewhat strong overturning in the North Atlantic

are features to keep in mind when looking at the respounse in the forcing experiments.

6.2.3 Volcanic Forcing Experiment

The volcanic aerosol loading of the time period 1370 to present has been discussed in Chapter 3.
Using a simple seasonality parameterization. a spatial and temporal distribution of atmespheric
optical depth in the mid-visible (around 0.5 um) has been proposed (Chapter 3.3). In the
following. this forcing dataset was used to describe the volcanic perturbation of the atmosphere
during two 130-vear experiments. [t is assumed that the aerosol optical depth in the mid-visible
is a good descriptor of the aerosol and can be used for all the eruptions. since it is relatively
insensitive to aerosol variations ( Lacis et al.. 1992). Further. the aerosol was put into fixed model
levels and prescribed for their temporal evolution according to the seasonality parameterization.
For each radiation timestep (every hour). the total column aerosol optical depth at each latitude
was interpolated linearly between two monthly values. This technique has been proven to work
reasonably well for the well known Pinatubo eruption (see Chapter 3).

[n the following. the main aspects of the coupled aerosol experiments are described. and the

forcing and impact are compared to observations and other modeling studies.



6.2.3.1 Radiative Forcing during the 20**-Century

Figures 6.4 and 6.5 show the variations in TOA and surface net solar fluxes. Several aspects
can be recognized immediateiy. First. the five largest volcanic eruptions {Krakatau (1883). Santa
Maria (1902). Agung (1963). El Chichén (1982) and Pinatubo (1991)]. can readily be recognized
in the field of zonally averaged radiative Huxes. As observed by Minnis et al. (1993). the volcanic
aerosols for these large eruptions cause the TOA radiative budget to significantly exceed the
normal interannual variations. The signal is less clear for the high-latitude eruptions, such as
Katmai-Novarupta. despite a visible optical depth of 0.3 in summer 1912 at latitudes north of
10°N. Secondly. the TOA SW flux perturbations are stronger than the surface Huxes, which
is primarily due to cloud and water vapor responses in the troposphere. The opposite is the
case for the total net Huxes. because the longwave perturbations are acting against the SW (see
helow). The volcanic perturbations are. of course. even easier to identify after removing the clouds
{Figure 6.5). Here. all perturbations. other than from the volcanic aerosol. are due to surface
albedo changes. Therefore. one would expect the largest changes to occur where the albedo can
vary most dramatically. This is the case in areas where either snow cover (continents) or sea ice
ocean) can form or disappear. [t can be seen from Figure 6.5 that the largest changes are indeed
present in the high latitudes of both hemispheres. They not only show up intermittently but seem
to follow a particular trend. The surface fluxes show an increasingly negative radiative budget
in the Arctic compared to the first 10 vears. This is mainly due to increasing Arctic sea ice. as
is demonstrated in Figure 6.6. The reason for this general increase of ice volume and. to a lesser
degree of the sea ice area as well, is probably due to the negative radiative balance mentioned
above. The positive tendency pattern immediately southward of the negative radiative fluxes in
the Arctic also hints at some reorganization in the mean sea ice distribution. probably in the
North Atlantic versus North Pacific area. The radiative flux fluctuations in the equatorial areas

are rather small (note: these are zonallv averaged values). The perturbations primarily reflect
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El Nifno - Southern Oscillation events.

The total net radiative Huxes are presented for TOA in Figure 6.7 and the surface in Figure
6.8. Again. the perturbations from the volcanic aerosols are clearly visible. In fact. when looking
at global and hemispheric values, even the smaller eruptions are now relatively easy to identify.
When locking at total net fluxes. the clear interannual variability in net radiative flux is due to
climate noise and natural modes of variability. such as El Nifio and others. The total surface
net flux perturbations are larger than the TOA net Huxes (note difference in scale of the plots).
because the LW buffering of the volcanic aerosol does significantly reduce upwelling LW radiation.
However. the warming signal from the stratospheric aerosol cannot penetrate down to the surface.
and therefore. the LW variation at the surface is minimal. Ouly the large Krakatau perturbation
( 1883-33) can be identified out of the interannual noise.

When looking at individual voleanic eruptions in the direct comparison shown in Figure 6.9.
the magnitude of the events can be recognized. This figure shows the total net radiative thuxes
for the surface in relation to the time of the vear. The buildup of the aerosol cloud until 3 months
after the individual eruptions can be seen. For example. Pinatubo erupted in June (1991} and
Santa Maria in October (1902). Also. the general decrease of the forcings follow a more or less
parallel line. in agreement with the l-vear e-folding time of the aerosoi clonds. Compared to the
tropical eruptions. the small radiative etfect on the global scale of the large high-latitude eruption
of Katmai-Novarupta (1912) 1s remarkable.

Figure 6.10a shows the radiative perturbations from 33-60°N. This is a latitude where a series
of observations for the time of the Katmai-Novarupta aerosol cloud are available { Kimball. 1913:
Volz. 1973a: Stothers. 1996b). At this latitude. two important aspects of the aerosol perturbation
need to be pointed out. First. the high-latitude injection of aerosol from Katmai-Novarupta
{Alaska) immediately impacts the radiative budget. only a few month after the eruption in June
1912 ( Amball. 1912). This is in sharp contrast to the tropical eruptions. whose aerosol does not

reach the high northern latitudes until late in the vear due to the seasonal cvcle in meridional
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Figure 6.4: SW flux perturbations during the 130 vear experiment using volcanic aerosol forcing.
Upper panel shows zonally averaged 12 point running average net flux changes relative to the
mean flux from 1870 to 1880. Lower panel: same as upper panel except for surface radiative

fluxes.
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Figure 6.5: Same as Figure 6.4. but for clear sky conditions.
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184



Gll"bl"ll[lllllllllllllLLLiIlllllllllll

= .
3 -
4 —
9 = -
12 cowe |
: m:
15 — ] —
] K C
18 rrrvrrryrvrrrTryrvTrrTrr i rr iRl e b rbd
Jan Jul Jan ul Jan Jul

Figure 6.9: Globally averaged surface net flux changes in Wm ™2 after selected eruptions. The
temporal order is in calender month. ranging from the vear of the eruptions to 3 vears later. The

data was smoothed with a five point moving average.

transport in the lower stratosphere. Direct radiative effects from low- and high-latitude eruptions
are. therefore. not directly comparable. but require the correction of a lag for the tropical events.
This is important when comparing climate signals in some proxy series. such as tree rings. The
second interesting aspect of the radiative flux perturbations in the high latitudes is the markedly
different decay between aerosol clouds from tropical and high-latitude eruptions. Wkhile the
Katmai-Novarupta areosol decays within roughly a vear. the aerosol perturbations after low
latitude eruptions repeatedly regain some strength during the winter season. This is due to the
fact that aerosol after low latitude eruptions can continuously receive mass from the tropical
stratosphere. which may act as a reservoir. This effect has been incorporated in a very simple
manner in the aerosol seasonality parameterization by setting a somewhat faster decay rate in
the high latitudes than in the tropics. During the respective hemispheric winter season. new
aerosol from the tropics can therefore lead to an intermittent increase in aerosol mass in the mid-

and high-latitudes. That this different decay behavior of tropical versus high-latitude eruptions
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Figure 6.10: Top: Temporal evolution of the surface net flux perturbations between 55 and
60°N after high-latitude (Katmai-Novarupta) and tropical eruptions (Krakatau. Santa Maria.
Pinatubo). Lines are selected eruptions are the same as in Figure 6.9. Bottom: Early observations
of atmospheric transmission from Kimball (1924) for two tropical eruptions Krakatau (red). Santa
Maria (1902) and the high-latitude eruption of Katmai-Novarupta (1912). Note the recurrence of

low transmission during the winter time for the tropical but to a much lesser extent for Katmai-

Novarupta.
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is not just an artefact of the model. but actually can be deduced from observations, is shown
in Figure 6.10b. Here. a compilation of the early observational time series from Kimball (1924)
exemplifies this for the two tropical eruptions of Krakatau (1883) and Santa Maria (1902) versus
the evolution of atmospheric perturbation from Katmai-Novarupta (1912). Despite the noise in
the early time series (especially for Krakatau. where only one single series from Montpelier is
available). the clear recurrence of optical perturbation in more than one winter following the
eruption is clearly captured. Very different is the decay of the Katmai-Novarupta aerosol cloud.
which does not experience these re-intensifications. The parameterization captures this behavior
remarkably well.

Before addressing the climate impact from the reported forcing. two important conclusions
can bhe drawn from the forcing results already presented. First. the volcanic eruptions since
1870 have repeatedly tmposed a signiticant forcing on the earth radiative balance. Interannual
variations in total radiative Huxes in the order of several Wm~? are not unusual for volcanic
eruptions. Second. the coupled climate model allows us to look into the real forcing effect of
the volcanic aerosol on the climate as it responds. Compared to the interannual variability the
volcanic eruptions not only show up as short lived perturbations. but clearly exhibit a long
terin component. As has been suggested before. more closely timed eruptions can perturb the
radiative balance on decadal time scales. Figure 6.11 shows baoth of these forcing etfects as TOA
net tlux anomalies for annual averages. The volcanic run is shown in red. Despite internal noise.
clear evidence of volcanic aerosol perturbations can be seen. The red dashed line is a 10-vear
average through the data. Two episodes of strong deviations from zero are visible. one from
1830 to 1905. the other at the end of the century between 1960 and 1995. The negative forcing
during these decades is on the order of 0.4 Wm~2. It has been suggested that variations in
solar radiation could have a substantial impact on the longer term behavior of climate and that
the warming in the 20*P-Century could be explained by solar variations alone { Friis-Christensen

and Lassen. 1991. Lassen and Frus-Christensen. 1995). For comparison of the solar irradiation
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Volcanic Forcing vs. Solar Irradiance Changes 1870-1999
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Figure 6.11: Volcanic versus solar forcing during the 20**-Century. Data is shown as annual

averages and for 10 year moving averages.

changes as reconstructed by Lean et al. (1993) and Hoyt and Schatten (1998) with the volcanic
perturbations. Figure 6.11 shows that the solar irradiation indeed exhibits an increase. starting
either at the turn of the 20*".Century or later during the 1930s. depending on the time series
under consideration. The first maximum. reached around 1940. occurs at a time when no volcanic
forcing is present. The positive solar forcing on earth climate after 1960. on the other hand. is
matched by an equally strong. but opposite in sign. volcanic forcing. While an active contribution
from the solar irradiation can be expected for the first half of the century. the same can not be

claimed after 1960. when the volcanic forcing offsets increased solar irradiation.
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6.2.3.2 Climate impact of volcanic eruptions

The volcanic eruptions with their individual perturbations to the radiation budget cause a num-
ber of impacts on climate. Although the aerosol particles efficiently scatter the solar beam. they
also absorb some SW (mainly near infrared. NIR) and LW radiation. This absorption raises the
temperature of the atmospheric laver they are located in. Figure 6.12 shows the averaged tem-
perature anomalies throughout the global atmosphere for the 130-vear experiment. The seasonal
cvele has been removed. Absorption by intermittent volcanic aerosol in the lower stratosphere
leaves a clear signal in the temperatures causing substantial warming. The strongest warming.
as well as the longest perturbation. occur at the bottom of the aerosol cloud. This is mainly
the result of two factors. First. the bottom of the aerosol cloud is the place of first absorption
of upwelling longwave radiation and has, therefore, a larger share. Secondly. the relaxation time
in the tropopause area is significantly longer than higher up in the stratosphere (see Figure 5 of
Kiehl and Solomon. 1956). Stratospheric warming in connection with volcanic eruptions has been
observed since the time of the Agung eruption in 1963 (Labitzke et al.. 1983: Labitzke and van
Loon, 1996: Angell. 1997b). The global perturbations reported here of up to 2°C (and more than
2.5%for Krakatau) is in good agreement with observations (Spencer and Christy, 1993. Angell
1997b: Thulastraman et al.. 1999 Parker et al.. 2000).

Below the heated stratosphere. the temperatures are clearly reduced. This effect is due to
both a reduction in transmitted solar radiation from above and climatic feedbacks such as reduced
convective activity. transporting less latent heat into the upper troposphere (see also Coakley and
Cess (1983) or Hartman (1994)). In fact. the temperature reduction in the troposphere is largest
between 100 and 300 hPa. Next to the reduced convective activity. the damping from the large
heat capacity of the worlds oceans reduce the signal towards the surface.

Interestingly. the perturbations persist for quite some time after the eruption and seem to last

longer. even after the stratospheric aerosol is gone already. This delav might be due to the lagged
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Figure 6.12: Vertical distribution of temperature anomalies during the 130 year experiment with

volcanic aerosol.

response in the oceans. The temperature perturbations are also somewhat dependent on the
latitude. Figure 6.13 shows a set of vertical crosssections from different latitudes during the large
perturbations from Krakatau (1883). The stratospheric warmings are mainly in the tropics. and
with decreasing aerosol and sunlight. the temperature perturbations are much smaller in the high
latitudes. Additionally. the high latitudes undergo a strong seasonal cycle. which further perturbs
the signal. Finally. dynamical responses can modify the radiative signal through advection.

The effects of these temperature changes on the zonal wind has been discussed for the
Pinatubo experiments. Here. we now focus on the surface climate. The surface tempera-
ture response is shown in Figure 6.14. The five large volcanic eruptions of Krakatau. Santa
Maria. Agung, El Chichén and Pinatubo are responsible for significant global surface tempera-
ture changes of several tenths of a degree Celsius. The large interannual variability that produces
a strongly varying surface temperature comes from the internal climate variability of the coupled

CSM. The five eruptions mentioned above cause the surface climate to exceed its usual inter-
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Figure 6.13: Latitudinal crosssections through the atmosphere after the large eruption of

Krakatau showing temperature perturbations on different atmospheric layers.

annual variations and significant cooling occurs. The onset of the cooling is abrupt. while the
recovery is slower and often undergoing clear fluctuations. These fluctuations are due to internal
variations. such as El Nifo. but also represent the winter warming effects over the Northern
Hemisphere high latitude continents as discussed for Pinatubo. They are also discussed below
for ensemble experiments. The second important feature of this plot is the long-term effects of
volcanic eruptions. When comparing the duration of the forcing with the climate impact. it is
remarkable that the large eruptions between 1380 and 1910. as well as between 1963 and 1995.
cause the global average temperature to decrease so much that recovery in-between the individual
events is not complete. The possibility of a decadal effect of closely spaced volcanic eruptions
has been discussed in Chapter 3.6 and was mentioned in Chapter 4.6. Figure 6.14 strongly sup-
ports this idea and suggests that the effect is real. The decades with increased volcanic optical

perturbations exhibit cooler average temperatures.
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Paleo-CSM: Voicanic Aerosol Run 1870-2000 AD
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Figure 6.14: Surface temperature response from the coupled experiment with volcanic aerosol

forcing. Large volcanic eruptions are marked.

Finally. one oddity that bears mentioning. is the shear magnitude of the impact of Krakatau
(1383). While for all the other eruptions. the simulated impact is similar to observations. the
strong cooling after Krakatau simulated in the coupled climate model is only seen as a small
anomaly in the GISS temperature series ( Hansen et al.. 1999) or is missing entirely in the com-
bined land and ocean data from Jones (1994) and Parker et al. (1995). Given the large sulfate
signal (and consequently large optical depth used as a forcing). a large signal could be expected.
The possible reasons why there is such a large discrepancy with observations will be discussed be-
low in Chapter 6.3. where ensemble simulations study different possibilities that might counteract
an eruption’s impact.

The second crucial parameter of surface climate is the precipitation. Given the strong radia-

tive effects of volcanic eruptions (of the order of several to over 10 Wm ™2 in the tropics). one
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would assume that the hvdrologic cvele. which is driven by the insolation. would get hit by the
reduction in downwelling radiation at the surface. Figure 6.15 investigates this question. The
upper panel shows area averaged interannual total precipitation fluctuations (sum of two model
output fields: convective and large scale precipitation) in mm for different regions. While aover
the globe (red) and the entire tropics {blue) the precipitation changes from year to vear are very
small. in the Indian Monsoon area (green) and. for example. the British Isles (vellow). interan-
nual precipitation tluctuations are much larger. Due to the large climatically driven variations
in the two small areas, no perturbations from volcanic eruptions are visible. At the global and
tropical scale. however. the averages seem to exhibit small. but recognizable, decreases. in agree-
ment with observations after Pinatubo { Spencer et al.. 1998). In the lower panel of Figure 6.15.
these perturbations of the globe and tropics are expanded. Here. only convective precipitation is
shown and is scaled towards the total convective precipitation amount to obtain percentages of
change. As for the surface temperature. the tive major eruptions in the simulation introduce a
clear precipitation decrease. on the order of a few percent. This signal also seems to be present
in observations. Da: et al. {1997) show precipitation as collected from a large global network of
stations. From their Figures ¥ and 8 (p. 2951 and 2952) one can recognize a similar large scale
pattern as shown for CSM in the lower panel of Figure 6.15.

Mukhergee et al. (1987} and Mukherjee (1990) have reported that large volcanic eruptions in
the tropics influenced the Indian Monsoon. They found decreased precipitation in both summer
as well as winter monsoon. While for the tropics as a whole CSM does confirm this observation.
for single events the influence is not clearly visible over the Monsoon area. The interannual
variability is too large. There are some events for which the correlation seems to hold well (El
Chichon). but for others. there is no signal at all (Agung). Further detailed studies are needed
to search for this effect. As in the real worid. the climate model exhibits a large variability when
looking at small areas. Clear volcanic signals only appear on the hemispheric scale. a dimension

where observations. or at least early ones. suffered from significant gaps in spatial coverage.
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Precipitation Changes
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Figure 6.15: Precipitation analysis from CSM. Top: Total precipitation for different zones and ar-
eas in interannual changes compared to long term average. Bottom: Percent change in convective

precipitation for the globe and tropics (40°N - 40°S).
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In good agreement with observations the impact from volcanic eruptions in the coupled
NCAR-CSM show significant transient perturbations of the climate. Next to these overall global
and hemispheric scale impacts. another to investigate is in what wayv the volcanic eruptions per-
turb internal modes of variability. like ENSO and NAO. This topic is addressed below. where

ensemble experiments try to shed some light on these questions.

6.3 Krakatau - A Challenge for Climate Modeling

The magnitude of the climate impact by the different eruptions is primarily a factor of optical
perturbation (see Figures 6.1, 6.7 and 6.1.1). However. other factors. such as El Nifio and the
mode of the NAO (among others). could potentially modifyv the signal.

This question. as pointed out above. is particularly to consider when looking at the large
impact simulated for the eruption of Krakatau (1883). which in the model is significantly larger
than observed. It is important to know whether it were possible that internal climate mechanisms
could suppress a large volcanic signal altogether. A well known example for such a masking
occured during the massive El Nino of 1932/83. which basically cancelled the expected cooling
fiom the spring 1982 eruptions of El Chichon. Some remnant cooling was only discovered after
the decay of the El Nino (Wigley. 2000). When looking at the large impact of Krakatau in
the CSM simulation (Figure 6.11). one wonders if the same effect could have happend in 188.1.
The exploration of candidate mechanisms for such a masking is the goal of this section. Using
ensemble simulations and selected sensitivity tests. the Arakatau Challenge will be discussed. The
significance of this problem should not be underestimated. From geologic. as well as other records.
we know that Krakatau was a major explosive event. and as such the expected perturbations of
the atmosphere should have been large. On the climate impact side. large events like this have
the capacity to potentially disrupt the climate. impacting agriculture and water availability as

the sensitive focus points for society. A\ series of closely spaced events could potentially extend
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the time period of perturbations. further enhancing the pressure on society. It is important
that climate models can accurately simulate these major events in order to give insight into
regional and global impacts on the short time scales. Krakatau. as the largest event during the
instrumental period (Stothers. 1996b), is a test ground for the ability of the models. and any

difference to the observed climate impact should be understood.

6.3.1 Ensemble simulations of a large tropical eruption

The coupled climate system simulated in the CSM exhibits internal climate variability. In this
configuration. it is very hard (if not impossible) to study events in a one-to-one comparison
with the real world. Next to the fact that the climate model and the real world represent two
different coupled svstems. the states of internal modes (e.g.. ENSO. NAO) within each svstem
are probably never the same. Therefore. we cannot really reproduce identical situations. A way
to look into the problem is to study ensembles. This precedure makes use of the same forcing but
each experiment starts from different initial conditions. By varving the initialization. a 'common’
direction of the response might be found. But one also needs to keep in mind that the real world
could have ‘chosen’ an extreme pathway. rather than the ‘common’ middle way. Therefore. in
order to explore all possible pathways. a large number of ensemble simulations might be needed.
Here. a totai of six experiments of tropical eruption of Krakatau (1883) and four of high-latitude

Katmnai-Novarupta (1912) event were performed.

6.3.2 El Nino as a buffer for volcanic cooling

The method for performing ensemble simulations is to use the same aerosol data with different
starting conditions for each run. The selection of these initial conditions was done using the
130-vear volcanic coupled simulation. The NINO3 surface temperature anomalies were used as
selection criterion in order to choose vears when the coupled syvstem would head into an El Nino or

a La Nina event. As suggested by the example of El Chichon. where the large El Nifio of 1982/83
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masked the impact of the stratospheric aerosol. this ensemble should test to what degree El Nifo
could be responsible to cancel the cooling effect simulated by CSM. Earlier. in Table 4.2. it was
shown that all proxy and instrumental indices for the vear after the large Krakatau eruption
point to a reasonably strong El Nino event. Therefore. a possibility for the lack of a clear surface
signal could be due to this internal climate mode. The ensemble experiments can help evaluate
the validity of this hvpothesis. Additionally. following the discussion of Chapter 1.3. the ensemble
member selection with opposing states of ENSO could shed some light into the trends reported
by Handler (1984). Table 6.1 lists the vears of initial conditions used for the ensemble simulations
and summarizes the main results. Figure 6.16 shows NINO3 anonalies in the long volcanic run
with the ensemble member solutions for the individual events. The tropical eruptions using the
Krakatau aerosol are shown in red. while the blue lines show ensemble members for high-latitude
events follwing the Katmai-Novarupta aerosol perturbation (see Chapter 6.1 below).

The primary results from the ensemble simulations are illustrated in Figure 6.17, and cor-
responding maximum global temperature deviations can be taken from Table 6.1. Figure 6.17
shows the zonally averaged surface temperature response to the Krakatau aerosol forcing. start-
ing off from the initial conditions of the long 130-vear experiment in the vears listed in Table
6.1. What becomes immediately clear is that. despite the different states in the ENSO cycle
the coupled system was heading for. the general surface cooling signal remains verv prominent.
Therefore. from this plot. it can be seen that when using the aerosol forcing of Krakatau as de-
scribed in Chapter 3.3. which is very similar in magnitude to Stothers (1996b). the surface signal
15 too large to be compensated for by El Nifio. The lack of a surface signal in the observations is
therefore unlikely to be due to El Nifio alone.

Before discussing other options for masking a Krakatau signal. a short description of the
influence of strong volcanic aerosol forcing on the development of El Nifio in the coupled CSM
is presented. First of all. one important aspect to keep in mind when looking at El Nifo indices

in connection with large volcanic eruptions is that the volcanic forcing can perturb conditions in
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Tropiral Eruptions using Krakatau acrosol data

Run Number Eruption Year Max AT b MM YY ST NING3 comment

b056.111 1883 Q07 ND -1 g - - control experiment
hO56 krl 1881 -13 JF <2 - - eruption dunng El Nido
buSE kr2 1943 -8 ND -1 -} - cruption into La Nifia
bU56 kr3 1956 -).85 MA <2 --- eruption before El Nifo
bO56 kri 1925 OB} D -1 -0- eruption into no trend
b0ss krl. 1883 -7 N -1 t= = -1 sce below Chapter 633

High-Latitude Eruptions using Katma-Novarupta acrosol data

Run Number  Eruption Year  Max AT 0,00 MM YYar NINO3 comment

buae 0 1912 02 <490 control experiment

buhe kal 147 -02 AS «0 0 -- eruption into La Nifa

oS kad 191 -y 2 1A «u .- cruption dunng El Nigo
bU56 k.l 1012 -3 35 ON <0 <00 Ntothers (1996b) magnitude

Table 6.1: Ensemble runs. Top: Tropical eruptions using the aerosol optical depth of Krakatau.
Shown are eruption vears for ensemble branch off from the main 130-vear volcanic aerosol run.
with eruption in August of vear 0. Each run was four vears long. MM, YY 571 is the month and
vear relative to eruption of strongest temperature reduction compared to unperturbed b056.01
run.  NINO3 lists winter NINO3 tendency for 3 consecutive winiers. The NINO3 trends for
b036.krL were reversed since this experiment compares a very large aerosol with minimal signal
to the control experiment with the full Krakatau aerosol equal to all other ensembles. Bottom:

same as above but for high-latitude eruption of Katmai- Novarupta in June of vear 0.
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Figure 6.16: NINO3 SST evolution during volcanic experiment and ensemble memeber runs. Red
lines are representing tropical ensemble experiments using the Krakatau forcing, blue lines are

for the high-latitude events studied below (Chapter 6.4).
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Figure 6.17: Zonally averaged reference height temperature response of 4 ensemble members
to the Krakatau aerosol forcing. The seasonal cycle was removed and all data is an anomaly
monthly zonal values. Each ensemble was forced with the same Krakatau optical depth starting

in August of the initial year. Initial conditions are branched off the control run.
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single locations to such a degree that looking only at the single time series following the usual

connection to El Nifo could be misleading. Two examples to illustrate the idea:

1. Assuming a large volcanic eruption causes widespread cooling in the tropics. When using
the isolated SSTs from the NINO3 area. a cooling signal could mean two distinct things.
Either it means that conditions of a La Nifta events are causing the SSTs to fall. or that the
direct cooling from the volcano could influence the SSTs more strongly than it is regulated
by the upwelling process. The larger the volcanic forcing. the more important this second

option could become.

2. Another situation could involve the western Pacific area. During El Nifio. the general low
pressure over the area (in the “normal™ state of ENSO) is linked to the warm ocean con-
ditions and strong convective activity. Again. a strong volcanic perturbation would reduce
the surface temperature throughout the tropics, and with it. the convective activity would
slow down. Without having the syvstem fall into El Nifo mode. reduced precipitation in
the western Pacific area could solely arise from reduced insolation. This could be misinter-
preted for an El Nifo event. although in the eastern Pacific no precipitation would indicate

such an event.

These two examples highlight the need for a critical evaluation of single proxy series used for
climate modes like El Nifo. particularly during time periods of significant pertnrbations of the
normal conditions through volcanic aerosol. It is. therefore. more useful to use spatial expressions
of the modes. including areas with teleconnections. But even for these spatial aspects. there are
limits involving the stationarity of spatial correlations. as Meehl and Branstator (1992) and more
recently. Mann et al. (2000) have shown. See also Chapter 4 for further discussions.

Focusing now on the NINO3 area and the results of tropical ensemble runs presented in Table
6.1. the primary influence of such a large tropical volcanic forcing follows a general cooling in the

tropics. One vear after the eruption. all five ensemble members show colder conditions in the
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NINO3 area than initially seen at the beginning of the runs and colder than for the unperturbed
condition (not shown). For the first winter. on the other hand. roughly four to five months after
the eruption. a tendency to positive anomalies can be seen in Table 6.1. This tendency is similar
to the suggestion of Handler (1934) as was discussed in Chapter 4. The only real exception in
run b036.kri. which was set at a time with almost zero NINO3 anomaly. Here. the cooling from
the aerosol dominates already a few month after the eruption. For the other tropical simulations
it seems to make little difference in what state the ENSO svstem is. or is heading. The second
winter is less consistent in terms of a signal. although for most events the cooling stiil prevails.

As a further test of the suggestions by Handler (1984). an ensemble set of high-latitude events
were run. Using the aerosol evolution of Katmai-Novarupta (1912), they indeed show a tendency
to cool conditions immediately after the eruptions (see Table 6.1). as was found by Handler
11984). But we also need to keep in mind that the number of ensembles here is verv small and
despite showing a trend. it would be hard to make a case from these experiments. Nevertheless,
these first results using a coupled model capable of internally producing E! Nifo events do not
contradict Handler (1984) and warrent further investigation in this direction.

One additional aspect can be pointed out from the results in Table 6.1. The current state or
trend in ENSO determines the timing of the maximum cooling compared to the undisturbed run.
If the eruption takes place during an El Nifo event (b036 kri) or when the svstem is heading into
an El Nifio already prior to the eruption {b056.kr3). then the maximum perturbation is delaved
by several month compared to the other cases. This agrees with observations of the El Chichén
eruption in early 1982, which was followed by a very strong El Nifio. The volcanic cooling signal
was first completely obfuscated. but its remnants showed up slightly in early 1981 Wigley (2000).
While the maximum cooling after a tropical eruption is delaved by a vear or vear and one half.
the impact of high-latitude eruptions on the other hand is almost immediate. and the maximum
cooling is reached within four of five mounths. More discussion on these high-latitude events

follows below (Chapter 6.4).
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6.3.3 Impact dependent on aerosol properties

Since El Nino. as the strongest natural mode of climate variability on the interannual time scale
{ Philander, 1990), did not provide adequate masking capacity for the large aerosol forcing from
Krakatau. there appears no other option than to re-evaluate the aerosol mass. size distribution
and composition with corresponding radiative properties. [n doing so. one violates the assumption
of universal application of a 'volcanic sulfate aerosol’. as derived from the most recent eruptions of
Pinatubo and El Chichon. Together with Agung. these eruptions have been used to evaluate the
appropriateness of using sulfate tluxes on the polar ice sheets to estimate optical depth during
the atmospheric perturbation following the explosive events (e.g.. Zielinskr, 1993. Robock and
Free, 1993).

In the following. two options will be evaluated. One is to change the size distribution. the
other to evaluate a different composition of the aerosol. Both are based on the same optical depth
in the mid-visible wavelength given by the seasonality parameterization. This allows us to comply
with the large number of observations: the visible optical effects (reported as unusually colored
sunsets and sky glow. whitish hazes. colored solar or lunar disks. and colored rings around the sun
i Bishop Rings). as well as the different instrumental measurements of atmospheric perturbations
for more than two vears after the Krakatau eruption (Symons. 1888: Self and Rampino. 1981:
Stmkan and Fiske, 1983; Stothers, 1996b). [t also means that the large sulfate deposits recorded
in polar ice cores. which allow the calculation of the total suifate mass in the stratosphere (see
Table 3.1). may be put into question (or the process to derive the global loading).

Reports collected by Symons (1388) from different places around the world. include observa-
tions of green suns after the eruption of Krakatau in August 1883. This could point towards a
relatively large particle mode. which selectively reduced the more reddish part of the solar spec-
trum. Although Derrmendrian (1973) pointed out that the size distribution for these observtions

most probably would not exceed an average aerosol size of 0.6 to 0.8 um. here an experiment
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is run using an aerosol size distribution very similar to the earliest El Chichon aerosol in May
1982 ( Hofmann and Rosen. 1983). It consists of an effective radius of 1.5 um (median radius is
roughly | pm) with an effective variance of about 1.5 pm (see Figure 3.1). This size distribu-
tion is roughly 3 times larger than both the average Pinatubo aerosol and the aerosol used as
the standard aerosol for the long volcanic simulation. Two important consequences of such an
increase in aerosol size distribution need to be considered. First. such large particles would fall
out of the atmosphere much more quickly then smaller ones ( Kasten. 1968). This would clearly
influence the decay rate. Second. since the optical depth in the mid-visible (CCM SW band 8)
is Hixed to the same value as for the standard aerosol experiment (in order to accomodate for the
observations as reported in Stothers {1996b)). the total aerosol mass required to accomodate such
an optical depth in the visible surpasses the standard aerusol mass by a factor of 5.58. I[nstead
of 10 to 50 Mt. this would lift the total sulfate mass to almost 250 Mt. Since Krakatau's aerosol
was observed for more than two vears after the eruption ( Symons, 1388). it is questionable if this
simple switch to a larger size distribution is reasonable. And there is also no evidence whatsoever
for sulfate deposits of that magnitude in polar ice cores {see Table 3.1). Here. we want to evaluate
what the influence of a large particle size would be.

Tables 6.2 and 6.3 lists some selected sulfate fluxes and the total atmospheric mass for a
number of aerosol size distributions. using 0.3 as the global optical depth during the peak month
(January 188.4) of aerosol loading from Krakatau.

Figure 6.13 shows the global average temperature response to an aerosol loading described
by this large particle mode and a visible optical depth identical to the previous experiments.
The large temperature signal at the surface is entirely gone. The particle size. therefore. has to
be considered an important parameter when looking at these enormous eruptions. Nevertheless.
the observed long duration of the optical effects following the eruption suggest that the size
distribution and its dampening effect on the surface forcing can only be part of the solution.

A next component to be briefly evaluated is the composition of the aerosol. If a significant
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Trnedian  Or Feff kg m~? Mt HaSOy

0.07 0.41  0.1066 | 1.32e-4 67.1 Mt
03709 0223 0.42 7.80e-3 39.8 Mt
0.108 0223 0.15 8.32e-3 43.7 Mt

0.6 0.1 0913 | 2.15e-4 124.9 Mt

1.0 0.405 1.5 1.65e-- 237.0 Me

Table 6.2: Aerosol size distribution and total mass loading used with CSM given an optical depth

of 0.3 (m..4) in the mid-visible wavelength of 0.5 um.

reff $y5s HaSO, [‘L\'It]

0.2 {88 326
0.3 5005 29.2
0.4 1096 35.7
0.3 2330 30.8
06 2010 7238
0.7 1540 95.0
03 1316 112
1.0 1082 135.2
1.3 682 2146

Table 6.3: Change in mass extinction coefficient (#55 'm* Kg~'') depending on effective radius

rers and corresponding mass loading to generate a mid-visible aerosol optical depth of 0.3.
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Figure 6.18: Globally area averaged surface temperature follwing the Krakatau eruption in the
130-year run using standard aerosol of r.yy = 0.4 um (red line) and the large aerosol experiment

using r.yy = 1.5 um (blue line).
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Volcano S0, Ash SO./Ash Ratio  function

Pinatubo 20 Mt 10.000 Mt 0.002 0.39
Ruiz 0.73 Mt 48 Me 0.0136 0.09.4
El Chichon 7 Mt 3.000 Mt 0.0023 0.335
Agung 10 Mt 1.000 Mt 0.01 1.0

Krakatau 30 Me  34/25.000 Mt 0.00086/0.0012 0.39/1.04

Table 6.4: Estimated sulfur dioxide and fine ash emissions. Using a function that is balancing

the sulfur by the gas to ash ratio. like: Index = SO2 MT x SQRT of gas/ash

amount of the aerosol would have been something other than sulfuric acid. the optical properties
can be dramatically ditferent and. over all. can look much more similar to the large-sized sulfuric
acid droplet mode presented above. [f this were the case. for example. with a significant amount
of fine tephra or silicate ash as part of the aerosol cloud early on and later fading into pure
sulfuric acid for the long lived aerosol. the sulfate mass required to explain the optical depth in
the mid-visible could be substantially smaller than for the example of the large aerosol mode. and.
therefore. in better agreement with the ice core data. Gooding et al. (1983) reported collection
of ash particles coated with sulfuric acid roughly half a vear after the eruption of El Chichén.
Note. this would not only influence the optical properties of the aerosol. but also raise questions
about increased removal of sulfuric acid (Pinto et al.. 1939, see also). Table 6.1 lists the sulfate
and fine ash emissions from a few eruptions and shows the two ratios of sulfur-dioxide versus
ash amount. These are total values that don’t take any spatial distribution into acconnt. They
are meant to illustrate a possible scaling of the sulfate by the erupted fine ash. In this regard.
Krakatau with by far the largest sulfur emissions. would not significantly exceed the ratios of
Pinatubo and Agung (very small amount of solids!). Further investigationis needed.

Evidence for large amounts of ash in the Krakatau aerosol cloud is sparce. Nevertheless.

reports ol falling ash over Europe during late fall of 1883 were cited in Symons (1888). although
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they could not be directly confirmed. Additionally, a large deposition spike of sulfate found in
an ice core from the Peruvian Andes was interpreted bv Thompson et al. (2000) as coming from
the Krakatau cloud. Because the general motion in the lower tropical stratosphere is directed
upwards. this observation could indicate rather large particle sizes. causing rapid fall out in the
tropics. Repeated observations of a greenish appearence of the sun throughout the tropics could
be a hint in the same direction. The continued optical phenomena reported all around the world
(Symons. 1888: Simkin and Fiske, 1983) nevertheless suggest that the complete removal did not

take place for more than two vears.

6.3.4 Summary of Krakatau studies

The large response to the Krakatau forcing as simulated in the coupled CSM is significantly
larger than observed (roughly 0.7°C in the model vs. 0.2-0.3°in observations). Different avenues
for explaining the difference have been explored. El Nifio as an internal mode of climate vari-
ability has the potential to partially off-set the cooling due to tropical volcanic eruptions. The
simulations presented here point towards a possibility of a dynamical relation between volcanic
perturbation and El Nifio onset as was suggested by Handler (198.1). One needs to keep in mind
that the forcing used in the ensemble simulations was verv large and the simulated climate signal
diverges with the observations. The tendency towards El Nifio formation in the first winter after
large tropical volcanic eruptions can therefore only be regarded as a preliminary result warrant-
ing further and more detailed studies. Despite El Nifo. the cooling simulated in the ensemble
studies is not significantly reduced enough to explain the difference with the real observed sig-
nal after Krakatau. In a second approach. the aerosol size distribution was changed following
suggestions of a significant large particle mode that was respounsible for observations of ‘green
suns’. When the median of the aerosol was trippled to a value close to the early El Chichén
aerosol. the climate signal disapeared. While this experiment violates both the total suifate mass

erupted by Krakatau and the decay rates for such large particles. it clearly points to a possibility
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of significantly altering the climate impact of some events. A possible change in composition of
the aerosol. for example by the presence of significant amounts of ash or black carbon inside the
aerosol droplets (either would have to be in a higher concentration than 3% inside the droplet
according to Chylek et al.. 1993). would also help to mediate the signal. Both mechanisms are not
included in the general assumption that the sulfate flux measured in polar ice cores is a straight-
forward proxy for optical depth, since size distribution and composition significantly alter the
spectral optical properties. In conclusion, the large Krakatau signal simulated by CSM could be
expected if the visible optical depth were to be described with the stratospheric sulfate alone.
While such an assumption seems to work for the eruptions during the 20*"-Century. it fails for
Krakatau. Other large events in previous centuries might also be affected by this and climate
model simulations of these events have to be performed with care. Finally. a critical evaluation
of the ‘abservations’ should also be performed. particularly for the decades before 1900. Large
corrections to the sea surface temperatures might have caused a dampend signal as land based
observational series exhibit a much larger signal (0.4 Budyko. 1969: Hansen et al.. 1999). A more

detailed study of Krakatau will be presented elsewhere.

6.4 North Atlantic response to volcanic forcing

This section focuses on one particular mode of climate variability. the North Atlantic Oscillation
{NAO). and how it is impacted by the volcanic eruptions. As it has been discussed for El Nino
in Chapter 1. the NAO is another example where eruptions could excite. suppress or influence
the pacing of an important internal mode of the climate system. which. through teleconnections.
would then determine the spatial imprint of the eruptions on climate. The more internal modes
are modified in one particular way. the more coherent should the climate impact signal of in-
dividual events appear in the paleo records. This would make the identification of the volcanic

forcing on climate more easy to detect.
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Climatically. the North Atlantic area is of significance for several reasons. First. it is the
location where centers of action guide a significant part of the annual to decadal climate variability
of the high northern latitudes through the North Atlantic Oscillation (van Loon and Rogers.
1978: Hurrell. 1993 Hurrell et al.. 2001). or. when looking over the Arctic as a whole. and in
particular in the upper troposphere and lower stratosphere. the Arctic Oscillation ( Thompson
and Wallace. 1998. Wallace. 2000: Thompson and Wallace. 2001). Second. it is the location
where the interaction between atmosphere and ocean is driving and modulating the thermohaline
circulation in the ocean (e.g. Broecker. 1997). a crucial component for low- to high-latitude energy
exchange. Finally, more in the context of this study. the superposed epoch studies of volcanically
perturbed vears using the long climate reconstruction of Mann et al. (1998) presented in Chapter
1. exhibited the largest amplitudes of climate response in the vicinity of the North Atlantic basin.
Fortunately. Western Europe and the eastern part of North America otfer some of the longest high
resolution climate records, instrumental and proxies alike (e.g. D Arrgo et al.. 1993: Appenzeller
et al.. 1998: Luterbacher et al.. 1999).

During the instrumental time period. the climatic signals reported after large volcanic erup-
tions seem to be quite strong around the North Atlantic (see Chapter 1). But several events
suggest strong regional ditferences ( Harngton. 1992: Jucoby et al.. 1999: D’ Arrigo and Jacoby.
1999). and a seasonally varving response was identified by Groisman (1994) and Relly et al.
(1996). Theyv find a verv distinct pattern across the North Atlantic. particularly in the first
winter season after a number of large explosive events in the tropics. These vears seem to exhibit

varmer than normal temperatures in Northern Europe. cooler than normal conditions in the
vicinity of Greenland. and also warmer than normal conditions over central North America. This
pattern basically matches conditions during vears with a hizh NAO index. i.e. when both the
[celandic Low and the Azores High pressure svstem are enhanced (Hurrell. 1995). This rises the
question to what degree the direct cooling effect from the volcanic aerosol could be responsible

for a shift in this dominating mode of climate variability. Interestingly. it has already been sug-
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gested by Defant (1924) that while in the vear of volcanic eruption the zonal pressure gradient
over the North Atlanic was reduced. a vear later it would be enhanced due to strong cooling
in the polar areas. Lamb (1970). using an extended climate record and dividing the eruptions
into high- and low-latitude groups. confirmed Defant’s (1924) findings for low-latitude eruptions.
For high latitude eruptions. on the other hand. rather the opposite seemed to be the case, an
immediate enhancement in the flow.

Here. we re-evaluate these results with the help of observations and the simulated responses
in the coupled climate experiments. To follow the suggestions of Lemb (1970). the eruptions
of the low and high-latitudes are discussed separately. Mid-latitude eruptions are not discussed
separately since thev hehave either like tropical or more like high-latitude events in terms of
their radiative effect. First, the ensemble simulations of the largest high-latitude eruption of the
20t".Century, Katmai-Novarupta (1912), are presented. Using the superposed epoch technique.
the ensemble simulations and observations of both tropical and high-latitude eruptions are then

analvzed and compared for their impact on the NAO.

6.4.1 Climate response to high-latitude eruptions in CSM

Before discussing the impact on the NAO. a brief presentation of the simulated climate pertur-
bations in ensemble events is added. Similar as for the tropical eruptions. the same forcing was
applied in each experiment but with varving starting conditions (choosing another vear to branch
off from the long transient experiment).

The only event of significant magnitude within the instrumental time period is the sumultane-
ous 1912 eruption of neighbouring Katmai and Novarupta volcanoes. Alaska. which formed The
Valley of the Ten Thousand Smokes. It was shown in Table 6.1 that the high-latude ensemble
experiments of this event clearly show a different impact on global temperatures than from trop-
ical eruptions. Although the signal is smaller and shorter lived due to the limited area of aerosol

perturbation of the radiative budget. it is much more immediate as compared to tropical events.

211



This is also illustrated in Figure 6.19. This Figure presents the zonally averaged reference height
temperatures for the three ensemble runs using Katmai-Novarupta (1912) aerosol. Additionally.
the superposed composite is included. Large scale cooling is visible in the first winter over much
of the northern high latitudes. This fits with the observations of very cold conditions after the

eruption of Laki in 1783 ( Franklin, 1785). at least in the zonally averaged case.

6.4.2 Volcanic eruptions and the NAO

The sets of large tropical and high-latitude eruptions of the past centuries both in the real world
and ensemble experiments of CSM can be used to compare trends in the North Atlantic climate
following the eruptions. Figure 6.20 shows the temporal evolution of the NAQ index calculated
after Hurrell (1995) in the 20t"-Century simulation with volcanic forcing. Figure 6.21 maps the
surface air pressure ditferences between years of high versus vears with low NAO (threshold used:
standardized NAQ larger than | for positive and smaller than -1 for negative vears). The classical
behavior of strong interannual variations with superposed decadal to multi-decadal trends is well
reproduced in the model. The simulation also reflects the spatial pattern of the NAO with high
pressure over the Azores and low pressure over Iceland and the polar areas. This pattern not
only compares favorably with recent maps of NAO correlations (e.g. Hurrell. 1993) but also
with the old maps shown in Defant (1924, p. 18-19). This allows for an intercomparison of the
independent results concerning the influence of volcanic eruptions on this important mode of

climate variability.

6.4.2.1 NAO evolution after volcanic eruptions in CSM

To study the influence of the explosive eruptions on the NAO index. the resuits from the individual
events in the transient experiment and the Krakatau ensemble simulations can be combined.
Figure 6.22 shows the evolution of the NAO over the 130-vear experiment with volcanic aerosol.

The NAO evolution of the etisemble members are added at their position of branching off from

o
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Figure 6.19: Reference Height temperatures zonally averaged for ensemble kal-ka3 as well as for
the superposed ensemble. Note the immediate cooling in the northern hemisphere in July of the
first year. Already in the second winter after the eruption. the signal disappears in the noise of

high-latitude interannual variability.
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the long run with tropical events shown in red and high-latitude eruptions shown in blue. With
the exception of the large aerosol experiment of Krakatau (ensemble member branching off in
1883). some common aspects are clearly present. The first winter immediately after the eruption
sees a rising index relative to the control run (4 out of 5 tropical. and 3 out of 3 high-latitude
events). while for the second winter the NAO commonly is reduced compared to the unforced
{again 4 out of 3 tropical and 3 out of 3 high-latitude). The ones that stay in the positive area
usually drop below the prior vears value. following a decreasing trend which persists for the
tropical events. but is reversed for the high-latitude eruptions.

These visual results are summarized in absolute indices in Tables 6.5 and 6.6. They show the
winter NAO (December through March) evolution from the year of the eruption to three vears
after the events. In the vear of the eruption. the spread of NAO indices is large and the average
value is strongly dependent on a few events. The vears following the eruptions usually show a
more coherent picture. although not all eruptions follow the exact same pattern. Nevertheless.
several tendencies can be recognized:

For tropical events. the number of negative NAO winters is reduced for up to two vears.
The average NAO reaches clear positive values. In the third vear after the eruptions. the NAO
tends to turn negative with large positive values being absent. This tendency is the same for
the average of seven major tropical eruptions in the transient experiment and for the Krakatau
ensemble {b0356.kr1-b056.kr1) shown in Table 6.5.

High-latitude eruptions show a similar behavior. but the positive deviations after the eruptions
only remain for one vear. although for some events they don’t even show up. Thereafter. the
NAO drops sharply. reaching some of the lowest values during the experiments. The third year

also shows a return to more normal conditions. See Table 6.6.
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Figure 6.22: North Atlantic Oscillation time series from the coupled CSM run over 130 years.
In color the trends from the ensemble simulations. red for the tropical. and blue for the high

latitude eruptions.
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Voleano, Year Type NAOO NAO +1 NAO +2 NAO +3 NAO +4 NAO +5

Krakatau, 1883 T -116 -13s 0.76 035 -0 65 V.04
Colima(™). 1890 T 052 U9 -0.32 -0.48 4.36 0.03
Santa Maria, 1902 T 200 028 016 027 -0.96 0.2
Agung. 1963 T 233 [VIRE 005 091 1.38 036
Fuego. 1974 T a1 220 1.21 000 -0 37 -1.32
El Chichon. 19582 T -1 38 -0 32 0.86 002 -10.36 -0 Th
Pinatubo. 1991 T -1 63 012 110 - 13 -0.26 -0 8
Arverage a1l 0.32 u.55 [0 Y -1.12 -0.52
bus6 krl T 1.65 1094 30T <110
bO56 kr T - 1T Lo 093 0.25
buSE hed T 023 040 013 -13
bohe kri T -1 30 1 60 - 21 ) N5
hoS5e krl T -1 27 aIN L1t Tre
Arerage ot 1 uy a 20 -0 75
Average (all tropical) 0.24 0.57 0.42 -0.18 -012 - 52

Table 6.3: NAO after tropical eruptions in CSM : NAO index calculated and standardized after
Hurrell (1993) following the largest volcanic eruptions in the tropics since 1370 in the coupled
stimulation and for ensemble simulations of Krakatau. Ensemble experiments (here using the
Krakatau aerosol evolution) were limited to four vears in length. The experiment 5056 krL using
the large aerosol size distribution. which did not cause a large surface disturbance. is only added

for illustration and was not used in the averages.
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Volcano, Year Type NAOO NAO +1 NAO +2 NAO +3 NAO +4 NAO +5

Ksudach, 1907 H -0.22 -1 10 1.82 1.61 1.21 0.42
Katmai-Novarupta. 1912 H 0.42 0.24 -3.10 0.34 .53 -2.29
Spurr, 1953 H 037 Q.51 1.06 g.18 0.45 -0.98
bl56 kal H g 44 0.70 -2.27 1.38
bU56 kal H -3.10 1.05 -1.80 -0.19
b56. ka3 H 032 1 -133 -l.64
Average (Kat-Nowva) -0.45 0.93 -2.13 0.02
Average (high-lat) -0.42 0.52 -0.94 0.31 0.73 -0.93

Table 6.6: NAO after high-latitude eruptions in CSM : as Table 6.5. but for high-latitude erup-
tions. The four vear long ensemble experiments were using the Katmai- Novarupta aerosol. The
separate average { Kat-Nova) includes the three ensemble simulations and the Katmai-Novarupta

event in the transient run.

6.4.2.2 NAO evolution in observational data

These simulated NAO trends can be compared with observations. The data from Hurrell (1995)
iupdated) are compiled in Table 6.7. While the NAO in winters prior to the tropical eruptions
are quite evenly distributed between positive and negative indices. the first winter {ollowing the
events shows a clear positive trend. This situation. on average of the standardized indices. is
followed by two vears of continuously decreasing values. While the NAO of the second winter is
in all cases lower than in the first after the eruption but still positive compared to the vears prior
to the eruptions. the third winter. although even lower on average. already contains an equal
number of rising indices. and the change is not significant.

Large high-latitude events are only porely documented by observations and proxy data. Table
6.7 also lists three of these events for which NAO data is available. To recognize a trend from
these few events is not easv. The only palable conclusion could include the observation that the
NAO in the first winter after the eruption is relatively higher than in the second. which shows

a consistent drop of about two index points. The NAQO remains low in the third winter. But



Volcano, Year Type NAOO NAO +1 NAO +2 NAO +3 NAO +4 NAO +5

Krakatau, 1583 T -023 131 -0.59 -2 0.45 =275
Caolima(™, 1590 T 178 - 82 -2.02 -1 07 2658 -3.97
Santa Maria, 1002 T -141 3.59 0.23 1.958 2.06 2.06
Agung. 1963 T -16 -2.56 -2.88 -1.69 128 -l
Fuegu, 1974 T 123 163 1.37 -214 V)8 g 2225
El Chichan, 1982 T 40 80 342 1.60 -0 63 0.50 075
Pinatubo. 1991 T 103 328 267 3.03 1.96 -378
Average tropical -0.08 1.42 0.01 -0.23 1.59 -1.78
Kaudach, 1907 H 206 R 30 21 0.29 02
Katmai-Novarupta, 1912 H LIRS 2.69 148 -0.20 -0 69 -3.50
Spurr. 1953 H .18 913 -2.52 -1 1.52 -1 02
Average high-lat 0.83 1.42 -0.35 0.06 0.37 -1.53

Table 6. 7: NAO - Observations : NAO indices from Hurrell (1995) (updated) following the largest
tropical { Tvpe T) eruptions since 18370 showing a clear positive excursion in the first winter after
the volcanic eruption INAO 41} with subsequent two winters (NAO +2. NAO +3) showing

a decreasing trend. High-latitude eruptions are indicated by Tvpe H.
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due to the very small number of events covered by the observations. this tendency cannot really

reveal its significance.

6.4.2.3 Comparison and conclusion

Both tropical and high-latitude eruptions show a similar evolution of the NAO in vears following
the events: The NAO index clearly increases during the first winter after eruptions. in some
cases to very strong positive values. In subsequent vears. the index representing the strength
of the Westerlies through the relative difference in pressure systems changes decreases and soon
reaches negative values. This drop is faster and more pronounced for high-latitude events rhan
for the tropical eruptions. On the other hand. tropical events cause the NAQ to decrease more
or less continuously over a longer time. Despite the small number of events studied up to this
point. the similarity between the NAO trends in the model and in observations is remarkable.
Model and observations exhibit basicallv the same evolution. Additionally. the strong negative
values after high-latitude events reached in the second winter in the model and the second or
third winter after the eruptions in observations hint to a significant response of the atmospheric
circulation to the volcanic dust veils in high-latitudes. While the global temperature response
to high-latitude eruptions was shown to be rather small and insignificant. the regional effects
through the influence on the NAO can be quite large.

How do these results compare to the previous studies of Defant (1924) and Lamb (1970)?
While only looking at the vears from 1881 to 1905. Defant (1921) identified two significant
trends in the pressure patterns over the North Atlantic (see Figure 6.23). In the vear of the
eruptions themselves. he found a strongly reduced meridional pressure gradient (equivalent to a
negative NAO). He interpreted this reduced gradient as a result of low latitude cooling due to
the volcanic dust. The subsequent increase. especially after the large eruptions. he thought to
accur due to high latitude cooling after a vear of reduced heat transport into the high latitudes.

The results from CSM and the observations of Hurrell (1995} overall are quite similar. But other
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Figure 6.23: Average meridional pressure gradient in the North Atlantic after volcanic eruptions

from Defant 11923) (top) and Lamb (1970) (bottom).
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than in the results of Defant (1921). the year of the eruption was not found to be particularly
low. This difference results from different temporal coverage of the indices. While commenting
on the fact that the signals are stonger in winter. the values used by Defant (1921) (and shown in
the upper panel of Figure 6.23) are annual averages. The results presented above contained NAO
indices specifically for the winter season from December through March ( Hurrell. 1995: Hurrell
et al.. 2001). Since the large eruptions did not intluence the previous winter (but could very well
have influenced the latter part of the vear). a slow down in the circulation and a reduced NAO
cannot be detected in the winter data. But when looking at the individual monthly values of the
simulated pressure difference between the Azores and Iceland after the eruptions (not shown).
a reduction can be detected in 5 out of T events in the ensemble simulation of Krakatau and

Katmati. and in X events in the transient experiemnt.

Lamb (1970) extended the record back in time (1750 and 1680 for which he used preliminary
data) and separated the volcanic events by their latitude (tropical. mid-latitude and high-latitude
events). He used two indices. one for the strength of the westerly tlow and one for the meridional
component. both of which would vary in svachrony with the NAO. Additionally. he distinguished
between January and July conditions finding more signal in the northern hemisphere winter
season. For the summer (see Figure 6.23. right side of lower panel) he mostly recognized a strong
southward displacement of the mid-latitude trough in the first vear after the eruption. which
could add to the generally cooler conditions from reduced irradiation.

For the winter time. Lamb (1970) confirmed the results of Defant (1924) for tropical eruptions
with decreasing westerlies during the vear of the eruption followed by an increase thereafter. This
trend could also be seen in the southerly component with a significant increase in the second
winter after the eruption (at 1% level). This behavior is veryv similar to the simulated cases with
CSM. which also show a two vear increase in the NAO. later followed by a continuous decrease

over the next couple vears (see Table 6.5). Additionaily. an increase in the NAO after tropical
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eruptions is also consistent with increased temperatures over the higher latitudes during winter
( Brudley. 1983: Graf et al.. 1993: Robock and Mao. 1995). The spatial distribution of temperature
anomalies found by Groisman (1992) and Parker et al. (1996) also mirrors the positive mode of
the NAO. This phenomenon has been discussed before in Chapter 3.3.

For high-latitude events. on the other hand. Lamb (1970} could not find a decrease of westerlies
but instead an immediate increase of the circulation with a strong southerly component. This is
equivalent to an increase in the NAQ. This same evolution was seen in the data of Hurrell (1995)
in Table 6.7 as well as in the CSM simulations (Table 6.6). In the second winter. the circulation
was already significantly weaker. similar to the few events covered by Hurrell (1993) and the
CSM simulations. However. the observational data does not exhibit the same dramatic decrease
as the simulations of the large Katmai-Novarupta event shown in Table 6.6. But when looking at
the two smaller high-latitude eruptions in CSM (Ksudach 1907, Spurr 1953). no such dramatic
collapse is visible. suggesting that smaller events could reduce the strength of the potential signal
in the compilation of Lamb (1970).

Finally. Lamb pointed out the fact that the North Atlantic area undergoes substantial varia-
tions without volcanic perturbations and that the signal from the volcanoes could be somewhat
diminished by individual temporal evolution where "etfects take more or less time to mature”.
depending on the conditions prior to the event. Some support for this possible delay can be
found in Tables 6.3 and 6.6. although. especially for weak events. the internal variations in the
svstem might be hard to separate from the signal. Nevertheless. the temporal consistency of the
signals throughout the events is remarkable with the NAO in the vear +4 not being significant
less consistent than the vear +3 or 2. This suggests that an orchestrated influence of volcanic
eruptions could extend over a longer time than would be expected from the atmospheric life time
of the aerosol alone. The volcanoes could therefore not only cause a spatially coherent signal in
areas influenced by modes like the NAO. but they might also build a certain memory by reset-

ting an internal mode in its oscillation. Since most internal modes exhibit typical time scales
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for oscillations (Defant. 1924: Mitchell. 1976: Mann and Park. 1994, 1996). a resetting could
therefore influence the climate bevond the initial perturbation. This 'mechanism’ could be used
to study the influence of single eruptions (as well as small and closely spaced groups of them)
on the decadal climmate variabilitv. In fact. using the 23-vear cumulative DVI anomaly, Lamb
(1970) showed that the correlation with the decadal circulation indices over the North Atlantic is

significant at the 1% level (note. this is ignoring the odd 13830s. see Lamb (1970) for explanation).

In conclusion. the response of the atmospheric circulation to the radiative perturbations from
volcanoes is generally consistent between observations and the coupled model simulations. Thus.
the results suggest that the NAQ can orchestrate the spatial and. to some degree, the temporal
evolution of the impact from volcanic perturbations, especially during the winter season. Yet,
similar to the discussion of El Nifo. the number of ensemble events used in this study is still small
and the results should be taken with some caution. Further experiments are needed to evaluate

this conclusion on the model side. and longer proxy series for the NAO should be evaluated
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Chapter 7

SUMMARY AND

CONCLUSIONS

Stratospheric aerosol from explosive eruptions is an important plaver in natural climate variabil-
ity. Although its forcing on the global. regional or local energy budget is relatively short lived.
it can be large enough to cause a clearly identifiable effect on clilnate. Nevertheless. detailed
studies of the impact of explosive volcanism on climate still face a host of complications and
problems. even for the most recent times. Uncertainties in particle composition and sizes. the
injection altitudes and regional stratospheric circulation. the speed of the removal process and
interactions with upper tropospheric cirrus cloud formation or atmospheric chemical balances.
are all components that need to be included at some level. Pessimistically. one might conclude
that each eruption could be regarded as different. In this thesis. [ have tried to find a level of
generalization in the description of the volcanic forcing that offers a successful way for capturing
the essentials of the volcanic forcing as well as its impact on climate. The following sections sum-
marize the main conclusions from the proxy- and the model based approaches presented above.

Instead of keeping the two lines separated. they are merged to highlight the current understand-
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ing regarding the problem. [t will be shown that by doing so. both approaches substantially
contribute to gain further insight into the problem of identification of the level of generalization
that might still be useful in paleoclimatic research. A summary of the remaining deficiencies and

an outlook on possible pathways for their resolution is presented.

7.1 The volcanic record

Before looking at impacts of single events. we need to ask the question: Given the observational
and indirect proxy records at hand. can we indeed build a useful time series of volcanic pertur-
bations covering the recent past” Do we know when to search for an impact signal? Do we know
which are the largest and climatically most important eruptions in the recent past” The answer
to this question is not necessarily a confident ves, but rather a "probably’. [n general. our record
of volcanic eruptions in the past few centuries is quite remarkable. with thousands of events
recorded in the Smithsonian Catalogue. More recently. instead of focusing on the magnitude
of an eruption as categorized in the catalogue. erupted sulfate has been identified as a better
indicator for the eruption’s potential climate impacts. This has put sulfate measurements in
polar ice cores into the cross-hair for reconstructing climatically relevant past volcanic activity.
The major problem to overcome here is that single ice cores suffer from noise in local deposi-
tional processes. and therefore cannot reliably record every single event. Compiling of data from
many ice cores is currently the way to go. as averaging of the sulfate signal is more successful in
representing past atmospheric loadings. Strong anthropogenic contamination in recent decades
makes the detection and calibration of recent eruption signals difficult.

Despite significant improvements in recent yvears. several examples can be brought up to
underline remaining uncertainty. We have strong evidence for the existence of a number of very
large eruptions for which we still don’t know the volcano of origin. This is especially the case

for an enormous event in 1258 and the famous ‘pre-Tambora’ eruption in 1808. Additionally.
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there is evidence for very large eruptions of volcanoces such as Long [sland or Billy Mitchell. vet
their date is still open and even rough associations are not clear. One has to conclude from this
that we probably know about most. but not necessarily all large events. Symptomatic of this
statement is the relatively recent recognition of Huaynaputina event of 1600 as one of the largest
in the second millennium A.D. It is interesting to note that the primary hint for a reevaluation
of this eruption (which was known to have happened before. but was classified as much smaller)
came from studies of climate proxy data from tree rings. This svmbolizes the way in which
volcanologic. climatic and sometimes anthropologic proxies (plague. crop failures) can contribute
to the study of volcanic influences on climate. It also points out that a host of fully independent
data is available the can be used for cross-verification. The only danger that has to be omitted is
not to introduce circulatory chains of argumentation. Although Lamb (1970) has received some
criticism for including temperature information into his Dust Veil Index. if the proxy data is
used in an ndwative rather than a quantitative way, the above example underlines the value and
importance of a multi-proxy approach to both the identification and analysis of past volcanic

eruptions.

7.2 Radiative forcing

[njection and formation of particles in the lower stratosphere is the primary driver of the direct
volcanic forcing. The impact on climate strongly depends on the magnitude and spectral dis-
tribution of the radiative forcing imposed by these particles. For simplicity. it can be broken
down into two components: First. an increase in reflectance of the solar radiation by the volcanic
particles results in a decrease in the direct solar beam hitting the ground. This effect is somewhat
compensated for by an increase in the diffuse radiation. Second. the aerosol particles change the
vertical absorption profile (SW and LW). which impacts the heating rates and therefore temper-

ature. Since the increase in shortwave reflection is larger for most of the long lived (i.e. small)
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particles than their capability to retain upwelling heat. the total climate system generally looses

energy. A cooling will result.
o

7.2.1 Indications of atmospheric perturbations

Historically. strange atmospheric hazes and unusual optical phenomena have been documented.
Observations of obscured sunlight or general haze that persists even after rainfall is often used to
indicate that the location of the haze is above the tropopause. These perturbations can last for
davs. months or even vears. The duration and spatial extent of these perturbations is important
in order to make a case for a large volcanic eruption. A relatively small number of cases during
the last 1000 vears are documented extensively. but more isolated data exist for other cases. The
largest events include the vears 1258/9. 1452,3. 1600. 1783, 1813/6 and 1833/1. All of these vears
can easily be associated with very big volcanic eruptions. all of which have also left clear marks
in form of sulfate deposits on the polar ice sheets. Additionally. all can be readily recognized in
tree-ring datasets of the Northern Hemisphere ( Briffu et al.. 1998).

From the identification of an event to the calculation of its forcing on climate. more informa-
tion about the atmospheric cloud is needed. Sometimes. some information can be gained fromn
observations directly. such as in cases when sunspots can be seen with bare eves or if peculiar
coloring of the moon is observed. Usually. a number of assumptions have to be accepted through
which independent data can be evaluated. This often iterative procedure. in fact. is applied
today in aerosol research. As the most promising continuous data. ice core recovered sulfate can
offer a good way to estimate the volcanic cloud. Under the assumption of first order consistency
in spread and deposition of the aerosols after formation in the stratosphere. the sulfate flux at
the surface can be used to estimate the total sulfate mass of the aerosol cloud. Subsequently.
assumptions about the particle sizes allow the computation of the resulting forcing. Again. in-
tercomparison of independent estimates of particle mass as well as the magnitude and duration

of optical perturbations are very helpful to bracket the volcanic cloud properties. At least for
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the last 500 vears. this seems possible.

7.2.2 Aerosol distribution in space and time

From the indication of an eruption and using mass estimates of the volcanic cloud. the spatial
extent and its temporal evolution needs to be determined. While this is no problem in EBMs.
where buildup and decay can be described easily. for GCMs a more sophisticated solution has
to be found that retlects physical and dvnamical characteristics of the atmospheric flow. Here.
a simple parameterization has been proposed that fulfills these requirements. The aerosol cloud
is given as the distribution of aerosol optical depth in the mid-visible {7y 5 or 7,,,) which makes
direct comparison with visually observed perturbations of atmospheric transmission possible.
Note. this is equivalent to a description in terms of aerosol mass loading. Due to its simplicity
of solely requiring a maximum aerosol optical depth (of mass) and the month in the vear of
eruption (if lacking, an intermediate month can be selected) to estimate the spatial evolution of
the aerosol spread. the parameterization is well fitted to paleo applications. In this sense. paleo
can be regarded as any time prior to the satellite time period starting in 1979. Using this simple
approach. the construction of a homogeneous forcing dataset was presented. These data lack
the dramatic changes in quality between different events and periods which are present in some
commonly used datasets. Although some individual characteristics might be suppressed. this is

a more consistent way of comparing the impact of eruptions through time.

7.2.3 Forcing evaluation

Based on the aerosol distribution and assuming a form and composition of the particles. the
radiative forcing can be computed. Lacis et al. (1992) and Hansen et al. (1997) offered a simple

estimate of the forcing (AF) given the optical depth in the mid-visible {79 5):

..\Fi“-m_IT =30 x T0.5
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This or similar constant relationships have been used to estimate the volcanic forcing for exper-
iments with EBMs (e.g.. Andronova et al.. 1999; Crowley, 2000). In GCMs, with full represen-
tation of radiative processes. the forcing can be computed in all spectral components allowing
a much better spatial representation. Since forcing represents a change in the radiative balance
at a specific location {(IPCC uses the tropopause). it has to be separated from the daily noise of
radiative changes which mostly arises from clouds. Since the cloud formation is not independent
from the aerosol loading above (e.g.. suppression of convective activity below thick stratospheric
lavers). the computation of the aerosol forcing is not just spatially uniform but strongly varving.
Additonally. full radiative transfer is the only way to vertically separate changes in S\ and
LW absorption and therefore its influence on the vertical heating profile. This effect 1s critical
for the simulation of the strength of the polar vortex. which in turn drives a dvnamic response
leading to winter warming in high latitudes. EBMs cannot reproduce this effect. As shown by
the intluence of volcanic aerosol on the North Atlantic Oscillation. the impact from explosive
volcanism is no longer purelyv radiative but contains a dvnamic component as well. This fact
makes GCMs a required tool if looking at spatial imprints of volcanic eruptions. This is also
true for the separation of different forcings that have similar radiative but very different spatial
imprints ( Pollack et al.. 1993). On the global average level and given no low frequency effects
from a single or series of large eruptions (for some hints suggesting otherwise see Chapter 1.6).
the first order influence from aerosols. indeed. seems to be dominated by the radiation. Thus.
EBMs are quite successful in estimating volcanic cooling on the globally averaged scale.

Due to all the above mentioned uncertainties. differences in the forcing result from radiative
transfer caiculations following an eruption can be substantial. Fortunately. the duration of the
perturbations is usually short. so that the decadally averaged forcing estimates might be better
{ Rind. 1996). Probably the single largest remaining hurdle in order to better capture the impact

of explosive eruptions is the evolving size distribution (see Chapter 6.3.3.
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7.3 Climate impact

Due to a generally negative radiative balance imposed by the aerosol. the climate impact of
volcanic aerasol clouds is expected to result in a ccoling. The spatial extent. the magnitude
and duration of this cooling is more ditficult to capture. Even for some of the largest eruptions.
such as Tambora in 1313, the detection of a signal is not without problems. Clearly. some areas
and especially during some parts of the vear. the impact seems to be readily recognizable. But
this does not implv that each and every climatic time series therefore must exhibit a uniform
signal. Large regional variations exist and dvnamical effects in response to the radiative forcing
can have opposite effects. In a climate model. the separation of a signal from noise is generally
easier. The reason for this shows both the advantages and problems in the models. Accurate
climate information is available at every grid cell. each number with quite homogeneous accuracy
and stationarity in time. This is not necessarily the case in observations. Also. in models. one
can run ensemble studies to increase the signal to noise ratio. a peculiar advantage of models
over the single realization in the real world. But one also needs to critically look at the internal
variability present in the models as compared to reality. It still seems that the models lack the
range of variations and therefore possibly the full extent of feedbacks than enhance or suppress
a signal. Prior to the instrumental record. the accuracy of the historical climate data might
not match present dav expectations. but careful reconstructions can nevertheless be used to
describe past climatic evolutions. Despite open questions about the representation of certain
frequencies. namely the low frequency component. they are often good enough to help evaluate
model simulations. This is particularly the case for some regions of the globe. where high density
and independently calibrated information is available. Again. a collaborative effort between proxy

and model based studies. will be able to understand reality much better than isolated actions.
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7.3.1 Global and hemispheric imprints

The most common studies on the effects of volcanism on climate focus on the impact of individual
eruptions on the global average quantities of climate. mostly temperature. Since even today infor-
mation from the southern hemisphere is scarce. most studies focus on the Northern Hemisphere
or selected parts of it. [mportant is the temporal resolution. i.e. monthly. seasonal or annual
averages. Warm season records are the best to recognize the volcanic cooling because winter
temperatures. especiallv over the Northern Hemisphere continents, often show strong dvnami-
cal warming instead of radiative cooling. Therefore. compared to annual average temperatures.
summer season indices of climate show a better correlation with the volcanic perturbations.
Particularly well suited proxies are tree-rings. which might be sensitive to both average climate
changes from direct radiative forcing as well as episodic disruptions of the otherwise relatively
normal conditions.

This fact reveals itself in large differences in apparent sensitivity to volcanic eruptions through
a quick inspection of changes in temperature reconstructions of the Northern Hemisphere by
Munn et al. {1993). Jones et al. (1998). Crowley (2000) and Briffa et al. (1998) (or Briffa et al..
2001). While the summer reconstructions from tree-rings contain a remarkable “hit-list” of large
eruptions. a clear identification of even some of the largest events is more difficult in the annual
reconstruction of Mann et al. (1993). One reason for this effect could be the balancing winter
warmings over the continents. or the representation of tropical and subtropical climates in Mann
et al. (1998). Additionally. it should be tested if the spatial representation of large volcanic
signals can be adequately sampled by the available proxy records in the reconstruction or if the
lack of large volcanic signals in the calibration period neglects a separate response pattern which
i5 then missing in the reconstruction based on primarv modes of variability. Climate model
output provides a chance to investigate this possibility.

The presented simulations capture a volcanic cooling. The insert in Figure 7.1 shows the clear
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Figure 7.1: Comparison of temperature response to total sulfate loading for eruptions since 18370

in CSM simulation.

relationship between the sulfate loading and the temperature response under the assumption of
a constant aerosol size distribution for the events in the 130-year simulation as compared with
observations. The large Figure 7.1 plots the simulated temperature perturbation versus the
observations for these eruptions. Error bars indicate roughly the uncertainty given by differences
in observational datasets and the detection uncertainty of the signal out of the interannual noise.
For the model. ensemble simulations are at this point only available for Krakatau.

The results agree well. if Krakatau is not included (see blue regression line). Only a slight over-
prediction seems to occur. Krakatau. while clearly larger in every aspect than even Pinatubo. is
not matched by a dramatic temperature signal in the observations. Only land temperatures do

show a response (roughly 0.3-0.5). but ocean temperatures remain basically unchanged. In the
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ensemble simulations. the forcing was implemented both when the model was heading into an El
Nifo or into a La Nina event. The difference in the global response is relatively small. and does
not explain the difference with the observations. Given the restricted number of very large events
in the simulated time period. this leads to a possible interpretation that with increasing sulfate
loading the actual temperature perturbation falls. This could be explained through more efficient
removal {(e.g.. Pinto et al.. 1989) or. as shown in a sensitivity study. through further growth of
the aerosol above one micron. The problem with this interpretation is that this contradicts the
observations of atmospheric perturbations after Krakatau. Independent indications point to an
almost persistent aerosol presence in the stratosphere for at least two vears. A faster removal
would not support this long duration. Additionally. not all Krakatau-sized eruptions lack a clear
signal. Huavnaputina in 1600 and Parker in 1641 probably belong into the same group but both
caused large temperature deviations as reconstructed by Jones et al. (1993) or Briffa et al. (1998).
In fact, the reconstructed imprint is almost identical with the simulated signal of Krakatau. So
what could it be that makes the signal of Krakatau look so different” Rose et al. (1993) suggested
that caldera collapses at sea level would inject very large amounts of water vapor which could
remove the sulfate more efficiently. Because of the long duration. again. the removal change
does not seem to lead to a solution. But perhaps the concentration of the sulfuric acid was
ditferent (here the general assumption of 75%% HaSO; in 25% H,0 is used)? Could this large
amount of water have caused the aerosol to freeze. which would significantly change the radiative
properties and the response would very much look like the simulation with the large aerosol. The
very first observation of noctilucent clouds follows the eruption of Krakatau by only two vears.
roughly the time needed for substances to get transported into the upper Mesosphere. Although
a pure speculation at this point. this possibility should be investigated with appropriate middle
atmosphere models. Overall. this eruption highlights where the problems remain for simulations

of some of the eruptions. Other than that. the simulations are remarkably on target.
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7.3.2 Regional patterns

The volcanic cooling is not spatially uniform. Already the radiative forcing is variable in space
because of the local albedo. be it through surface characteristics or the presence of clouds. While
the climate signal in some areas can be a direct response to the radiative perturbations. others
see the largest change from dynamic responses. One such response is the general increase in
Westerlies during the following winter time. causing warming at higher latitudes. While proxy
data might suggest that several of the large natural modes of climate could be influenced. the
North Atlantic Oscillation shows the strongest tendency following volcanic eruptions since 1370.
This response can only be found in GCMs that can capture the dvnamics and spatial structure

of the NAO. The model agrees well with earlv works by Defant (1924) and Lamb (1970).

7.3.3 Meridional gradients

It has been suggested that reductions in the meridional temperature gradient are responsible
for the dynamic effects on climate ( Pollack et al.. 1993). The argzument was that the tropics
would cool immediately after the eruption while the high-latitudes would not vet see a signal.
This decreases the temperature gradient and therefore the Westerlies. [n the simulations. and
supported by ohservations since 13870, this indeed can be seen. although for a very short time span
of a few months after the eruptions. Already in the first winter following the eruption. the aerosol
transport to the higher latitudes causes the lower stratospheric temperatures to rise enough to
increase the temperature gradient at these altitudes. This in return causes a stronger polar
vortex which reduces heat transport into the polar areas and deflects vertically propagating waves
southward. Both etfects cause further cooling over the poles which is only interrupted by some
sudden stratospheric warmings. Thus. the concept of a reduced temperature gradient causing
weaker Westerlies only holds for the early phase after the eruption. later dvnamical effects higher

up in the lower stratosphere guide a strengthened atmospheric flow. While in winter this causes
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warming in high-latitudes where the temperature depends mostly on the advective component.
in summer this enhanced flow could suppress the radiative heating normally taking place and
some strong waves could be responsible for some of the cold air outbreaks (see below. Figure

7.2).

7.3.4 Vertical structure

Recent satellite observations. confirmed in the simulations. showed not only a seasonal structure
in the climate response over large spatial scales. but the critical vertical differences mentioned
above. In addition to the warming above and the cooling below the aerosol layer. a separation
was found between the lower and the upper troposphere. The strongest cooling was found at
300-400 hPa. not at the surface. The reason for this 1s probably twofold. First. the large heat
capacity of the ocean helps butfer the episodic radiative cooling at the surface. Second. the
impact on the hvdrologic cvele. which was shown to slow down very quickly. causes less water
vapor and with it less latent heat to be transported into the mid to upper troposphere. enhancing
the cooling. The combined etfect results in a almost 305 larger signal at 300 hPa than at the

surface. particularly in the tropics.

7.3.5 Single versus sequences of events

Based on a compilation of ice core sulfate data. and assuming stationarity in the depositional
processes of stratospheric sulfate. a variation in the {requency of large volcanic events was pre-
sented. Interestingly. the periods with a higher frequency of events mostly correspond to cooler
time intervals. A link between closely spaced eruptions and temperature has been suggested
before. but not with the presented regularity. Whatever this is. an artefact or not. an improved
volcanic record has to be established that will also include the magnitude of the events. We also
need to independentlv evaluate the climate indices of these decades to determine if they indeed

contain the right low frequency trends. Recently. a new temperature reconstruction based on
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tree-rings by Briffa et al. {2001). which now conserves the low frequency component of climate
better than before, suggests clear correlations with volcanic episodes. Should this variation in ex-
plosive volcanism indeed hold up. the implications would be quite dramatic for current estimates
of the solar irradiance changes (see below).

The modeling results confirm that periods with higher volcanic loading do indeed see a general
cooling. This was the case early in the 20**-Century and again since the mid 1960s. where the

temperatures remain almost 0.2 *C colder than normal.

7.4 Problems and future directions

Similar to the conclusions by Lacis et al. (1992). the sulfate mass. and (assuming a intermediate
size distribution) the visible optical depth. very etfectivelv describe the radiative forcing of a
volcanic aerosol cloud. For a small number of events. namelv Krakatau during the investigation
period. this approach seems to fail. Particularly for these big events it would be important
to have a better understanding of the evolution of sulfuric acid droplets in terms of their size
and composition. Other such events have to be identified and their characteristics have to be

compared. Rondratyer (1999) summarized it nicely:

“Also. it is necessary to develop both theoretical and empirical models of the processes
of formation. evolution. and removal from the atmosphere of aerosol particles, as well

as various models of their size distribution and optical characteristics.”

What are the directions in both the proxy and modeling approaches that would shed further

light on the problem?

7.4.1 Further improvements in observational and proxy records

As repeatedly pointed out. tree rings seem to be the most sensitive climate proxy for identifving

large volcanic eruptions. But how exactly is the tree ring response generated” Which component
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Figure 7.2: Temperature evolution in New England during the sumnmer 1816. which is commonly

referred to as the ‘Year without a Summer’ (source: Stommmel and Stommel. 1933).

of the climatic signal causes most of the tree ring signatures? Clearly, frost rings suggest rapid
temperature drops during the warm season. But can monthly average temperatures from model
simulations capture this signal or are daily data fields required”? One such example is shown in
Figure 7.2. Three episodes of unusual coldness occurred during the “Year without a Summer’ in
New-England. each documented with frost events at the height of summer. Other weeks were
rather normal and warm.

More generally. we need more quantitative ways to extract a volcanic signal from the proxy
data. How can we separate the signal from local or interannual noise? Naveau et al. (in
prep.) use a statistical technique for identifving pulse like perturbations in temperature series.
Interestingly. their conclusions agree well with the simulation results: only large eruptions have
a distinguishable impact on climate. But what is the contribution of the small events for which
an individual signal is not that easy to detect? Are they respounsible for helping drag out the
signal?

Comparative studies between different proxy reconstructions should be undertaken to evaluate

if the spatial or temporal estimation techniques are robust against the unusual perturbations from
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volcanic eruptions that are more binary in nature rather than continuous.

On the event detection side, clearly. most promising efforts focus on ice cores. Could we iden-
tify all large volcanic eruptions during the last 300 vears using chemical fingerprinting technique?
This would increase our confidence in the separation between tropical events which impact the

climate much more strongly than high latitude eruptions.

7.4.2 Limitations in current model approach

The current approach of prescribing the atmospheric loading using a simple seasonality param-
eterization seems to work reasonably well. The exception is Krakatau. Because it is the largest
event in the investigated period. the simple concept of a fixed size distribution needs to be re-
visited. Could it be that with increasing suifate mass also the particle growth is enhanced? A
study using a model with full atmospheric chemistry would clearly help to find what the range
in size distribution and composition could be that still would fit with observations.

A feedback not included in the model concerns the possible indirect etfect on clouds. It has
been proposed that settling volcanic aerosol could influence the Cirrus cloud cover (Jensen and
Toon, 1992: Sussen. 1992: Minns et al.. 1993). The net-radiative effect of Cirrus could reach as
much as 8 Wm~2' Additionally to the radiative influence. Humphreys (1940) and Wezler (1951a.
1956} suggested that the aerosol would also change the cloud efficiency to produce precipitation.
Portman and Gutzler (1996) expect the large scale dynamic responses to change precipitation
more than the aerosols themselves.

Also neglected in the model are any chemical feedbacks. How does volcanic aerosol impact
the ozone concentrations and distribution? At least for Pinatubo. large reductions were found.
Again. a coupling to an atmospheric chemistry model would be helpful.

A further deficit in the simulations presented is the limited vertical resolution in the model
stratosphere. Shindell et al. (1999} showed that a high resolution is important for simulating

ozone perturbations. Though it is currently unclear to what degree a resolution of the QBO
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could impact the results. given that our aerosol spread is currently prescribed and not directly
dynamically affected by zonal and meridional How in the stratosphere.

In comparison to observations. the volcanic signal can be seen quite easily in models. As
mentioned above. this points to a remaining deficiency in climate models: too small internal
variability. The NCAR CSM has strongly improved its internal variability. but might still not
capture the full natural spectrum. The statistical method proposed by Naveau et al. {in prep.)
might help to quantifv the ditference for signal to noise ratio of volcanic eruptions.

Finally, another question not studied here is whether the signal changes if the same forcing 15
imposed on a different background climate. This would help in understanding if we can directly
compare volcanic signals during a period such as the Maunder Minimum with the recent Pinatubo

eruption.

7.5 Current potential of capturing the external forcing

from explosive volcanism

The study of the etfects of volcanic eruptions on climate has come a long way since the early
works of Humphreys (1913) and Lamb (1970). Despite remaining issues. evidence accumulates
that volcanoes contribute significantly to natural climate variability. The tmpact of Pinatubo
{0.3 *C. although only for a short time) is comparable with the overall warming in most of the
20*".Century. No internal mechanism can cause such dramatic perturbations on such short time
periods. at least not during the last Millennium.

Using a simple approach for the description of the spatial distribution and evolution of the
volcanic aerosol together with a simple estimnate of the particle size distribution. the description
of forcing as well as the resulting climate impact look very reasonable. On a global average. the
problem is to the first order a radiative balance question. Spatial effects and seasonal variations.

mavbe down to the daily scale. can only be done in the most sophisticated models. [f one can make
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use of the variety of proxy information and cross-evaluate them with the dynamic understanding
gained from the climate system response in the model. a clearer picture emerges. Conversely.
the critical evaluation of the models is not only valuable but crucial. particularly because these
models are used for future forcasting of global warming. This thesis was an attempt to introduce

such a collaborative effort.
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