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ABSTRACT: Meteorological and glaciological measurements obtained at 5873 m a.s.l. on Kersten Glacier, a slope glacier
on the southern flanks of Kilimanjaro, are used to run a physically-based mass balance model for the period February
2005 to January 2006. This shows that net shortwave radiation is the most variable energy flux at the glacier-atmosphere
interface, governed by surface albedo. The majority of the mass loss (∼65%) is due to sublimation (direct conversion of
snow/ice to water vapour), with melting of secondary importance. Sensitivity experiments reveal that glacier mass balance
is 2–4 times more sensitive to a 20% precipitation change than to a 1 ° C air temperature change. These figures also hold
when the model is run with input data representative of a longer term (1979–2004) mean period. Results suggest that a
regional-scale moisture projection for the 21st century is crucial to a physically-based prediction of glacier retention on
Africa’s highest mountain. Copyright  2007 Royal Meteorological Society
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1.

Introduction

As a part of the East African rift valley system, the
Kilimanjaro massif stands at the Kenya-Tanzania border
(3° 04 S/37° 21 E) ∼300 km from the Indian Ocean coastline. The massif consists of three peaks: Shira, Mawenzi,
and Kibo. The latter harbours the highest point in Africa
(Uhuru Peak, 5895 m a.s.l.), and is the only one to
retain glaciers. The 2003 glacier surface area estimate
is 2.51 km2 (Cullen et al., 2006) (Figure 1), compared
to ∼20 km2 around 1880 when the ongoing recession
started (Osmaston, 1989). Proxy evidence for the longer
term past (ice cores: Thompson et al., 2002) and recent
past (circulation patterns: Hastenrath, 2001; Mölg et al.,
2006) suggests that glacier evolution on Kilimanjaro
mainly reflects regional dry and humid periods in Africa.
To extend these findings to the present-day, we focus here
on the sensitivity of the glaciers to present climate (i.e. the
most recent years and decades). Owing to an expanded
network of meteorological and glaciological measurements on Kibo in 2005 (Section 2), a high-resolution
physical model can be used for the first time to precisely quantify the most direct link between atmospheric
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forcing and glacier volume response: the mass balance of
the glacier.
Over the 20th century, tropical glaciers worldwide
have shown a strong sensitivity to atmospheric moisture (precipitation and thus surface albedo, air humidity,
cloudiness and thus solar radiation) in addition to air
temperature (Kaser and Osmaston, 2002). This finding is
based on studies in the South American Andes (e.g. Kaser
and Georges, 1997; Wagnon et al., 2001; Francou et al.,
2003; Kaser et al., 2003; Favier et al., 2005) as well as
in Equatorial East Africa (Kruss and Hastenrath, 1987;
Kaser and Osmaston, 2002; Mölg et al., 2003a; Mölg
and Hardy, 2004). Regarding the large-scale forcing of
the local glacier-climate interaction, evidence is increasing that sea surface temperatures and associated circulation modes control moisture availability on tropical high
mountains, and thus mass balance fluctuations and shifts
(Francou et al., 2003; Mölg et al., 2006). The importance of atmospheric moisture for present glacier mass
balance has also been demonstrated on Kilimanjaro by
intensified research over the last few years (e.g. Mölg and
Hardy, 2004; Cullen et al., 2006; Section 2). Still, different glacier systems exist on Kilimanjaro (see below), and
the mass balance-climate link of a sloping glacier surface
has not yet been examined in detail. Section 2 provides a
review of the glacier systems, while the available data and
the model employed are described in Section 3. Section 4
presents the results and a discussion of the findings.
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Climate in East Africa and the Kilimanjaro region is
governed by a bimodal distribution of precipitation,
with the ‘long rains’ from March to May (MAM) and
the ‘short rains’ from October to December (OND)
(e.g. Hastenrath, 2001). A short dry season in January/February (JF) and a core dry season from June
to September (JJAS) separate the wet seasons. Longterm meteorological records in East Africa are confined
to lower elevations (Rodhe and Virji, 1976), but the
observed glacier recession on Kilimanjaro from the late
19th century to the present provides an opportunity to
derive long-term climate change at high elevations (mid
troposphere) if the present glacier-climate interaction is
understood. To take advantage of this opportunity, three
automatic weather stations (AWSs) were installed on
Kibo’s summit area (>5700 m a.s.l.) (Figure 1). AWS1
has been running since February 2000 on the flat surface
of the Northern Icefield and is designed for long-term
monitoring of the high-altitude climate. The other stations have been in operation since February 2005. AWS2
addresses the special case of vertical ice walls on the summit plateau (Figure 1) (Mölg et al., 2003b), and AWS3 is
explicitly designed to run models of the glacier-climate
interaction. This station is located at 5873 m a.s.l. in the
upper region of the sloping Kersten Glacier (a part of the
Southern Icefield) and provides the main data source for
the present study (Section 3.1). Local slope and aspect at
AWS3 are 18° and 200° (from north), respectively.
Kilimanjaro is peculiar amongst glacierized tropical mountains, as there are different glacier types that
respond differently to climatic forcing (Kaser et al.,
2004). Clustering them into two glacier systems, Cullen
et al. (2006) show that (1) slope glaciers (<5700 m
a.s.l., Figure 1) have retreated more slowly in recent
decades than in the early 20th century, while (2) the
tabular-shaped plateau glaciers on Kibo’s almost flat
summit plateau (≥5700 m a.s.l., Figure 1) show a more
constant area loss over the entire century. Although
the 5700 m–contour delineates these two systems well,
the situation is slightly different in the southern sector
where – owing to the existence of the ridge harbouring Uhuru Peak (Figure 1) – sloping glaciers start above
5700 m a.s.l. (cf altitude and local slope of AWS3 as
given above). The distribution of slope glaciers on Kibo
has been asymmetric not just at present but in the recent
and longer term past as well (Osmaston, 1989), with
the largest ones in the southern sector (Figure 1). In
terms of glacier surface area, slope glaciers presently
contribute ∼50% to total glacierization on Kilimanjaro
while they were persistently greater than plateau glaciers
in the past century (Cullen et al., 2006). The constant
areal loss of plateau glaciers is due to solar radiationmaintained recession of the vertical ice walls (Figure 1)
which, once established, lead to an irreversible retreat
of the glaciers they margin (Mölg et al., 2003b). Thus,
plateau glaciers have two physically distinctive features
that have been referred to as glacier regimes (Kaser et al.,
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Figure 1. Glacier extent on Kibo in 2003 (Cullen et al., 2006). The
location of automatic weather stations and vertical ice walls are also
shown (UTM zone 37 S projection, contours are in metres, equidistance
200 m). The highlighted 5700 m contour approximately follows the
outer crater rim and reasonably delineates the almost flat summit
plateau (apart from the south sector where sloping flanks start directly
above station 3).

2004): their horizontal glacier surfaces (HGSs), and the
vertical ice walls at their margin. Mass gain over many
consecutive years on the HGSs (and associated perennial
snow cover and glacier build-up on the presently ice-free
areas of the summit plateau) seems necessary to prevent
formation of vertical ice walls, and hence the constant
retreat of plateau glaciers. Mölg and Hardy (2004) investigated 19 months of mass balance (during 2001–2002)
of such a HGS on the Northern Icefield (at AWS1) with
an energy balance model. They showed that HGSs on
Kibo are extremely sensitive to precipitation but much
less so to air temperature variability, which leaves precipitation as the most important variable for mass balance
on the HGSs. The present study complements this work
for the sloping glacier surfaces on Kibo. The extension of
measurements in 2005 (described above) along with an
upgraded model (Section 3.2) allow inclusion of greater
details in the modelling this time.
3.

Data basis and model description

Measurements at AWS3 over the investigation period (IP)
9 February 2005–22 January 2006 (Section 3.1) are used
to optimize, run and validate the mass balance model
(Section 3.2) which is employed later for sensitivity
experiments. The multi-year record from AWS1 is also
considered, in order to place the one-year record of
AWS3 in a longer temporal context. In addition to the
Int. J. Climatol. 28: 881–892 (2008)
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continuous measurements, two short-term measurement
campaigns were conducted to aid model optimization;
they are presented in the model Section 3.2.
3.1. Automated measurements
Continuous measurements at AWS3 comprise the
four radiation components (Kipp and Zonen CNR1
net radiometer, mounted horizontally) of incoming
and reflected shortwave radiation (wavelength interval:
305–2800 nm) and incoming and outgoing longwave
radiation (5000–50 000 nm), air temperature and humidity (Rotronic MP100A) at (initially) 1.05 and 1.75 m
height (protected by radiation shields), wind speed and
direction (RM Young 05 103–5) at (initially) 1.85 m
height, barometric pressure (Setra 278), and surface
height change with a sonic ranging sensor (SRS, Campbell SR50) from which the mass turnover at the glacier
surface can be deduced (Mölg and Hardy, 2004). The
performance of these instruments has been described in
association with measurements on glaciers around the
world (e.g. Georges and Kaser, 2002; Oerlemans and
Klok, 2002; Hardy et al., 2003; Klok et al., 2005; Van
den Broeke et al., 2005). Longwave radiation fluxes are
also a measure of glacier (radiative) surface temperature,
based on the Stefan-Boltzmann law (Van den Broeke
et al., 2005). Since radiation shields are not artificially
ventilated, thermocouples (usually less sensitive to sensor
heating) are mounted at the same heights as the Rotronic
instruments for reference. All measurements are sampled
every 60 s and stored as half-hourly means on a Campbell
Scientific CR–23X datalogger. Characteristic measurement errors of the above sensors are described in Van As
et al. (2005) and Cullen et al. (2007b), and their effect
on the modelling will be addressed in Section 4.1. Owing
to the sub-freezing air temperatures (see below), relative humidity measurements were re-scaled to account
for saturation with respect to ice rather than liquid water
(cf Cullen et al., 2007a). Wind speeds (discussed further
below as well) are generally high enough to guarantee
sufficient (natural) ventilation of the Rotronic sensors
(Georges and Kaser, 2002). Nonetheless, we explored the
radiation error by comparing 2 ° C-binned hourly air temperature data between thermocouple and Rotronic instrument (at initially 1.75 m). Only for the two uppermost
bins (−2 to ≤0 ° C and 0 to ≤2 ° C) the mean difference
is higher than the Rotronic nominal accuracy of 0.3 ° C
(the Rotronic is higher by 0.7 and 0.9 ° C, respectively).
Data in these bins (n = 106 h) do coincide with high
mean hourly global radiation (848 W m−2 ) and low mean
hourly wind speed (1.9 m s−1 ), which indicates the preconditions for sensor heating are given. However, the
issue only concerns 1.27% of the data, so effects neither
the mean value of air temperature nor the modelling. Nevertheless we used thermocouple data in this data range as
model input (Section 3.2).
Over the IP (348 days), mean air temperature at
AWS3 was −6.6 ° C, with monthly means varying by
less than 1.2 ° C around this value. High mean global
Copyright  2007 Royal Meteorological Society

radiation (incoming shortwave radiation with respect to
a horizontal surface) of 340 W m−2 (1161 h exceeding
1000 W m−2 ) and extreme aridity with a mean water
vapour pressure of 1.68 hPa and a total precipitation
amount of only 1.06 m snow are further characteristics
of the high-altitude conditions on Kibo. The net surface
mass balance measured with the SRS is −633 mm ice
loss, which converts to −570 mm water equivalent (WE)
(900 kg m−3 for ice density assumed). Figure 2 shows the
daily variability of the basic climate variables. Global
radiation reflects the annual cycle of the sun, but does
not exhibit a minimum around the December solstice.
The location of the mountain south of the equator, the
near minimum of the sun–earth distance (3 January),
and anomalously dry conditions at this time (see below)
may explain this fact. Air temperature fluctuates – even
on a daily scale – less than ±3.5 ° C around the mean
(‘thermal homogeneity’: Kaser, 2001). Vapour pressure
experiences a peak during the MAM wet season, as
well as snowfall and snow depth. The absence of a
pronounced second peak in these three variables during
OND illustrates the failure of the OND snowfall season
on Kibo in 2005, which only contributed 11% to the
total annual snowfall sum. AWS1, which recorded very
similar conditions during the IP, shows this contribution
is typically 22% (02/2000–01/2005 mean). Thus, one
cause of the negative surface mass balance appears to
be the lack of snowfall in the ‘short rains’ season. Wind
speed at AWS3 (Figure 2(d)) did not exhibit a clear
annual cycle around its IP mean (5.1 m s−1 ).
3.2. The mass balance model
Glacier-climate models (e.g. Greuell and Smeets, 2001;
Klok and Oerlemans, 2002, 2004) allow computation of
the mass balance (MB) of a glacier (or glacier site),
which is the sum of accumulation (mass gain) and ablation (mass loss) over a defined time period per unit
area (specific MB). While accumulation is reasonably
approximated by measured solid precipitation, understanding the ablation component requires the glacier surface energy balance (SEB) and related physical processes
to be resolved:
S ↓ (1 − α) + L ↓ +L ↑ +QS + QL + QG = F (1)
Table I (left column) defines the abbreviations used in
this equation. Energy fluxes (in W m−2 ) towards the surface are positive, and negative if directed away from the
surface. Mass loss occurs due to sublimation (if QL is
negative) and melt. The latter requires the glacier surface temperature (TS ) to be at melting point (273.15 K)
and the resulting energy flux F to be positive on the
right-hand side of Equation (1). If TS is below melting point, F is zero. To solve for F in Equation (1),
the MB model first computes (a) in its surface module
the glacier-atmosphere energy fluxes from meteorological
variables (Table I, right column), and (b) in its subsurface
module the vertical temperature distribution inside the
Int. J. Climatol. 28: 881–892 (2008)
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Figure 2. Daily means of (a) global radiation, (b) air temperature, (c) air humidity, and (d) wind speed, and daily (e) accumulation (snowfall)
and (f) snow depth (derived from the sonic ranging sensor) at AWS3 between 9 February 2005 (day 1) and 22 January 2006 (day 348). The
date (month/day/year) is shown on the upper x-axes.

glacier to solve for QG. Secondly, it converts resultant
QL and F to mass fluxes of sublimation and melting
from which – together with input of measured accumulation – the surface height change (and thus surface MB) is
obtained. The surface and subsurface modules, which are
linked through TS (Table I, right column), are based on
the SEB models of Mölg and Hardy (2004) and Bintanja
and Van den Broeke (1995), respectively. The following paragraphs briefly describe relevant details. It should
be noted that S ↓ is the only SEB component in Equation (1) which enters the model as a direct measurement.
Other components are parameterized (Table I, right column) in order to perform realistic sensitivity studies, an
Copyright  2007 Royal Meteorological Society

approach that includes generation of TS by the MB model
(see further below). We use hourly means from AWS3 to
run the model, which results in a total of 8352 time steps
over the IP. The sub-daily time steps are required because
measured TS shows that melting – if it occurs (on 84 of
the 348 days) – is limited to a few hours around noon or
early afternoon. Mass fluxes can therefore not be captured
realistically in daily model steps.
3.2.1. Net shortwave radiation (SNET )
S ↓ comes from the direct measurement of global
radiation corrected for slope and aspect with a radiation
model (Mölg et al., 2003a,b). Daily albedo is computed
Int. J. Climatol. 28: 881–892 (2008)
DOI: 10.1002/joc
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Table I. Energy fluxes at the glacier surface and their link to
climate as treated in the mass balance model.
Determined froma

Surface energy balance
component

S ↓ (incoming shortwave Direct measurement of solar
radiation)
radiation
α (surface albedo)
Snowfall amount and frequency,
snow depth
L ↓ (incoming longwave Water vapour pressure, air
radiation)
temperature
L ↑ (outgoing longwave Glacier surface temperature (TS )
radiation)
QS (turbulent sensible
Air temperature and TS, wind
heat flux)
speed, air pressure
QL (turbulent latent heat Air humidity and TS, wind speed,
flux)
air pressure
QG (subsurface energy
Thermodynamic energy equation
flux)
(forced by TS )
a For

details see section 3.2.

as a function of snowfall frequency and depth from
the albedo model of Oerlemans and Knap (1998) that
was developed for year-round conditions on Morteratsch Glacier (Swiss Alps), and introduces five control
parameters (CPs): characteristic albedos of fresh snow
(αfrs = 0.75), of firn (αfi = 0.53) and of ice (αice = 0.34),
an e-folding constant for the effect of ageing on snow
albedo (t ∗ = 21.9 days), and an e-folding constant for the
effect of snow depth on albedo (d ∗ = 3.2 cm). Our measurements of S ↓, reflected shortwave radiation, snowfall
and snow depth are used to optimize the CPs to Kibo conditions (Figure 3(a)), which goes well for the first half
of the IP but does not simulate variability sufficiently
during JJAS and OND. Thus, we modified the parameterization and replaced the constant αice by a variable
αice as a function of dew point temperature (see equation
in Figure 3 caption), which increases model performance
(a)

2/8/05

4/7/05

6/4/05

8/1/05

(Figure 3(b)). Dew point is an important indicator of penitentes that strongly affect albedo (Corripio and Purves,
2005), and these surface features have been observed on
Kersten Glacier and at AWS3 during field visits. As ablation on tropical glaciers occurs each day (Kaser, 2001),
the term ‘firn’ is not appropriate for our site, so αfi is
called the ‘albedo of old snow’ (αols ). The optimized, final
CPs then read: αfrs = 0.83, αols = 0.68, t ∗ = 1.1 days,
and d ∗ = 5.1 cm. The time scale is considerably smaller
than on Morteratsch Glacier, indicating that snow is ageing faster on Kibo. This makes sense in view of the
year-round ablation on tropical glaciers (Kaser, 2001).
The depth scale is slightly larger than on Morteratsch
Glacier, indicating that – in case of a snow surface – the
albedo of the underlying ice surface impacts the snow
albedo more strongly. This seems consistent as well, since
snow depths on Kibo are generally low (Figure 2(f)).
3.2.2. Net longwave radiation (LNET )
L ↓ is parameterized as a function of air temperature T (in K) and vapour pressure e (in hPa) from
a quadratic fit: L ↓= 6854.2904 − 58.0435 T +
1562.6514 e + 0.1232 T 2 − 5.9170 T e + 14.9242 e2 .
The root mean square difference (RMSD) between
hourly parameterized and measured L ↓ is 25.1 W
m−2 (r = 0.88). A more common optimization based
on the Stefan–Boltzmann law (e.g. Klok and Oerlemans, 2002; Mölg and Hardy, 2004) does not perform as well (RMSD = 29.5 W m−2 , r = 0.81) because
there is no statistically significant relation between
L ↓ and T in our measurements through a linear
fit. On a daily scale, the quadratic fit produces a
RMSD of 14.5 W m−2 from measurements, which is
comparable to other L ↓ parameterizations (Greuell
and Konzelmann, 1994). L ↑ is obtained conventionally by the Stefan–Boltzmann law from TS and surface emissivity (equal to unity) (Mölg and Hardy,
2004).
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Figure 3. Modelled daily albedo optimized to measurements at AWS3 between 9 February 2005 (day 1) and 22 January 2006 (day 348). (a) Ice
albedo as an optimal constant value (0.44), and (b) ice albedo as a varying value, computed as function of daily dewpoint temperature (DPT ):
0.0084 ° C−1 DP T + 0.6487. Correlation coefficient (r) and root mean square difference (RMSD) are displayed in the lower left corners. The
date (month/day/year) is shown on the upper x-axes.
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3.2.3. Turbulent heat exchange

3.2.4. Subsurface energy flux
QG is obtained as the sum of a conductive heat flux (QC )
and an energy flux from penetrating shortwave radiation
(QPS ). Following Bintanja and Van den Broeke (1995),
our subsurface module numerically solves the thermodynamic energy equation (TEE) on a multi-layer grid
stretching into the glacier (30 layers, vertical spacing
0.01 m, fixed bottom temperature TB , see below). The
simulated vertical profile of englacial temperature can
then be used to determine QC from the temperature difference between the surface and the first subsurface layer.
If a layer consists of snow and ice, the required values for the thermal diffusivity (1.1 10−6 m2 s−1 for ice;
0.4 10−6 m2 s−1 for snow), effective thermal conductivity (2.2 W m−1 K−1 for ice; 0.5 W m−1 K−1 for snow),
and density (900 kg m−3 for ice; variable for snow, see
below) to solve the TEE and for QG are a weighted
average (cf Klok and Oerlemans, 2002). For the chosen
grid spacing, QPS is nil and does not impact the subsurface temperature in case of a snow surface, according to
Brandt and Warren (1993). In case of an ice surface, a
constant fraction (1 − ζ ) SNET penetrates into the subsurface and is attenuated exponentially with depth (Bintanja
and Van den Broeke, 1995). Twelve days of subsurface
temperature measurements in July 2005 (a period with
ice surface) at 0.5 and 2 m depth suggest that (a) QPS
should be taken into account (otherwise the model produces a cold bias), and (b) the best simulation is reached
with ζ = 0.71 (and a constant TB at 3 m model depth
of 269.5 K) (Figure 4). For these optimization runs, the
subsurface module was forced with measured TS. The
optimal ζ is lower than ζ for the Antarctic glacier surface (0.8) used by Bintanja and Van den Broeke (1995),
resulting in a higher percentage of SNET penetrating to
the glacier subsurface on Kibo. This higher amount for
our low-latitude site is in agreement with the theoretical
calculations of Warren et al. (2002) (cf their Figure 6).
Copyright  2007 Royal Meteorological Society

model with QPS
−2
Temperature (°C)

QS and QL are computed using the ‘bulk method’ (e.g.
Greuell and Smeets, 2001) through analytical expressions
(Mölg and Hardy, 2004). Air temperature and humidity
from the higher sensor at AWS3 (cf Section 3.1) serve
as input, because this reduces the relative size of the
measurement error (Bintanja and Van den Broeke, 1995).
Apart from meteorological input variables (Table I, right
column), the ‘bulk method’ requires a characteristic
surface roughness length (SRL) which was explored
in an eddy correlation experiment in July 2005 (for
logistical reasons at AWS1 which has a roughness
element shape similar to AWS3). The experiment (Cullen
et al., 2007b) suggests SRL = 1.7 mm (for momentum)
which, in the model, is also used for scalar SRLs (Mölg
and Hardy, 2004; Cullen et al., 2007b). Cullen et al.
(2007b) moreover show that – with the settings described
here – the MB model reproduces turbulent heat exchange
well compared to direct measurements of QS and QL.
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Figure 4. Simulated and measured subsurface temperatures at AWS3
between 31 July 2005 (0100 LT, hour 1) and 11 August 2005 (2400
LT, hour 288) at 0.5 m (lines without point symbols) and 2 m depth
(point symbols). Model results are shown with and without activation
of penetrating shortwave radiation (QPS).

Extinction coefficients are the same as in Bintanja and
Van den Broeke (1995).
3.2.5. Surface temperature
TS is a key variable for the SEB (Table I), and additionally links the subsurface and surface modules. It is computed by an iterative procedure (based on bisection interpolation) from the energy availability at the glacier surface under the requirement of equilibrium (ROE) between
the SEB fluxes (Mölg and Hardy, 2004). If the resultant
TS exceeds melting point it is reset to 273.15 K, and
the remaining flux F represents latent energy flux for
melting QM. In our preliminary model runs it became
clear that – for a realistic simulation of hourly TS from
the ROE – energy storage in the surface layer must be
introduced to Equation (1) (Garratt, 1992).
3.2.6. Accumulation
Model surface accumulation is due to measured snowfall
rate (model snow density is 285 kg m−3 ) and QL-derived
deposition. Model density is consistent with our few
measurements of fresh snow density in the field, which
was higher than 200 kg m−3 . Refreezing of meltwater in
the snow pack (internal accumulation) is determined from
the temperature and mechanical properties (pore volume,
saturation, density) of the snow pack, with the model
proposed by Illangasekare et al. (1990) coupled to the
subsurface module. However, the snow pack is treated as
a ‘bulk’ medium in view of the low snow depths on Kibo
(Figure 2(f); Mölg and Hardy, 2004), so the refreezing
process is not resolved vertically. In case of refreezing,
the latent heat release and related temperature change for
the next time step are attributed to the grid points in the
snow pack and, again, determined by a weighted-average
for the grid point of the subsurface layer that harbours
the snow-ice interface. Further, densification of the model
snow pack occurs in response to refreezing.
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4.

Results and discussion

4.1. Model validation, energy and mass balance
Glacier surface temperature during the IP is shown in
Figure 5(a) for the purpose of model validation. There
is very good agreement between measurements and
model, both in magnitude and interdiurnal variability,
which verifies the model’s ability to reveal the SEB at
AWS3. The typical uncertainty in the L ↑ measurement
of ca 10 W m−2 (Greuell and Smeets, 2001) leads
to a 2.3 K uncertainty in measured TS for our data.
The RMSD between model and measurement is clearly
smaller (Figure 5(a)), and remains smaller on an hourly
basis as well (RMSD = 1.2 K). The cold TS anomaly
(day ∼110–135) is linked to the only negative monthly
net radiation (SNET + LNET < 0; June 2005), as illustrated
by the associated glacier-atmosphere energy exchanges in
Figure 5(b). All-year negative QL indicates continuous
mass loss due to sublimation, with a minimum in the
MAM wet season when the vapour pressure gradient
between surface and overlying air is relatively small. This
sublimation pattern strongly resembles the one on the
HGS at AWS1 (Mölg and Hardy, 2004). Net shortwave
radiation is the main input to, and most varying energy

Glacier surface temperature (K)

(a)

2/8/05

4/7/05

6/4/05

flux on the glacier surface. Its variability is controlled
by the surface albedo which therefore represents the key
variable in the SEB. Snowfall is the atmospheric variable
connected most closely and proportionally to albedo (cf
Figure 2(e)). Higher and/or more frequent snowfall thus
decreases the energy available for ablation. Net longwave
radiation shows least negative values in MAM, since
the more humid atmosphere in the main wet season
(Figure 2(c)) results in highest L ↓ values. This implies
little variability of monthly L ↑ during the year (less
than 11 W m−2 around the mean of 278.4 W m−2 ). The
turbulent flux of sensible heat is a small heat gain for
the surface and peaks in June 2005. The latter is a cause
of the cold TS anomaly during this month (Figure 5(a)),
which created the largest temperature gradient between
surface and overlying air. Still, the slight increase in
sensible heat supply in June 2005 could not compensate
for the radiative losses (as discussed above) and thus
prevent the cold TS anomaly.
Turning to the mass fluxes associated with these energy
exchanges, Figure 6(a) shows the accumulated glacier
surface lowering during the IP, which also serves as the
second step in our model validation. Generally there is
good agreement between the SRS measurement and the
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Figure 5. (a) Simulated and measured daily surface temperatures at AWS3 between 9 February 2005 (day 1) and 22 January 2006 (day 348) with
correlation coefficient (r) and RMSD displayed. The date (month/day/year) is shown on the upper x-axis. (b) Monthly means of glacier-atmosphere
energy fluxes between February 2005 and January 2006. Also shown is surface albedo (line plot, right-hand y-axis).
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Figure 6. (a) Simulated and measured accumulated surface lowering at AWS3 between 9 February 2005 (day 1) and 22 January 2006 (day
348). The date (month/day/year) is shown on the upper x-axis. (b) Simulated and measured seasonal mass fluxes at the glacier surface for the
climatologically wet (MAM, OND) and dry (JF, JJAS) seasons. Bold figures show the modelled contribution of sublimation to mass loss (in %).

model result. The obvious deviation shortly after day 100
could be related to an ‘ice bump’ that was observed
during the July 2005 field visit. This surface element
may have disturbed the SRS measurement temporarily,
since the SRS record shows unusually large surface
changes at this time. Still, the two curves demonstrate
continuous ablation throughout the year as it is typical of
tropical glaciers (Kaser, 2001); a contrast to the strong
seasonality in ablation of extratropical glaciers (e.g. Klok
and Oerlemans, 2002).
Figure 6(b) extends the mass flux issue by depicting
the seasonal mass balance. For the ablation component,
error ranges have been determined for both the measurements and model results. Errors on measured ablation due
to the uncertainty in surface height change from the SRS
measurement (0.4%) are negligibly small on the seasonal
scale (∼1–2 mm WE per season), but exist because of
the uncertainty in density of deposited snow. According to field measurements, this density ranges at least
between 200 and 300 kg m−3 (with values above the
upper limit more probable than below the lower limit), so
Figure 6(b) is based on 250 ± 50 kg m−3 to derive ablation from the SRS. To examine the minimum error on
modelled ablation and net mass balance, the MB model
has been re-run with offsets in meteorological input variables according to typical instrument errors (8 runs).
Following the approach of Greuell and Smeets (2001),
we considered 2% uncertainty in measured global radiation and relative humidity, 0.2 ° C in air temperature, and
0.2 m s−1 in wind speed. Modelled net surface MB over
the IP then is −621 ± 95 mm WE, so the measured one
(−570 mm WE) is within the uncertainty range. Seasonal
mass fluxes are simulated reasonably by the MB model
(Figure 6(b)). Owing to the dry conditions, a great part of
the total mass loss is due to sublimation (65% on average) as revealed by the model results. This apparently
limits the importance of melting and melt water supply.
Copyright  2007 Royal Meteorological Society

Higher snowfall in the MAM wet season caused (1) a
higher albedo and thus less energy available for ablation
(as discussed above) and (2) higher accumulation – both
of which combined led to the lowest measured net mass
loss in the MAM season. Melt water retention in the
snowpack accounts for ∼3% in the total MB and ∼6%
in the accumulation component, confirming earlier observations that melt water refreezing does occur (Mölg and
Hardy, 2004). The simulated maximum snow density due
to refreezing is 344 kg m−3 and occurs ∼20 days after
the peak snow depth in late May (Figure 2(f)). As mentioned above, measured density of deposited snow was
occasionally higher than 300 kg m−3 (338 and 436 kg
m−3 ), so the model value lies well within the observed
range.
Overall, the seasonal mass fluxes (Figure 6(b)) illustrate the failure of snowfall in the OND season in 2005
(cf Section 3.1), which shows characteristics very similar to the JF dry season. Table II summarizes energy and
mass balance components at AWS3. Despite the good
agreement between measurements and model, ablation
and surface lowering tend to be higher in the model
(Figure 6, Table II). This is because modelled TS is
more frequently at melting point (n = 218 h) than measured TS (n = 177 h). The amplitude of the diurnal TS
cycle is therefore slightly greater in the model, given the
almost identical values of mean TS (Table II). Forcing
the MB model with measured TS (but maintaining all
other settings as described in Section 3.2) reduces modelled surface melt by 59 mm WE, but does not affect
sublimation (−5 mm WE) and deposition (−1 mm WE)
to any large degree – which brings modelled net surface
MB to −568 mm WE. Hence, the difference in net surface MB and surface lowering between measurements
and model (as shown in Table II) most probably originates from a melt component that is slightly lower than
341 mm WE.
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Table II. Mass balance components and related variables between 9 February 2005 and 22 January 2006 (total values for the
mass balance terms, otherwise averages) from measurements and modelling. NA indicates ‘not available’.
Mass balance component or related variable

Modelled

Measured

Incoming shortwave radiation (W m−2 )
Surface albedo
Incoming (outgoing) longwave radiation (W m−2 )
Net radiation (W m−2 )
Turbulent sensible (latent) heat flux (W m−2 )
Total subsurface energy flux (W m−2 )
Surface temperature (K)
Net surface height change (m)
Net surface mass balance (mm WE)
Surface accumulation (snowfall/deposition), mm WE
Internal accumulation (i.e. refreezing), mm WE
Surface ablation (melt/sublimation), mm WE
Energy for ablation consumed by sublimation (%)
Bulk snow density (kg m−3 )

NA
0.55
170.3 (−278.4)
44.0
13.6 (−55.1)
0.2
264.9
−0.68
−621 ± 95
306 (303/3)
19
−927 (−341/−586)
93.6
304

330.6
0.54
170.8 (−278.9)
45.4
NA
NA
265.0
−0.63
−570
NA
NA
NA
NA
NA

4.2. Sensitivity experiments
The sensitivity of a glacier to climate is typically assessed
by re-running models with offsets of 20% in precipitation amount (P ) and 1 ° C in air temperature (T )
(e.g. Klok and Oerlemans, 2004). Since snow depth is
generated by the MB model (from computed surface lowering), each change of a climate variable leads to a new
snow cover evolution, not P solely. Results, based
on conditions over the IP, are presented in Figure 7(a)
(left). They clearly demonstrate the large impact of P
which – on average – is 4.1 times more effective on
mass exchange than T . The causal explanation for this
response behaviour is that P directly impacts surface
albedo, the key variable in the SEB (Section 4.1). The
associated ‘feedback factor’ (FF) defined by Oerlemans
and Klok (2004) (ratio of MB change to deposited snow
amount change) is 6.4, higher than any FF (vs altitude)
for a mid-latitude glacier (Oerlemans and Klok, 2004).
T affects albedo indirectly through an altered snow
cover evolution by changes mainly in the sensible heat
flux. However, these changes are small on Kibo compared to albedo-forced changes in net shortwave radiation
(cf variability of SNET and QS in Figure 5(b)). Additionally, P impacts the accumulation component. The
implications of precipitation variability are well visible
in the IP’s MAM season (Figure 6(b)). Higher snowfall
increases surface albedo and reduces the main energy
source (net shortwave radiation) (cf Figure 5(b)), leading
to less ablation and – together with higher accumulation – to more balanced mass fluxes (Figure 6(b)). The
positive P has a stronger impact than the negative
P (Figure 7(a), left), because the change in snow cover
hours (compared to the reference run) is greater than in
the negative offset scenario (which triggers a stronger
albedo feedback).
To investigate whether the predominance of P is
maintained at the lower glacier elevations, AWS3 was
virtually shifted to 5500 and 5200 m a.s.l. (representative of mid and low elevations of glaciers in the
Copyright  2007 Royal Meteorological Society

south sector) in Figure 7(b). This was achieved by – as
in spatially distributed MB models (Klok and Oerlemans, 2002) – modifying input data with vertical gradients: −0.0055 ° C m−1 at constant relative humidity
for air temperature and humidity, an exponential relation for air pressure (standard barometric formula), and
−0.0008 m m−1 for snowfall (Røhr and Killingtveit,
2003). An air temperature threshold of 2.5 ° C separates
snow from rainfall. This value agrees well with a wet
bulb temperature of 1 ° C (at mean relative humidity on
Kibo) suggested by Steinacker (1983). A change in solar
radiation was neglected due to the unknown vertical gradient of cloudiness. Reference and sensitivity runs were
then repeated for each virtual altitude. Higher air temperature and humidity at lower elevations lead to a more
negative net MB in the reference runs (not shown), and
seem to decrease but not reverse the difference between
P and T effects (Figure 7(b)). The decrease of the
P effect at lower altitude may result from the relatively
fast degradation of the snow pack under the higher energy
availability, which weakens the albedo feedback.
MB sensitivity to climate partly depends on climate
conditions of the reference run (not only of the climate zone), and these were somewhat anomalous during the IP (P = −18% and T = +1 ° C at AWS1
with respect to its February 2000–January 2005 climatology). We thus modified input data to best reconstruct
a mean annual cycle for 1979–2004. Monthly anomalies in S ↓, air temperature, specific humidity, and wind
speed for February 2005–January 2006 (with respect
to February 1979–January 2005) were computed from
NCEP/NCAR reanalysis data (Kalnay et al., 1996) for the
grid cell covering Kilimanjaro (2.5 ° S/37 ° E) at 500 hPa
(cf 502 hPa measured at AWS3). Averaged annual
anomalies are (respectively): +1.3 W m−2 , +0.44 ° C,
−0.3 g kg−1 , −0.3 m s−1 (i.e. S ↓ and air temperature
were higher over the IP than over 1979–2004, humidity and wind speed lower). The hourly AWS3 series for
each month (of these four variables) were then multiplied
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Figure 7. (a) Changes in specific mass balance (with respect to the reference run) at AWS3 due to changes in air temperature (T ) and
precipitation (snowfall) amount (P ) for two reference climates: (left) February 2005 – January 2006 and (right) reconstructed mean conditions
over 1979–2004. (b) Change in climate sensitivity with altitude (February 2005 – January 2006 conditions). Displayed mass balance response
(|b|) is the absolute change in mass balance averaged from negative and positive offset results (i.e., scenarios that lead to a negative b have
been counted positive, since signs of b remain as in Figure 7(a)). The dashed line indicates the altitude of AWS3 (5873 m a.s.l).

with the corresponding relative monthly NCEP/NACR
anomalies (adding absolute anomalies did not change the
outcome of the sensitivity runs). This simple approach
is supported by the fact that NCEP/NCAR free-air data
show skill in reflecting climate anomalies particularly on
mountain summits (Hardy et al., 2003; Pepin and Seidel,
2005). Anomalies of snowfall amount (SAM), variability
of which is strongly linked to the local scale, were determined with respect to the 5-year (February 2000–January
2005) series at AWS1 (which recorded almost the same
SAM over the IP (110 cm) as AWS3 (106 cm)). The
highest SAM anomaly in December 2005 (−19.5 cm) is
linked to the failure of the 2005 OND snowfall season (cf
Figure 2(e)). The sensitivity runs were then repeated, this
time based on the reference run with modified input data.
In principle, this cannot yield as reliable numbers as over
the IP (because of the uncertainty involved in the reconstruction), but should at least indicate the direction the
sensitivities are shifted. Results show that ranges of T
and P sensitivities decrease (Figure 7(a), right), due to
the colder atmosphere and presence of OND snowfall in
a mean year. Nonetheless, the dominance of P persists
(2.7 times more effective than T ). The general dominance of P through the related albedo feedback, thus,
appears to be a robust result of the sensitivity experiments. A higher snowfall frequency, which is likely
to accompany higher precipitation amounts (Hastenrath,
2001; Mölg et al., 2006), would increase the sensitivity
to precipitation even further.
Slope glaciers on Kibo are therefore no exception
amongst tropical glaciers regarding their sensitivity to
climate (cf introduction). However, their location far
above the mean 0 ° C isothermal surface (Figure 2(b))
favours the particularly strong sensitivity to precipitation.
Tropical glaciers may show less difference between P
and T effects when they are located at lower altitude
in the vicinity of the mean 0 ° C isothermal surface (e.g.
Hastenrath and Kruss, 1992; Favier et al., 2005). In
Copyright  2007 Royal Meteorological Society

this case air temperature changes affect the phase of
precipitation (liquid vs solid) and thus the accumulation
component of the mass balance too.
4.3. Comparison with other glacier systems on Kibo
The characteristics of SEB, MB and MB sensitivity for
the slope glacier (Sections 4.1 and 4.2) show a high similarity to those of the HGS at AWS1, as investigated by
Mölg and Hardy (2004). Despite the similarity, keeping
HGSs and slope glaciers as separate glacier regimes on
Kibo is justified because MB variability on HGSs is not
important for areal changes of plateau glaciers as long
as the receding vertical ice walls exist at their margins
(Cullen et al., 2006). MB variability on slope glaciers,
in contrast, does contribute to areal changes without a
long delay, considering the fast response time of small
slope glaciers in the tropics (Kaser et al., 2003). Further,
it appears that HGSs are even more sensitive to precipitation since global radiation (occurring under small solar
zenith angles in the tropics) is less attenuated on a horizontal surface compared to a sloping surface – which
favours the albedo feedback. In addition (and a focus
of future research), incoming and net shortwave radiation probably shows a less complex spatial pattern on the
freely-exposed HGSs than on slope glaciers, since the
latter’s mid and low reaches (i.e. below AWS3) are more
heavily influenced by shading and varying slope angles.
SEB and MB of the vertical ice walls are governed by
solar radiation (Mölg et al., 2003b), but further research
is necessary to get insight into turbulent heat exchange
on vertical reference surfaces.
5.

Conclusions

The presented combination of in-situ measurements with
mass balance modelling corroborates that mass fluctuations on Kibo’s slope glaciers primarily reflect precipitation variability. The same is true for the horizontal
Int. J. Climatol. 28: 881–892 (2008)
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surfaces of the plateau glaciers (Mölg and Hardy, 2004).
This is a direct cause of the snowfall-albedo feedback that
is much stronger than on extratropical glaciers. Glaciers
on Kibo are located above the mean freezing level, which
keeps absolute magnitude and variability of sensible heat
supply small. For this reason, effects of local air temperature changes on mass balance are also small. Results
imply that an increase in snowfall would have to be the
main climatic requirement to reach long-term net accumulation (mass gain) on horizontal and sloping glacier
surfaces and thus prevent formation of the ever-receding
vertical ice walls (cf Section 2). Other proxy-based studies indeed found that precipitation in East Africa prior
to 1880 was substantially higher than in the 20th century (∼ + 20%: for a summary see Mölg et al., 2006),
so our upcoming research will aim to (a) quantify the
additional snowfall required to maintain the latest maximum extent of glaciers on Kibo, and (b) assess this result
in light of the other proxies. For the present, observed
glacier retreat on Kilimanjaro (Cullen et al., 2006) (and
on Mount Kenya and Rwenzori: Kaser and Osmaston,
2002) most likely reflects drought in the high-elevation
zones of East Africa. Since human societies in the tropics
mainly depend on precipitation, this provides an important boundary condition for studies of sustainable development issues (e.g. Hay et al., 2002; Hemp, 2005). While
the retreat of mountain glaciers on a global scale is primarily controlled by rising air temperature (Kaser et al.,
2006), our results suggest that a regional moisture projection for the 21st century must be incorporated into
the framework of a physically-based prediction of glacier
retention on Africa’s highest mountain. This suggestion
is consistent with global warming and regional moisture changes, particularly in the tropics (e.g. Chou et al.,
2006).
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