
Earth and Planetary Science Letters 341-344 (2012) 243–254
Contents lists available at SciVerse ScienceDirect
Earth and Planetary Science Letters
0012-82

http://d

n Corr

E-m
journal homepage: www.elsevier.com/locate/epsl
The evolution of pCO2, ice volume and climate during the middle Miocene
Gavin L. Foster a,n, Caroline H. Lear b, James W.B. Rae c

a Ocean and Earth Science, National Oceanography Centre Southampton, University of Southampton Waterfront Campus, Southampton SO14 3ZH, UK
b School of Earth and Ocean Sciences, Cardiff University, Main Building, Park Place, Cardiff CF10 3AT, UK
c Bristol Isotope Group, Department of Earth Sciences, University of Bristol, Wills Memorial Building, Queens Road, Bristol BS8 1RJ, UK
a r t i c l e i n f o

Article history:

Received 16 December 2011

Received in revised form

10 May 2012

Accepted 4 June 2012
Editor: G. Henderson
the evolution of global climate during the middle Miocene (as reflected by changes in the cyrosphere)
Available online 20 July 2012

Keywords:

boron isotopes

middle Miocene

pCO2

climate change
1X/$ - see front matter & 2012 Elsevier B.V.

x.doi.org/10.1016/j.epsl.2012.06.007

esponding author.

ail address: Gavin.Foster@noc.soton.ac.uk (G.L
a b s t r a c t

The middle Miocene Climatic Optimum (17–15 Ma; MCO) is a period of global warmth and relatively

high CO2 and is thought to be associated with a significant retreat of the Antarctic Ice Sheet (AIS). We

present here a new planktic foraminiferal d11B record from 16.6 to 11.8 Ma from two deep ocean sites

currently in equilibrium with the atmosphere with respect to CO2. These new data demonstrate that

was well correlated to variations in the concentration of atmospheric CO2. What is more, within our

sampling resolution (�1 sample per 300 kyr) there is no evidence of hysteresis in the response of ice

volume to CO2 forcing during the middle Miocene, contrary to what is understood about the Antarctic

Ice Sheet from ice sheet modelling studies. In agreement with previous data, we show that absolute

levels of CO2 during the MCO were relatively modest (350–400 ppm) and levels either side of the MCO

are similar or lower than the pre-industrial (200–260 ppm). These new data imply the presence of

either a very dynamic AIS at relatively low CO2 during the middle Miocene or the advance and retreat of

significant northern hemisphere ice. Recent drilling on the Antarctic margin and shore based studies

indicate significant retreat and advance beyond the modern limits of the AIS did occur during the

middle Miocene, but the complete loss of the AIS was unlikely. Consequently, it seems that ice volume

and climate variations during the middle Miocene probably involved a more dynamic AIS than the

modern but also some component of land-based ice in the northern hemisphere.

& 2012 Elsevier B.V. All rights reserved.
1. Introduction

Over at least the last 550 thousand years Earth’s climate,
global sea level, and the CO2 content of the atmosphere have been
tightly coupled (Rohling et al., 2009). However, the nature of this
relationship in the future in response to anthropogenic climate
change is hard to predict (Rahmstorf et al., 2007) due to questions
regarding the behaviour of the large continental scale ice sheets of
Greenland and Antarctica in a rapidly warming climate (Alley
et al., 2005). Observations of continental ice sheet stability in the
past, when the Earth’s climate was significantly warmer than
today, may not represent the immediate future due to hysteresis
in ice sheet behaviour (Pollard and DeConto, 2005), but do
provide a valuable test-bed of our understanding of ice sheet
growth and decay (Pollard and DeConto, 2005).

The Cenozoic era saw a fundamental transition in the Earth’s
climate state from the greenhouse climate of the Cretaceous
to our modern icehouse, characterised by continental ice on
both poles (Zachos et al., 2001). Large, continental scale ice sheets
All rights reserved.

. Foster).
first formed on Antarctica at the Eocene–Oligocene boundary
(33.7 Ma; Coxall et al., 2005), while the northern hemisphere is
thought to have remained largely ice free until the Late Pliocene
(�3 Ma; DeConto et al., 2008; Zachos et al., 2001; Mudelsee and
Raymo, 2005). The modern Antarctic Ice Sheet (AIS) is made up of
two parts, the large, sluggish, land-based Eastern AIS and the
smaller, more dynamic, largely marine-based Western AIS. Ice
sheet modelling indicates that, once formed, the land-based AIS is
very difficult to melt (Pollard and DeConto, 2005). This hysteresis
effect arises because the bright surface of the ice cap maintains a
cold, elevated interior that resists melting during a global warm-
ing event. Such modelling also indicates that CO2 levels must rise
to significantly higher values in order to melt the EAIS than are
required to form it in the first place (�1000 ppm vs. 750–
840 ppm; Pollard and DeConto, 2005). In contrast, no significant
hysteresis is thought to characterise the marine-based AIS
(Pollard and DeConto, 2009) or is documented in records of the
northern hemisphere ice sheets response to climate forcing
(Rohling et al., 2009).

Throughout the Oligocene and Miocene there is a growing
body of evidence for orbitally paced and relatively large
(7420 m) changes in sea level and ice volume, often attributed
to growth/decay of the land-based Antarctic Ice Sheet (e.g. Pekar
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and DeConto, 2006; Holbourn et al., 2007; Shevenell et al., 2008;
Kominz et al., 2008; Liebrand et al., 2011; Passchier et al., 2011).
The middle Miocene Climatic Optimum (MCO; 17–15 Ma) is one
such time period where the Antarctic Ice Sheet may have reduced
in size, with some studies suggesting a decrease to around 10–
25% of its modern volume (De Boer et al., 2010). This period is
however characterised by rather limited global warmth (þ2–4 1C
compared to preindustrial; You et al., 2009) with reconstructions
of CO2 showing either relatively stable levels with concentrations
similar to the pre-industrial (200–300 ppm; Pagani et al., 1999)
or, if elevated at all (350–450 ppm; Kürschner et al., 2008), well
below the modelled threshold values required to melt the land-
based AIS (e.g. �1000 ppm; Pollard and DeConto, 2005). There-
fore, a puzzling aspect of the climate evolution of the MCO is why
the observed rapid and orbitally paced variations in sea level and
ice volume (e.g. Holbourn et al., 2007) take place without
appearing to show significant hysteresis. This discrepancy
between geological observations and ice sheet modelling implies
that either our understanding of how the continental ice sheets
grow and decay is at fault or our reconstructions of the middle
Miocene CO2 and climate are in error. Here we present a new
multi-site boron isotope-based reconstruction of surface water
palaeo-pH and use this to quantify the evolution of atmospheric
CO2 during this time period (e.g. Hönisch and Hemming, 2005;
Foster, 2008). This new pCO2 reconstruction allows, for the first
time, a direct investigation of the relationship between pCO2 and
the cyrosphere of the middle Miocene.
2. Materials and methods

2.1. Sample locations and site details

We examine Miocene aged sediments from two open
ocean Sites: ODP 761 from the Wombat Plateau (16144.230S,
115132.100E and water depth of 2179 m) and ODP 926 from the
Ceara Rise (3143.1480N, 42154.5070W and water depth of 3598 m).
Both Sites are currently located in regions where surface water is
close to equilibrium with the atmosphere with respect to CO2

(Fig. 1; Takahashi et al., 2009).
The foraminifera sampled from ODP Hole 761B were taken

from between 35 and 50 m below sea floor (mbsf), which is an
unusually shallow burial depth for a middle Miocene sequence. In
comparison, foraminifera from ODP Site 926 were sampled from
between 238 and 291 mbsf. These contrasting burial depths
suggest that foraminifera from ODP Site 926 would in all like-
lihood be subject to more micro-crystalline recrystallisation than
ODP Site 761 (Schrag, 1999). We also note that the intermediate
water depth of ODP Site 761 would limit the degree of seafloor
dissolution of planktic foraminiferal tests, which has been shown
to affect the trace metal and boron isotope composition of some
Fig. 1. Mean annual air–sea disequilibria with respect to pCO2. Purple dots indicate the

water depth of 2179 m and ODP 926 (3143.1480N, 42154.5070W) is from 3598 m. The m

(2009). (For interpretation of the references to colour in this figure legend, the reader
species (Brown and Elderfield, 1996; Hönisch and Hemming,
2004; Seki et al., 2010). Comparison of the two sites may thus
allow us to assess potential diagenetic effects on our d11B data.
2.2. Analytical methodology

Between 100 and 150 tests of Globigerinoides sacculifer without
sac-like final chamber (also known as G. trilobus in the Miocene) were
picked from the 300–355 mm size fraction from ODP Sites 761 and
926 (Fig. S1). From one sample depth at ODP Site 761 we also picked
10–15 Cibicidoides mundulus and Cibicidoides wuellerstorfi from the
4250 mm fraction. All samples were crushed and cleaned following
the established oxidative cleaning method (Barker et al., 2003; Yu
et al., 2007). Samples were dissolved in 0.075–0.1 M HNO3, centri-
fuged shortly after dissolution to remove any insoluble residue, and
transferred to screw top 5 ml Teflon vials for storage before analysis.

A small aliquot (o10%) of each sample for boron isotope analysis
was taken and analysed for trace element composition using a
ThermoFisher Scientific Element 2 at the University of Bristol
following the methodology outlined in Foster (2008). This tandem
trace element analysis allowed an assessment of cleaning efficiency
and provided the Mg/Ca ratios used to estimate ocean temperature.
The long term reproducibility of Mg/Ca is �1.5% at 95% confidence
based on repeat measurements of three consistency standards over
the last 2 yr at Bristol. Sea surface temperatures were calculated
using the generic Mg/Ca temperature equation (Anand and
Elderfield, 2003), G. sacculifer Mg/Ca and a seawater Mg/Ca ratio
(Mg/Casw)¼3.43 mol/mol from fluid inclusions (Horita et al., 2002).
The deep water temperatures required to estimate deep water pH
(see below), were calculated using the same Mg/Casw and the Mg/Ca
of C. mundulus and Eq. (2) of Lear et al. (2002; Table S1).

Boron was separated from our dissolved samples using amber-
lite IRA-743 boron-specific anion exchange resin following pre-
viously established methods (Foster, 2008). The boron isotopic
composition was determined using a sample-standard bracketing
routine on a ThermoFisher Scientific Neptune multicollector
inductively coupled plasma mass spectrometer (MC-ICPMS) at
the University of Bristol (Foster, 2008). The full sample data set is
shown in Table S1 and external precision is sample size depen-
dent and varies from 70.23% to 0.41% (calculated as described
in Rae et al., 2011).
2.3. Boron isotopes and palaeo-pH

Boron exists predominantly as two species in aqueous solu-
tions at typical ocean pH: boric acid [B(OH)3] and borate ion
[B(OH)4

�], and their relative abundance is dependent on pH
(Fig. 2). There are two isotopes of boron, 10B and 11B, with natural
abundances of �20% and �80%, respectively. Isotope variations
location of the sites used in this study. ODP 761 (16144.230S, 115132.100E) is from a

odern extent of disequilibria at both sites is o25 ppm. Data from Takahashi et al.

is referred to the web version of this article.)



Fig. 3. Relationship between d11B of G. sacculifer and the d11B of borate ion

[B(OH)4
�] in seawater. The culture data of Sanyal et al. (2001) defines the

relationship between d11B of B(OH)4
� in seawater and the d11B of G. sacculifer.

Due largely to analytical offsets (see Foster, 2008; Rae et al., 2011; Ni et al., 2010)

the core-top data measured by MC-ICPMS (from Foster, 2008) are consistently

lighter but define a similar relationship. The intercept of the relationship defined

by the culture data is thus refitted through the core-top data to define the

appropriate relationship for G. sacculifer measured by MC-ICPMS (see text for

further details).

Fig. 2. Concentration (a) and isotopic composition (b) of borate ion [B(OH)4
�] and

boric acid [B(OH)3] with seawater pH (total scale). Graphs are plotted for typical

surface ocean conditions (T¼25 1C, S¼35 psu) with d11B seawater¼39.61%
(green square; Foster et al., 2010) and total boron of 432.6 mmol/kg (Lee et al.,

2010). (For interpretation of the references to colour in this figure legend, the

reader is referred to the web version of this article.)
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are described in delta notation as follows:

d11B ¼
11B=10Bsample

11B=10BNIST951

 !
�1

" #
� 1000 ð1Þ

where 11B/10BNIST951 is the 11B/10B ratio of NIST SRM 951 boric
acid standard (11B/10B¼4.04367; Catanzaro et al., 1970).

Due to structural differences between the two aqueous boron
species there is a pronounced isotopic fractionation between them
in seawater, with B(OH)3 being enriched in 11B compared to B(OH)4

�.
Since the concentration of each species is pH dependent, in order to
maintain a constant d11B of seawater, the isotopic composition of
each species also varies according to pH (Fig. 2). The isotopic
composition of B(OH)4

� is therefore related to pH as follows:

pH¼ pKn

B�log �
d11BSW�d

11BBðOHÞ�4

d11BSW�aB d
11BBðOHÞ�4

�ððaB�1Þ1000Þ

 !
ð2Þ

where pKB
n is the �1og10 of the stoichiometric equilibrium constant

for boric acid (Dickson, 1990) at the in situ temperature, salinity and
pressure, d11Bsw is the isotopic composition of seawater (39.61%;
Foster et al., 2010) and d11BBðOHÞ�4

is isotopic composition of borate
ion. aB is the isotopic fractionation between the two aqueous species
of boron in seawater and has recently been determined as
1.027270.0006% (Klochko et al., 2006).

On the basis of isotopic measurements of marine carbonates,
(Hemming et al., 1992) suggested that the borate ion species is
preferentially incorporated into marine carbonate. However, NMR
studies (Klochko et al., 2009) have shown that some trigonally
coordinated boron is also present in CaCO3, which has been used by
some to argue that boric acid may also be incorporated into CaCO3

(Klochko et al., 2009; Rollion-Bard et al., 2011). Recent isotopic
measurements of benthic foraminifera by MC-ICPMS however
confirm that only very minor amounts of boric acid can possibly
be incorporated in foraminifera (o1%; Rae et al., 2011). Conse-
quently, for epifaunal benthic foraminifera measured by MC-ICPMS
d11Bforam ¼ d11BBðOHÞ�4

and Eq. (2) can be used to calculate pH from
d11Bforam (Rae et al., 2011).

For the planktic foraminifera G. sacculifer used here, it has been
shown using MC-ICPMS (Foster, 2008) and negative ion thermal
ionisation mass spectrometry (NTIMS; Sanyal et al., 2001), that
d11B has a strong pH dependency but d11Bforamad11BBðOHÞ�4

. Fig. 3
shows that d11B of cultured G. sacculifer (d11Bsac) exhibits around
90% of the pH sensitivity of the d11B of B(OH)4

� and the following
relationship is evident:

d11BBðOHÞ�4
¼ ðd11Bsac27:15Þ=0:88 ð3Þ

Part of this difference compared to d11BBðOHÞ�4
is likely due to the

effect of photosynthetic symbionts modifying the micro-environ-
ment around the growing foraminifera (Zeebe et al., 2003; Hönisch
et al., 2003). However, a comparison to the core top MC-ICPMS data
for G. sacculifer (500–600 mm; Foster, 2008) also implies a large
portion is due to analytical bias (see discussion in Rae et al., 2011;
Fig. 3). Nonetheless, it is likely that relative changes are accurately
reconstructed by NTIMS (Sanyal et al., 1995; Hönisch and Hemming,
2005; Ni et al., 2010; Rae et al., 2011) so the gradient (the pH
sensitivity of d11Bsac) described by the culture data is likely applic-
able to MC-ICPMS analyses even if the intercept is not (Fig. 3). The
d11B of G. sacculifer is known to vary with test size (Hönisch and
Hemming, 2004; Ni et al., 2007) and there is an offset of �1%
between G. sacculifer (500–600 mm) and G. sacculifer (300–355 mm;
Seki et al., 2010). We therefore modify the intercept until it passes
through the core top value for G. sacculifer (300–355 mm) from ODP
999A of Seki et al. (2010). We can thus use the following to calculate
the appropriate d11BBðOHÞ�4

for G. sacculifer (300–355 mm; d11Bsac):

d11BBðOHÞ�4
¼ ðd11Bsac21:85Þ=0:88 ð4Þ
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The d11BBðOHÞ�4
calculated from the measured d11Bsac can

then be inserted into Eq. (2) to calculate pH. Since G. sacculifer

is a predominantly a mixed layer dweller we assume
here the calculated pH using this equation is that of surface
water.

The stoichiometric dissociation constant of boric acid (KB
n) is

temperature, salinity and pressure dependent. These variables do
not have a large impact on the calculated pH (e.g. 71 1C¼70.01
pH units; 71 psu¼70.006 pH units), uncertainties in which, for
a given value of d11Bsw, are driven largely by the analytical
uncertainties in our d11Bforam determination (70.2%¼70.02
pH units). Deep water and surface water temperatures are
determined as described above and salinity is assumed to be
35 psu throughout. Pressure is assumed to be 0 for G. sacculifer

and the palaeo-depth of ODP Site 761 (189 bar; Holbourn et al.,
2004) is used for C. mundulus and C. wuellerstorfi.
2.4. The d11B of seawater during the middle Miocene

Although the modern d11Bsw is well constrained at 39.61%
(Foster et al., 2010), geochemical modelling suggests significant
variations in d11Bsw are likely to have occurred through the Cenozoic
(Lemarchand et al., 2002; Simon et al., 2006). The residence time for
boron is however sufficiently long (�10–20 Ma) that its isotopic
composition is unlikely to have changed significantly during the
4 million year period we examine here (Lemarchand et al., 2002).
These published geochemical models only semi-quantitatively con-
strain the evolution of d11Bsw and there are only two studies that
have so far attempted to empirically reconstruct d11Bsw during the
Cenozoic and they reconstruct quite different values (Pearson and
Palmer, 2000; Paris et al., 2010). There is therefore a pressing need
for more accurate estimates of d11Bsw in the past.
Fig. 4. pH and d13CDIC relationships with depth in the modern ocean. (a) Depth vs. pH a

d13CDIC for all the sites shown in (c; open circles). Because of anthropogenic acidificatio

(b) are the data from a transect in the North Atlantic (from 0 to 5000 m) where the eff

diamonds; Olsen and Ninneman, 2010). The linear fit through both datasets can be d

logarithmic function we should not expect a linear fit, however for simplicity we adopt t

legend, the reader is referred to the web version of this article.)
Here we propose two methods to estimate d11Bsw:
(1)
nd d1

n an

ects

escri

his a
Assume the modern surface to deep pH gradient at the
Wombat Plateau (0.254 pH units; Key et al., 2004) is applic-
able to the middle Miocene. Given a known pH difference
between benthic and planktic foraminifera, and because of
the non-linear relationship between pH and d11B (Fig. 2), we
can tune the d11Bsw until our measured d11B values for
G. sacculifer (planktic), C. mundulus and C. wuellerstorfi (benthic)
give a pH difference of 0.254 pH units.
(2)
 pH is determined by the ratio of total alkalinity (ALK) to total
dissolved inorganic carbon (DIC) and the depth profile of pH
at any one place in the ocean depends largely on the
processes that operate to modify this ratio. Most significant
is the operation of the organic carbon pump, which removes
DIC from the surface ocean through photosynthesis and adds
DIC to the deep sea as a consequence of the oxidation of
sinking organic carbon particulates. Changes in the strength
of the organic pump will thus change the pH gradient from
surface to deep (the main limitation of the approach
(1) above). Like pH, the carbon isotopic composition of DIC
is also largely controlled by the operation of the organic
carbon pump. This is because biological utilisation of isoto-
pically ‘‘light’’ carbon in the surface ocean drives the d13CDIC

towards heavier values, and the oxidation of this organic
carbon at depth drives d13CDIC towards lighter values. As with
pH, changes in the strength of the organic carbon pump
changes the surface to deep gradient in d13CDIC. Because these
two parameters (pH gradient and d13CDIC gradient) are largely
controlled by the same phenomenon (organic carbon pump)
they are well correlated in the oceans and the relationship can
be parameterised quite simply (Fig. 4). Crucially, if the
strength of the organic carbon pump differed in the past then
3CDIC at a site from the equatorial Pacific (red dot in c). (b) Cross plot of pH vs.

d the Seuss effect only data from 41500 m are plotted in (b). Also shown in

of anthropogenic perturbation on both parameters have been corrected (blue

bed as: pH¼0.201nd13CDIC þ7.77 (R2
¼0.82). We note that because pH is a

pproximation here. (For interpretation of the references to colour in this figure
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both the surface to deep pH and d13CDIC gradients will change
in a predictable, and related, way (Fig. 4). For example, if the
strength of the organic carbon pump increased, increasing the
surface to deep d13CDIC gradient from 1% to 1.5%, the
relationship in Fig. 4b indicates the surface to deep pH
gradient would increase from 0.2 pH units to 0.3 pH units.
Because the d13CDIC can be reconstructed from the d13C of
foraminifera (after accounting for vital effects), by measuring
the d13C of two (or more) foraminifera that inhabit different
locations or depths in the oceans, it is possible to reconstruct
the d13CDIC difference between them (e.g. Dd13CDICsurface-deep)
and hence calculate the pH difference between them
(DpHsurface-deep) assuming the relationship shown in Fig. 4b
remains constant through time. The main controls on the
slope of the pH vs. d13CDIC gradient are: (i) the strength of the
alkalinity pump which changes ALK/DIC (and hence pH) with
a ratio of roughly 2/1 but does not significantly influence
d13CDIC (since the d13CDICEd13C of marine CaCO3); (ii) the
extent and temperature of air–sea gas exchange at high
latitudes which modifies CO2 solubility and d13CDIC of water
masses ventilated in these regions (e.g. Lynch-Stieglitz et al.,
1995); and (iii) the concentration of CO2 which influences the
magnitude of the carbon isotopic fractionation between
phytoplankton and [CO2]aq and hence the magnitude of the
d13CDIC gradient that develops (e.g. Freeman and Hayes,
1992). Future studies will more thoroughly assess the limita-
tions of this method and the influences of these and other
factors in more detail. In the mean time here, to minimise the
influence of these uncertainties, we have chosen to use
benthic and planktic data from the relatively stable period
at 12.72 Ma, which is outside of the Monterey d13C excursion
and associated variations in the CCD (e.g. Lyle, 2003), and is a
time when reconstructions of the oceanic d13C depth profile
(see Woodruff and Savin (1991); their Fig. 18) appear most
similar to the modern. Antarctic frontal systems also appear
to have reached near to present configuration by the Middle
to Late Miocene (Cooke et al., 2002), possibly indicating
similar air–sea gas exchange processes operating in the region
as today. Furthermore, alkenone-based studies of d13C fractio-
nation between organic matter and [CO2]aq show only minor
differences relative to today (Pagani et al., 1999). Together
these observations provide strong support for our use of the
modern slope of d13CDIC vs. pH to estimate seawater d11B.
2.5. Second carbonate system parameter

Like pH, [CO2]aq at a given oceanic location is also largely
determined by the ALK to DIC ratio. In order to estimate [CO2]aq

and hence pCO2 from pH, one other carbonate system variable is
needed, though it is important to note that, given this close
relationship between pH and [CO2]aq in a given parcel of water,
reconstructed CO2 variations will be chiefly driven by d11B-
derived pH. Due to the relationships of the different carbonate
system parameters in the oceans, estimates of the ‘‘master
variables’’ ALK or DIC, rather than [CO3

¼] for instance, are
considered the best 2nd carbonate system parameter with which
to calculate pCO2 from pH. To estimate surface ALK we use a
simple model describing the deep (3100 m), intermediate
(1890 m) and surface ocean (0 m). We constrain this model using
a number of parameters/assumptions: (i) the depth of the CCD,
which is relatively well known for the Miocene (Sime et al., 2007).
However, it has been shown (Lyle, 2003; Lear et al., 2010) that
over the course of the MMCT there are short term changes in the
[CO3

¼] of the deep ocean, and consequently the CCD, that are not
picked up by the lower resolution reconstructions (Sime et al.,
2007). To avoid uncertainties in these CCD reconstructions we
estimate surface alkalinity at 12.72 Ma, after the MMCT, and use
the same ALK for our entire record. Variations in the depth of the
CCD (or variations in the depth of the CCD relative to the
saturation horizon) by 7500 m result in variations of
7100 mmol/kg in our estimate of deep water alkalinity. (ii) The
pH of the intermediate depth ocean which is determined by the
d11B of benthic foraminifera from ODP 761 (which is dependent
on d11Bsw). (iii) The pH and temperature difference between the
intermediate and deep ocean, which is assumed to be zero based
on modern observations. For instance the typical pH and tem-
perature gradient from 2000 m to 3000 m is o0.05 pH units and
o2 1C. (iv) The magnitude of the surface to deep water alkalinity
gradient is assumed to be the same as the modern gradient at the
Wombat Plateau (�100 mmol/mol). This gradient varies in the
modern ocean from �200 to þ100 mmol/kg.

2.6. Carbonate system calculations

Here and throughout we use the various constants for the
carbonate system calculations as recommended by Dickson et al.
(2007) with a modern seawater boron concentration (432.6 mmol/
kg; Lee et al., 2010). We also account for the effect of changing
[Mg] and [Ca] of seawater (reconstructed from fluid inclusions;
Horita et al., 2002) on the carbonic acid dissociation constants K1

and K2 and the solubility product of calcite (Tyrrell and Zeebe,
2004). We do not account for the influence of changing seawater
composition on pKB as these effects are poorly known and likely
to be minor for the middle Miocene (equivalent to o30 ppm CO2;
Hershey et al., 1986).
3. Results and discussion

3.1. d11B of G. sacculifer from the middle Miocene

The boron isotope data for G. sacculifer from our two Sites are
in good agreement and show lower d11B values (15.070.4% to
15.870.3%) during the MCO, with higher values (16.070.3% to
17.170.2%) either side of this warm period, largely sympathetic
with the benthic foraminiferal d18O record for this time period
(Fig. 5). The d11B of foraminifera such as G. sacculifer (d11Bsac) has
a positive relationship with pH (Fig. 2), and thus a negative
relationship with [CO2]aq. Therefore, the d11B of G. sacculifer

may reflect both the atmospheric concentration of CO2 (pCO2)
and local [CO2]aq changes due to hydrography (e.g. upwelling).
Surface water above both sites is currently close to equilibrium
with the atmosphere with respect to CO2 (Fig. 1), and given the
similarity of the d11B records between the two sites, our new data
appear to reflect global changes in atmospheric pCO2, rather than
local changes in [CO2]aq. This agreement between sites, despite
their contrasting burial depths for the Miocene, also suggests that
diagenesis (recrystallisation and/or partial dissolution) is not a
major influence on our d11B data.

When compared to the benthic foraminiferal d18O record these
new boron isotope data imply that reduced ice volume and
warming during the MCO were associated with high CO2, and
significant ice growth and cooling from 14.7 to 12 Ma were
broadly coincident with a CO2 decline (Fig. 5). It is also clear that
the ice-sheet retreats and warming, between 16.5–16 and 15.5–
15 Ma, and the first major advance and cooling, between �14.7
and �13 Ma, are associated with large and similar magnitude
changes in d11B (hence also pCO2). Therefore, because there is
little difference between the level of pCO2 required to melt the
continental ice present before and during the MCO, compared to
that associated with ice growth during the MMCT, there appears



Fig. 5. Boron isotope record (d11B) compared to d18O, bottom water temperature and

d18Osw. Benthic foraminiferal (C. mundulus) d18O from ODP Site 761 (a) from Lear

et al. (2010) and (b) from Holbourn et al. (2004). (c) Reconstructed bottom water

temperature at ODP Site 761 using Mg/Ca of Oridorsalis umbonatus (Lear et al., 2010).

(d) Calculated range of d18O of seawater (Lear et al., 2010), note the inverted axis and

that low d18Osw corresponds to low ice volume. (e) d11B of G. sacculifer (300–355 mm;

planktic) from ODP 761 (blue circles) and ODP 926 (blue triangles). Note the inverted

axis, with low d11B corresponding to low pH and high pCO2. Error bars show the

external reproducibility at 95% confidence. Vertical yellow and grey bars highlight the

timing of the middle Miocene Climate Transition (MMCT) and Miocene Climatic

Optimum (MCO) as determined by d18O at ODP 761. Note that deep water

temperature and d18Osw are calculated using modern seawater Mg/Ca ratio as in

Lear et al. (2010). (For interpretation of the references to colour in this figure legend,

the reader is referred to the web version of this article.)
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to be no detectable hysteresis between climate forcing by CO2 and
cooling/warming and ice sheet growth/retreat during this time
period (Fig. 5).

Benthic d18O records are influenced by three parameters:
temperature, salinity and global ice volume (e.g. Zachos et al.,
2001). The salinity influence is likely to be small in the deep ocean
and therefore, at least in theory, an independent thermometer
such as Mg/Ca can be used to isolate the oxygen isotope ratio of
seawater (d18Osw) and hence the global ice volume signal (e.g.
Lear et al., 2000). Although several estimates of d18Osw exist
during the Miocene (e.g. Lear et al., 2000; Shevenell et al., 2008),
only the study of Lear et al. (2010) directly attempts to account
for the influence of DCO3

¼ on Mg/Ca (Elderfield et al., 2006). The
reconstruction of d18Osw by Lear et al. (2010), also performed at
Site ODP 761 on the same samples analysed here, is shown in
Fig. 5. Our new d11B record, which largely reflects pCO2, can
therefore be readily compared to estimates of d18Osw, which
largely reflects variation in ice-volume (Fig. 5). Such a comparison
indicates that climate (ice-volume) and pCO2 appear tightly
coupled during the MCO and MMCT and that there is no evidence
for significant hysteresis or non-linearity in the ice-sheet
response to CO2 forcing. This close correspondence is confirmed
by the well-defined linear relationship between d11Bsac and
contemporaneous d18Osw (Fig. 6).

3.2. Absolute estimates of pCO2 change during the middle Miocene

3.2.1. Estimating pCO2 from d11Bsac

In order to better understand the role of atmospheric CO2 in
determining the evolution of the climate system in the middle
Miocene absolute constraints on pCO2 are required. However, to
do this using d11B a number of parameters need to be estimated:
(i) the boron isotopic composition of seawater (d11Bsw) is needed
to translate d11Bsac into surface water pH; (ii) the sea surface
temperature (SST) and sea surface salinity (SSS), which affect the
pKB of boric acid, are needed to estimate the pH and [CO2]aq; and
(iii) a second carbonate system parameter is required in order to
calculate [CO2]aq from pH. Of these parameters SST and SSS are of
least importance because both have little leverage on the calcu-
lated pH and pCO2 (e.g. �10 ppm/1C; �2 ppm/psu). SST can also
be directly estimated from tandem Mg/Ca analyses of G. sacculifer,
a well established proxy for SST (e.g. Anand and Elderfield, 2003),
once the changing Mg/Ca of seawater has been taken into account
(Horita et al., 2002; Table S1).

The required second carbonate system parameter (in this case
we use surface water total alkalinity; ALK) is determined, as
discussed above, using a palaeo-pH depth profile approach with
new benthic and planktic d11B measurements from ODP 761 and
existing reconstructions of the calcite compensation depth
(Tyrrell and Zeebe, 2004; Sime et al., 2007). In the modern Indian
Ocean the CCD is around 1.3 km deeper than the calcite saturation
horizon (Bostock et al., 2011). Using a CCD depth of 4.4 km at
12.72 Ma (Sime et al., 2007), therefore allows us to calculate that
at 3.1 km the [CO3

¼]sat¼[CO3
¼]observed¼51 mmol/kg. The pH of the

intermediate depth ocean constrained by the d11B of benthic
foraminifera from ODP 761 is dependent on d11Bsw. However, for
a given d11Bsw, and assuming no intermediate to deep gradient in
pH, we are able to constrain deep water TA using pH and [CO3

¼] of
the deep ocean at 12.72 Ma and, given a surface-deep TA gradient
(�100 mmol/kg), the TA of the surface waters (Fig. 7). To account
for variations in the strength of the alkalinity pump between the
modern and the Miocene, and due to uncertainties in the CCD
depth, we ascribe an overall uncertainty of 7200 mmol/kg to this
estimate of TA. This uncertainty also accounts for any likely
changes of this parameter over the course of the middle Miocene.

We used two methods to generate d11Bsw, as described above.
Firstly, we assume that the surface to deep pH profile at the
Wombat Plateau is the same in the middle Miocene (at 12.72 Ma)
as it is today (0.254 pH units; Key et al., 2004). Such a pH
difference is calculated for our measured d11B values for
G. sacculifer (planktic) and an average of C. mundulus and C.

wuellerstorfi (benthic) when d11Bsw¼37.6% (Fig. 7b). Taking into
account the measurement uncertainty on d11B (by far the most
significant contribution) we estimate d11Bsw¼ 37:6þ0:4

�0:5 %.
Secondly, we used the d13C difference between our benthic

and planktic foraminifera to estimate the likely surface to deep
pH difference (DpHsurface-deep) at 12.72 Ma. Our planktic–benthic
d11B difference at 12.72 Ma is 3.48% (using an average of the
d11B for the two benthic species analysed; C. mundulus and
C. wuellerstorfi). The planktic-benthic d13C difference at
12.72 Ma is 1.39%, and a similar difference is seen throughout
the middle Miocene at Site 761 (Fig. S2). We use a carbon isotope



Fig. 7. Variation of surface (black) and deep water (blue) total alkalinity (a; TA) and reconstructed surface to deep pH gradient (b) at 12.72 Ma with varying boron isotopic

composition of seawater. The dotted lines and grey bars represent the best estimates and associated uncertainty (see text for details). (For interpretation of the references

to colour in this figure legend, the reader is referred to the web version of this article.)

Fig. 6. The relationship between benthic foraminiferal d18O, d18Osw (ice-volume) and climate forcing by pCO2. (a) The relationship between d11B of G. sacculifer and

contemporaneous d18O of benthic foraminifera C. mundulus (from Lear et al., 2010). (b) The relationship between d11B of G. sacculifer and the contemporaneous oxygen

isotope composition of seawater (d18Osw) from Lear et al. (2010). Note the d18Osw in Lear et al. (2010) was reconstructed using modern Mg/Casw so only relative variation in

d18Osw should be considered and the absolute values are unlikely to be accurate. (c) The relationship between climate forcing by CO2 (DFCO2
; as defined in text) and d18Osw

from Lear et al. (2010). In each plot data from ODP 761 is shown as filled blue diamonds and ODP 926 as open blue triangles. Error bars for d11B are the 2 sd analytical

uncertainty, for DFCO2
the error bars relate to the a sum of the analytical uncertainty in d11B, the uncertainty in TA and sea surface temperature (see text). Uncertainty in

d18Osw is related to the two estimates made by Lear et al. (2010; with and without taking into account the effect of DCO3
¼ on Mg/Ca temperature). (For interpretation of

the references to colour in this figure legend, the reader is referred to the web version of this article.)
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vital effect for C. mundulus of þ0.47% (McCorkle, et al., 1997) and
þ0.46% for G. sacculifer (300–355 mm)—an average of that of
Spero et al. (2003) and Al-Rousan et al. (2004). Using a pH-d13CDIC

gradient of 0.201 (Fig. 4), our 1.38% Dd13CDICsurface-deep equates to
a DpHsurface-deep of 0.277 pH units, which is slightly steeper than
the modern gradient at the Wombat Plateau of 0.254 pH units.
Given our temperature estimates (Table S1) and the palaeo-depth
(Holbourn et al., 2004), we require a d11Bsw of 38.0% to generate a
DpHsurface-deep of 0.277 pH units from our planktic–benthic d11B.
Uncertainty in the gradient of pH vs. d13CDIC is 70.004 (2 s.e.),
which causes an uncertainty of þ0:1

�0:1 % on this estimate of d11Bsw.
However, by far the biggest uncertainty in this method is the
measurement uncertainty on d11B which equates to þ0:5

�0:6 %.
A weighted average of both approaches (assuming a symme-

trical uncertainty for each estimate for mathematical simplicity
and using the ‘‘weighted average’’ function of Isoplot/Ex; Ludwig,
2003) gives a d11Bsw¼37.8270.35% (2s) which we apply for our
entire record. Notably, both our estimates are within the pub-
lished model output (37.4–39.5%; Lemarchand et al., 2002) and
are similar to previous empirical estimates (38.21%; Pearson and
Palmer, 2000) providing confidence in the accuracy of the result.
Using this d11Bsw we calculate ALK¼ 1293þ180
�121 mmol/kg, as we

noted earlier we place a conservative uncertainty on this estimate
of 7200 mmol/kg.

3.3. A comparison of d11B-based pCO2 to previous estimates of pCO2

during the middle Miocene

Our new pCO2 data calculated using the d11Bsw and ALK detailed
above are compared to previously published pCO2 estimates for the
middle Miocene in Fig. 8. The uncertainty in our pCO2 estimates
ranges from around 735 ppm to 790 ppm and is determined as
the sum of the uncertainty relating to the d11B measurement (725–
60 ppm), uncertainty in our estimated ALK (725–60 ppm) and
uncertainty in sea surface temperature (710 ppm). In Fig. 8 the
influence of varying d11Bsw by 70.35% is shown. Importantly this
does not change our reconstructed pCO2 significantly beyond the
summed uncertainty (typically o75 ppm).

Relatively large differences are seen between our new data
measured by MC-ICPMS and earlier boron isotope data collected
using NTIMS (Pearson and Palmer, 2000; Fig. 8). This offset is
unlikely to be caused by an enhanced diagenetic overprint



Fig. 8. (a) Comparison of published pCO2 estimates for the middle Miocene with those of this study (filled blue circles and open blue triangles). Error bars for the d11B-

based pCO2 from ODP 761 and ODP 926 relate to the combined influence of the uncertainty of the d11B measurement, TA estimate and sea surface temperature (see text).

The blue band is the uncertainty in pCO2 related to changing d11B of seawater (plus associated change in TA) by 70.35% (see text). Published boron isotope-based

estimates determined using the NTIMS technique are shown as red open circles (Pearson and Palmer, 2000). Open green circles are the pCO2 estimates based on the

density of stomata in fossil leaves (Kürschner et al., 2008) and green crosses (and uncertainty band) are the estimates determined using the d13C of sedimentary alkenones

(Pagani et al., 1999; green band relating to temperature uncertainty). (b) d13C of benthic foraminifera C. mundulus from ODP 761 (Lear et al., 2010; Holbourn et al., 2004),

the thick black line is a three point running mean. (c) Estimated eruption rate of the Columbia River Flood Basalts from Hooper et al. (2002). Grey and yellow vertical bands

show the timing of the middle Miocene climatic optimum (yellow) and Middle Miocene Climate Transition (grey). (For interpretation of the references to colour in this

figure legend, the reader is referred to the web version of this article.)
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(Schrag, 1999; Pearson et al., 2001) at the ODP Site 871 used in
these early studies, given its relatively shallow Miocene burial
depth (�75 m). The differences may in part derive from analytical
issues (Ni et al., 2010), as significant analytical offsets exist
between MC-ICPMS and NTIMS for foraminifera (but not for other
carbonates and boric acids; see Foster, 2008; Kasemann et al.,
2009; Ni et al., 2010). Also, Pearson and Palmer (2000) used both
mixed and single species of foraminifera of several size classes
that may have biased their record. A similar variable offset
between some NTIMS data (Pearson and Palmer, 2000) and MC-
ICPMS was noted for the Mid-Pliocene (Seki et al., 2010). The
cause of these differences is the subject of on-going studies,
however it is important to note that the accuracy of the new
MC-ICPMS technique has been thoroughly documented (Foster,
2008; Ni et al., 2010) and diagenesis is unlikely to significantly
influence the data presented here (see above).

On the whole our new boron-isotope based pCO2 record is
similar to the published alkenone record of Pagani et al. (1999)
but it differs significantly during the MCO, where the new boron
based estimates are up to �100 ppm higher (Fig. 8). This disagree-
ment is likely due to an underestimate of the sea surface tempera-
tures used in Pagani et al. (1999) as these were based on d18O of
planktic foraminifera now know to be recrystallised, with poten-
tially erroneous assumptions regarding ice-volume. If sea surface
temperatures at the locations used by Pagani et al. (1999) were
similar to ODP 761 and ODP 925 then this discrepancy during the
MCO is reduced and the estimates overlap within uncertainty.

Similar to previous studies (Seki et al., 2010), and taking into
account the relatively large dating uncertainties for terrestrial CO2

records, we find a very good agreement between our new d11B
based estimates and those based on the density of stomata in the
fossil leaves of extant plant species (Fig. 8; Kürschner et al., 2008).
In general this level of agreement with a number of independent
techniques is very encouraging and provides confidence in the
absolute accuracy of our new d11B-based pCO2 record.

3.3.1. The relationship between pCO2 and climate in the middle

Miocene

Although our new boron-based Miocene pCO2 reconstruction
is consistent with some previously published studies it clearly
exhibits more structure during the middle Miocene (Fig. 8).
Specifically we show that pCO2 reached a maximum value of
392794 ppm during the MCO and declined to �200 ppm by
�12 Ma. The temporal coincidence between the period of ele-
vated CO2 (15–16 Ma) and the main eruptive phase of the
Columbia River Flood Basalts (16.1–15 Ma; Hooper et al., 2002;
Fig. 8) supports the long-held view that the warmth of the MCO
was driven, at least in part, by an increase in volcanic CO2

emissions (e.g. Hodell and Wodruff, 1994; Kürschner et al.,
2008). The subsequent decline in CO2 during the MMCT may
therefore simply have been the result of a cessation of eruption,
potentially augmented by enhanced silicate weathering of the
fresh flood basalt (e.g. Hodell and Wodruff, 1994; Grard et al.,
2005) and increased organic carbon burial (Hodell and Wodruff,
1994), indicated by orbitally paced peaks in the benthic forami-
niferal d13C (Holbourn et al., 2007) which are broadly coincident
with CO2 drawdown (Fig. 8).

CO2 exerts a logarithmic forcing on global climate defined by
the following relationship (Myhre et al., 1998):

DFCO2
¼ 5:35� LN

C

C0

� �
W m�2
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where C is the CO2 concentration in ppm and C0 is the reference
pre-industrial concentration (278 ppm). A cross-plot of DFCO2

against d18Osw for the middle Miocene is well described by a
linear relationship (R2

¼0.71; Fig. 6). Because similar, but not
identical (perhaps as could be expected given the importance of
other controlling variables), linear relationships also exist for
d11Bsac vs. d18O and d18Osw (Fig. 6) this relationship is indepen-
dent of the way in which we calculate pCO2 and largely indepen-
dent of how we estimate ice-volume (also compare the broadly
similar reconstructions of d18Osw by Lear et al. (2010) and
Shevenell et al. (2008); Fig. 9). This treatment indicates that
within our relatively limited temporal resolution (1 sample per
Fig. 9. (a) Middle Miocene pCO2 (this study), (b) benthic foraminiferal d18O at ODP 76

et al., 2010), (d) d18Osw reconstructed ODP 1171 (Shevenell et al., 2008), (e) schematic su

the black bands incorporating both dating uncertainties and the likely duration of even

(f) AIS size based on heavy mineral assemblage in the AND-2A drill hole, Ross Sea (H

40.5 mm at ODP 909 from the Fram Strait in the North Atlantic (Winkler et al., 2002) an

hole, Ross Sea (Passchier et al., 2011). For (a) symbols are as for Fig. 8 and for (b) and (c)

40.5 mm (g/cm2/ka) at ODP Site 909 during the last 1 million years (0.13 g/cm2/ka). In

beyond the modern grounding line beginning at �14.7 Ma (black line) coincident w

compared to the modern are shown as light grey and periods of significant retreat as
�300 kyr) and uncertainty (�750 ppm), pCO2, climate and ice
volume (sea level) are tightly coupled during the middle Miocene
and confirms our observation based on d11B and d18Osw alone that
there is no evidence for significant (4300 kyr) hysteresis or non-
linearity in the response of ice volume during the MCO and MMCT
to climate forcing by CO2.

Taken at face value, and assuming that the middle Miocene is
associated with a relatively dynamic land-based AIS (De Boer et
al., 2010), these data suggest that during the middle Miocene at
least, the required pCO2 for the rapid growth and decay of the
land-based AIS are similar and much lower than some models
suggest (�4007100 ppm vs. �1000 ppm; Pollard and DeConto,
1 (Lear et al., 2010), (c) d18O of seawater (d18Osw) reconstructed at ODP 761 (Lear

mmary of shore based reconstructions of the Antarctic Ice Sheet with the length of

ts (Sugden and Denton, 2004; Rocchi et al., 2006; Lewis et al., 2006, 2007, 2008),

auptvogel and Passchier, 2012), (g) accumulation rate of ice rafted debris (IRD)

d (h) schematic Antarctic glacial history based on the results from the AND-2A drill

symbols are as for Fig. 5. Also shown in (g) is the average accumulation rate of IRD

(h) the white fill denotes time periods of expanded, cold-based AIS with advance

ith the start of the MMCT. Periods of polythermal conditions and a reduced AIS

dark grey (modified from Passchier et al., 2011).
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2005). This in turn implies that our understanding of continental-
scale ice sheet dynamics and/or the climate system is perhaps
flawed, with potentially large implications for the future climate
system (e.g. Hansen et al., 2008). One explanation relates to the
poor ability of climate models to achieve the relatively high
temperatures at high latitudes (i.e. a low equator to polar
temperature gradient) that characterise the middle Miocene
(Krapp and Jungclaus, 2011) and other warm periods during the
Cenozoic (e.g. Huber and Sloan, 2001; Hollis et al., 2009). The
simple coupled climate-ice sheet model of Langebroeck et al.
(2009) with stronger polar amplification than suggested by
modern observations has a lower AIS glaciation threshold at
pCO2 levels of �400 ppm and a significantly reduced level of
hysteresis (deglaciation at �425 ppm), which is much more
consistent with our reconstructions (Figs. 8 and 9).

An alternative explanation involves the observation that pCO2

values associated with increased ice growth during the MMCT
agree well with those thought to be necessary to grow significant
land-based ice in the northern hemisphere (�280 ppm; Fig. 9;
Seki et al., 2010; DeConto et al., 2008). This, coupled with the lack
of significant hysteresis (a feature of the northern hemisphere ice
sheets; e.g. Rohling et al., 2009), implies that ice volume and sea
level changes during the middle Miocene may not have been
caused by a significant advance/retreat of the land-based AIS but
instead by the growth and decay of the marine-based western
AIS, the Greenland Ice Sheet and some additional land-based ice
sheet growth in the northern hemisphere. The modern western
AIS and Greenland Ice Sheet can account for up to 14 m (Raymo
et al., 2011) of the 55–75 m level fall thought to have occurred
during the MMCT (John et al., 2011; Lear et al., 2010). If these
estimates of sea level fall are correct, and assuming a minimal
contribution of the land-based AIS, 40–60 m of sea level fall at
this time would be due to northern hemisphere ice growth. This is
equivalent to the sea level fall during marine isotope stage 5b,
approximately half of the sea level fall that occurred at the last
glacial maximum (LGM; Rohling et al., 2009). Although direct
evidence for widespread continental glaciation of the northern
hemisphere prior to the Pliocene is limited, a number of high
latitude sites that extend to the middle Miocene do exhibit IRD
fluxes comparable to that of the Late Pliocene at this time (e.g.
Fig. 9; Wolf-Welling et al., 1996; Thiede et al., 1998; Winkler
et al., 2002; Krylov et al., 2008), clearly implying some land-based
ice in the northern hemisphere during this time period. This
requirement of significant northern hemisphere ice growth dur-
ing the MMCT is reduced to 20–40 m if, as suggested by Pekar and
DeConto (2006), AIS volume could increase to up to 125% of
today0s volume. A larger than modern AIS is also consistent with a
larger Antarctic land mass in the past (e.g. Wilson and Luyendyk,
2009), modelling studies for the Plio-Pleistocene (Pollard and
DeConto, 2009) and reconstructions which indicate a significantly
larger than modern EAIS at the LGM (Peltier, 2004).

Insights into which of these scenarios is correct can be gained
from the recent results from the ANDRILL programme and from
shore based studies of the relict Miocene landscape on Antarctica.
These studies have shown that the AIS was dynamic during the
Miocene, undergoing a retreat (but unlikely a full collapse) during
the MCO (Passchier et al., 2011; Hauptvogel and Passchier, 2012).
What is more, between 15 and 13 Ma, largely coincident with our
reconstructed increase in ice volume and drop in pCO2 (Fig. 5 and 9),
these studies indicate a shift from a mobile wet-based to more static
cold-based ice sheet that was larger than the modern (Fig. 9; Sugden
and Denton, 2004; Lewis et al., 2006, 2007, 2008; Passchier et al.,
2011; Hauptvogel and Passchier, 2012). Given the requirement for
55–75 m sea level fall during the MMCT (John et al., 2011), and the
likelihood that the AIS did not fully collapse during the MCO, it is
most probable that a combination of a more dynamic than modern
AIS with some component of northern hemisphere ice was respon-
sible for the variations in ice volume seen during the middle
Miocene (Fig. 9). Any part of the land-based AIS involved in the
rapid variations in ice volume seen during the middle Miocene must
have responded more dynamically to climate forcing at low CO2

levels than ice-sheet models currently imply (Pollard and DeConto,
2005).
4. Conclusions

Through a combination of planktic d11B and benthic d18O we
have shown that there is a close coupling between pCO2 and ice-
volume (hence climate) through the middle Miocene. The nature
of this coupling indicates the presence of a dynamic ice
sheet(s) during the MCO and MMCT that, within our sampling
resolution (o300 kyr), exhibited little or no apparent hysteresis
and a linear relationship with climate forcing by CO2. With
anthropogenic emissions of CO2 continuing to rise (and poten-
tially reaching the values we see for the middle Miocene before
the middle of this decade), future work must determine whether
these waxing and waning Miocene ice sheets were based solely
on Antarctica or if some ice growth occurred in the Northern
Hemisphere. If ice was completely restricted to Antarctica during
the middle Miocene, as some previous studies imply, it would
appear that under relatively modest pCO2 levels close to those
existing today, the massive Antarctic ice sheet has the potential to
be surprisingly dynamic.
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